JOURNAL OF GEOPHYSICAL RESEARCH, VOL. 108, NO. C2, 3031, doi:10.1029/2002JC001619, 2003

Observing ocean heat content using satellite
gravity and altimetry

Steven R. Jayne'* and John M. Wahr

Department of Physics and Cooperative Institute for Research in Environmental Studies, University of Colorado, Boulder,
Colorado, USA

Frank O. Bryan

Climate and Global Dynamics Division, National Center for Atmospheric Research, Boulder, Colorado, USA
Received 30 August 2002; revised 30 September 2002; accepted 21 October 2002; published 13 February 2003.

[11 A method for combining satellite altimetry observations with satellite measurements
of the Earth’s time-varying gravity to give improved estimates of the ocean’s heat storage
is presented. Over the ocean the time-variable component of the geoid can be related to the
time-varying bottom pressure. The methodology of estimating the ocean’s time-varying
heat storage using altimetric observations alone is modified to include observations of
bottom pressure. A detailed error analysis of the methodology is undertaken. It is found

that the inclusion of bottom pressure improves the ocean heat storage estimates. The
improvement comes from a better estimation of the steric sea surface height by the
inclusion of bottom pressure in the calculation, over using the altimeter-observed sea
surface height alone. On timescales of the annual cycle and shorter the method works
particularly well. However, long-timescale changes in the heat storage are poorly
reproduced because of deficiencies in the methodology and the presence of contaminating

signals in the bottom pressure observations.
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1. Introduction

[2] The exchange of heat between the ocean and atmos-
phere is one of the most significant energy transfers within
the Earth’s climate system. Because of the large heat capacity
of water, the ocean can store enormous amounts of energy.
Therefore, it can act not only as a moderator of climate
extremes, but also as an energy source for severe storms.
Indeed, anomalous ocean heat storage in the tropical Pacific
Ocean is a hallmark of the El Niflo/Southern Oscillation, the
largest climate phenomenon outside of the annual cycle.
Knowledge of the ocean’s time-varying heat storage is of
fundamental importance to a host of activities, such as
climate change prediction, long-range weather forecasting,
hurricane strength prediction, and the Global Climate
Observing System. Despite its great importance in climate,
however, the ocean’s time-varying heat content is vastly
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undersampled because of the sparseness of in situ observa-
tions, and their concentration in a few geographical areas,
mostly along the commercial shipping routes, with a partic-
ular bias toward the northern hemisphere. Therefore, accurate
satellite mapping of the ocean’s time-varying heat storage
would be attractive for its global and repeating coverage.

[3] The thermal expansion of seawater associated with
the ocean’s time-varying heat storage is a large component
of the time-varying sea surface height [Gill and Niiler,
1973; Repert et al., 1985]. Previous studies have made
use of this fact to estimate the ocean’s time-varying heat
storage from sea surface heights observed with satellite
altimetry [White and Tai, 1995; Hendricks et al., 1996;
Wang and Koblinski, 1997; Chambers et al., 1997, 1998;
Leuliette and Wahr, 1999; Sato et al., 2000; Polito et al.,
2000; Chen et al., 2000; Ferry et al., 2000]. Overall, these
studies have found a significant correlation between the
estimated heat storage derived from altimetry, and the
observed heat storage. Routine observation of the anom-
alous ocean heat storage for operational monitoring of the
Equatorial Pacific Ocean for El Nifio relies on using the sea
surface height mapped by satellite altimetry.

[4] Observation of the ocean’s surface height with satel-
lite altimetry has developed into a mature technique, from
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its beginnings with GOES-3 and Seasat, through Geosat, to
TOPEX/Poseidon, Jason, Geosat Follow-On, ERS-2, Envi-
sat today, and NPOESS in the near future (see Fu and
Chelton [2001] for a recent review). The current generation
of altimetry measurements (i.e., from TOPEX) have a high
accuracy, with an RMS error of about 3 cm [Wunsch and
Stammer, 1998]. On monthly timescales and with spatial
and temporal smoothing, the accuracy is even higher,
approximately 2 cm [Cheney et al., 1994].

[s] However, despite the high accuracy of the altimeters,
there is an essential problem with using the observed sea
surface height to estimate the ocean heat content: the
altimeter cannot distinguish between steric and nonsteric
effects. Therefore, the presence of nonsteric effects degrades
the heat storage estimate. Additional observations of the
ocean are required, and one of these is an estimate of the
ocean bottom pressure which can be provided by satellite
gravity observations.

[6] The Gravity Recovery And Climate Experiment
(GRACE) mission, sponsored jointly by NASA and the
Deutsches Zentrum fiir Luft-und Raumfahrt, was launched
on March 17, 2002, and has a nominal lifetime of five years.
The mission consists of two satellites, separated by about
220 km, in identical orbits with initial altitudes near 500 km.
The satellites range between each other using a microwave
tracking system, and the geocentric position of each space-
craft is monitored using onboard GPS receivers. Onboard
accelerometers measure the nongravitational accelerations
(i.e., atmospheric drag) so that their effects can be removed
from the satellite-to-satellite distance measurements. The
residuals will be used to map the Earth’s gravity field orders
of magnitude more accurately, and to considerably higher
spatial resolution, than by any previous satellite. It will
provide global maps of the Earth’s time-varying gravity
field every 30 days and will resolve phenomena at length
scales of several hundred km and larger [Wahr et al., 1998;
Hughes et al., 2000]. These gravity variations can be used
to study a variety of processes that involve redistribution of
mass within the Earth or at its surface. Comprehensive
descriptions of the expected performance of GRACE and
various possible applications are given by Dickey et al.
[1997] and Wahr et al. [1998].

[7]1 The time-varying component of the gravity field
arises largely from the redistribution of water mass around
the Earth [Wahr et al., 1998]. On land, changes in water
mass are related to changes in soil moisture, aquifer levels
and river storage. In the ice sheets, melting of glaciers and
ice streamflow redistribute the water mass. In the ocean,
local changes in the mass field can arise from two compo-
nents; changes in sea level and changes in ocean density
[Ponte, 1999; Johnson et al., 2001].

[8] Through the hydrostatic relation, the change in ocean
mass distribution can be directly related to changes in ocean
bottom pressure. GRACE is highly accurate over large
spatial scales, and it is possible to use these global maps
of the time-varying geoid to estimate the ocean bottom
pressure on a monthly basis, at a spatial resolution of
approximately 500 km, and an accuracy of 1 mm of
equivalent sea surface height [Wahr et al., 1998, 2002].

[0] In anticipation of the GRACE gravity data, a method
that is used to estimate ocean heat content from satellite
altimetry measurements is modified to include satellite
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gravity observations. The steric component of sea surface
height is related only to the contraction or expansion of
seawater, and involves no net change in the vertically
integrated mass. Therefore, while steric variability has a
sea surface height change associated with it, it does not have
an associated gravity signal, a fact that we will utilize here.
Other phenomena which reveal themselves in sea surface
height variability, such as Rossby waves, Kelvin wave and
gravity waves, can also have associated changes in the local
ocean mass, and hence will have gravity signals. These
distinct signatures in sea surface height and mass change
should allow for the separation of the steric sea surface
height from the other motions.

[10] In this study we ask whether the estimation of ocean
heat storage can be significantly improved by the incorpo-
ration of time-variable bottom pressure derived from the
GRACE mission, in addition to satellite altimetry. The
following section (section 2) discusses the use of satellite
gravity and its interpretation as bottom pressure. In section
3, we review the methodology for driving the ocean’s heat
content from altimetry. We then discuss the application of
satellite gravity to observing the ocean and derive a method
of estimating heat storage using both altimetry and gravity.
In section 4, we illustrate these methods using output from a
global ocean general circulation model. In section 5, we
perform a detailed estimation of the method’s errors. This is
followed by a summary and conclusions in section 6.

2. Observing the Ocean Bottom Pressure
2.1. GRACE and the Geoid

[11] Itis usual to expand the geoid height, NV, as a sum of
associated normalized Legendre functions, P, in the form
[see, e.g., Chao and Gross, 1987]:

/
Zplm(sin 0) [Cim cos(mb) + Spy sin(mo)], (1)
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where the C,,,’s and §;,,’s are dimensionless Stokes’ coef-
ficients, and 0 and ¢ are latitude and longitude respectively,
and a is the radius of the Earth. GRACE measurements
will be used to determine the Cj,’s and Sj,,’s up to degree
and order (i.e., / and m) = 100 every 30 days. For each P,
term in this expansion, the horizontal scale (half wave-
length) is approximately 20,000// km, (e.g., / = 40 corre-
sponds to 500 km).

[12] Observed changes in the Cy,,’s and S;,,’s can be used
to learn about variations in the Earth’s mass distribution.
GRACE will detect changes in the Stokes’ coefficients
which arise mostly from changes in the distribution of mass
within a thin layer at the Earth’s surface (for example, in the
ocean or atmosphere, or in the storage of water, snow, or ice
on continents), with the exception that in certain regions a
mass signal from postglacial rebound will contaminate
attempts to infer secular mass changes within this thin layer.
Define the change in surface mass density, o’, as the vertical
integral of the change in density, p/, through this surface
layer:

0.0 = [ 002 @
thin layer
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where z is the depth through the layer. For an oceanic
region, usmg the hydrostatlc relation the change in bottom
pressure is Py, (0, &) = go’ (9, d), where g (=9.8 m/s”) is the
mean gravitational acceleration at the Earth’s surface. Using
equation (14) of Wahr et al. [1998], we find the bottom
pressure as a function of the observed Stokes’ coefficients:

o) 1
ang
P, 0
or (0 2 ;,;z +k/ (sin 0)
-[C}, cos(mb) + S}, sin(md)], (3)

where pg (= 5517 kg/m®) is the mean density of the Earth,
Gy, and S}, are the temporal changes in the Stokes’
coefficients, and the k; are load Love numbers representing
the response of the solid Earth to surface loads [Farrell,
1972]. Here, we use values of the k; computed by D. Han
(personal communication, 1998), and summarized by Wahr
et al. [1998, Table 1]. Note that only the temporal change in
the bottom pressure can be determined from GRACE. The
time mean bottom pressure contributes to the time-averaged
geoid which is dominated by the solid Earth contribution
and can not be separated from it.

[13] The accuracy of the GRACE C,, and S,,, solutions
decreases quickly enough at large /, that the use of (3) as
written leads to inaccurate results. Instead, the GRACE data
will best be used to provide spatial averages of P,
Methods of constructing optimal averages for regions of
arbitrary size and shape are described by Swenson and Wahr
[2002] and S. Swenson et al. (Estimated accuracies of
regional water storage anomalies inferred from GRACE,
submitted to Water Resources Research, 2002). Here,
instead, we use a simpler averaging method, described by
Wahr et al. [1998].

[14] Define a Gaussian spatial-averaging kernel as

b exp[—b(1 — cosy)]

Wiy) = 27 1 —e?

(4)
[Jekeli, 1980], where vy can be any angle between 0 and 2,
and

In(2)

— (5)
(1 — cos (@/a))

Here, n is the half width of the Gaussian averaging
functlon i.e., when vy = rl/a W(y) has decreased to half its
value at y = O

[15] We define

b=

P, (0,0) = /W (Y) Py, (0, ") cos O sin 0'dA’ (6)

where now v is the angle between the points (0, ) and (¢,
®") (i.e., cos y = sin 0 sin®" + cosO cosO'cos(d — ¢')), and
dA’ is an element of solid angle (d4’ = sin®’ db’ do'). We
refer to P, , as the spatial average of P, Using the
expansion (3) in (6), we obtain

Pbm ang Z Z WPy (sin 0)

=0 m=—1

- [Ci cos(md) + Spy sin(mod)] (7)
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Table 1. Expected RMS Error of the GRACE Retrieval as a
Function of the Averaging Radius®

Averaging Radius RMS Error of Bottom

i, km Pressure Retrieval, mbar
200 10.06
300 0.58
400 0.16
500 0.09
600 0.06
700 0.04
800 0.03

Here 1 mbar = 100 Newton/m” &~ 1 cm of sea surface height.

where
/4 :/ W () Py(cos o) sinada (8)
0

and P;=P,,, _ o/~/2] + 1 are the Legendre polynomials. The
summation in (7) is cutoff at degree L, the upper limit of the
Stokes’ coefficients provided by GRACE which is expected
to be around L = 100. Recursion relations useful for finding
the W)’s are derived by Jekeli [1980] and summarized in
equation (34) of Wahr et al. [1998]. A large value of r in (5)
causes the ;s to decrease rapidly with increasing /, so that
contamination from inaccurate GRACE results for Cj,, and
Sy at large [ is suppressed in (7).

[16] Values of the averaging radius, r, in the range of
300—700 km and larger give acceptable errors in the mass
retrievals, depending on the application. Using estimated
errors for the GRACE retrievals consistent with those
described by Jet Propulsion Laboratory [2001] and pro-
vided by B. Thomas and M. Watkins (JPL, personal
communication, 1998), we estimate RMS errors in the
estimation of the spatially averaged time—varying bottom
pressure from the satellite measurement errors 1n the range
of 0.04—0.58 mbar (1 mbar = 100 Newton/m? ~ 1 cm of
sea surface height) as summarized in Table 1. The errors at
300 km averaging radius (RMS error of 0.58 mbar) are 6
times larger than the errors at 500 km (RMS error of 0.09
mbar), therefore we have selected 500 km as the averaging
radius throughout this analysis. Other sources of error in the
estimation of ocean bottom pressure will come from leakage
of the hydrological signal over land that will contaminate
the ocean signal near the coasts, and postglacial rebound
which will degrade the secular estimates at high latitudes.

2.2. Bottom Pressure Variability

[17] Both barotropic and baroclinic motions have bottom
pressure signatures, and therefore will be measured by
GRACE. We ask how their respective bottom pressure
and sea surface heights scale; that is, will the barotropic
mode or baroclinic mode dominate the bottom pressure
variability?

[18] We begin by considering a two layer fluid as by Gil/
[1982], which has an upper layer density of po — Ap, and a
lower layer of density po (with Ap/py < 1), with equilibrium
depths £, and h, respectively. Suppose that at time ¢ and
location (x, y), the ocean’s surface and the boundary between
the upper and lower layers are displaced upward by the
amounts m(x, y,#) and £(x, y, t), respectively (see Figure 1).
Let 1/(x,y,£) and €/(x, y, 7) be the departures of 1 and ¢ from
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Upper layer density = po — Ap Z=n

\_/’\z:—hﬁ—i

Lower layer density = pg
—h
—(hi1 +hy)

Figure 1. Schematic of a simple two layer fluid.

their time-averaged means. Then using hydrostatic balance,
the deviation from the time mean bottom pressure is

— Ap) +€'gAp. )

For barotropic motions, £ ~ n’hz/h, where h = hy + h, is the
depth of the ocean [Gill, 1982]. So for a barotropic sea
surface height deviation, v/, the corresponding bottom
pressure perturbation is given by:

P;mt *T‘Ig(

P = &Py Ap)ﬂlgfﬁp

Ap A

= n/gpo(l ——p+—2—p>
Po h pg
Aphl)

/
=ngp| !l ——
0( po h
~ 1gpy- (10)

For baroclinic motions, & ~ —npoh/(Aphy) [Gill, 1982].
So, for a baroclinic deviation in sea surface height, the
bottom pressure change is given by:

Py =12l — Ap) — 8007~
(-4
n'gpo o T
[ h+h
N &Poy 7 )

~ / hl

~ =8Py, . (11)
For an upper layer that is sufficiently thinner than the lower
layer (i.e., h; < hy, which is the case for most of the ocean),
the baroclinic contribution to bottom pressure will be
proportionally smaller, by a factor of #4;/h,, then the
barotropic contribution to bottom pressure for an equivalent
change in sea surface height. Therefore, compared to an
altimeter, GRACE will be more sensitive to barotropic
fluctuations than to baroclinic ones.

3. Methodology
3.1. Steric Sea Surface Height

[19] Chambers et al. [1997] demonstrated a method for
calculating the ocean’s heat storage from observations of the
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sea surface height. Starting from thermodynamic relation-
ships, they made a series of approximations to enable them
to calculate ocean heat storage from sea surface height, as
measured by satellite altimetry. The steric height, 1, is the
vertical integral over some layer thickness, %, of the specific
volume anomaly and can be related to the ocean’s density
field in approximate form as [Tomczak and Godfrey, 1994]:

n 1 1
n.\‘t(e7¢7t) = ./—h (W _%)p()dz

1
%_/—h [p(ev¢7z7 t) - p()} d27

~
~

(12)

in the limit of |p(z) — pol/po < 1, where py is the reference
density and p(z) is the density as a function of depth. The
time variable part of the steric height can be written as:

T];; 'r]\t - 7/ e d)vz t _pO]

+7

o [(9 ,2) = po] dz,

(13)

then

nst = _7/

where p is the time mean density as a function of longitude,
latitude, and depth. Decomposing the density deviations
into a part owing to temperature variations, 7', and a part
owing to salinity variations, S, gives,

0,0,2,2) —p(6,6,2)] dz (14)

9
W, (0,0, 1) = { 8;T’(6¢,ztdz+/ aSs (6,b,2,1) }

(15)

The change in steric height on seasonal timescales is to first
order a reflection of the thermal changes in the water
column. Haline effects may play a nonnegligible role in a
few locations, like the western tropical Pacific [Maes,
1998]. However, removing the haline contribution requires
concurrent salinity observations since corrections based on
climatologies [i.e., Levitus et al., 1994] can actually degrade
the accuracy of the correction [Sato et al., 2000]. Therefore,
consistent with Chambers et al. [1997] and Chen et al.
[2000], we drop the haline contribution to the steric sea
surface height. Neglecting the effect of haline expansion on
the steric sea level leaves,

n
W (0,0,0) = / 0.0z 0T 0050 (16)

where,

1 0p
= 1
0= (17)

is the thermal expansion coefficient of seawater. A final
approximation is required here, and that is that the thermal
expansion coefficient, o, is constant over the depth of
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heating, and can be taken out of the integral. These
assumptions introduce errors, but they are not large, as will
be demonstrated in section 5. To first order then, we obtain
a relation for the steric height anomaly in terms of a
temperature change over some depth integral:

n

1,(0,6.1) = (0, 6.1) / TO.6,50d  (18)

—h

where «q is the depth-independent approximation used
for a.

3.2. Thermal Expansion

[20] In a similar manner, the change in ocean heat storage
(H') is related to the temperature change over the same layer
by:

w00 = [ 2p<e,¢,z, 0ep(8,6,2, 00T (8,0, 1) dz.

(19)

where ¢, is the heat capacity of seawater. The product of
density and heat capacity is very nearly constant (varying
by less than 1% over a wide range of temperatures and
salinities), and can be taken out of the depth integral
leaving,

n
H'(6,0,1) = pe, / (00,20 (20)

Relating the heat storage anomaly (20) to the steric height
anomaly (18) gives us a relation for the change in heat
storage relative to the time-varying sea surface height,

(1)

Notice that the unknown depth, 4, drops out of the integral,
and indeed no assumptions need be made about where in the
water column that the change in the temperature takes place,
as even temperature changes in the deep ocean can change
the steric sea surface height.

[21] The numerical values of the thermal expansion
coefficient, o, can be inferred by purely statistical methods
[White and Tai, 1995], in which in situ observations of the
temperature profile are correlated to observed sea surface
height changes, and then expanded in time and space to
cover unsampled regions. Alternatively, Chambers et al.
[1997] estimated « using the thermodynamic quantities
calculated from temperature and salinity distributions from
the climatology of Levitus et al. [1994] and Levitus and
Boyer [1994]. They then calculated heat storage anomalies
from the sea surface height anomalies observed by TOPEX/
Poseidon, using the altimeter-observed sea surface heights
(corrected for the inverted barometer effect and the tides) in
place of the steric height in (21). Overall, they achieved
good agreement between their annual cycle of heat storage
and that calculated from the Levitus and Boyer [1994]
database. Chambers et al. [1997] found that in low latitudes
to midlatitudes the accuracy of the heat storage rate for the
annual cycle was found to be better than 30 W/m® (or
equivalently 150 x 10° J/m?® in heat storage), compared to
the amplitude of the annual cycle of 50—100 W/m?’.
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Furthermore, they showed that interannual heat storage
rates estimated from the altimetry agreed with direct obser-
vations from the TOGA-TAO array in the Equatorial Pacific
Ocean. Overall, this method based on approximations to
first principles showed a similar accuracy at retrieving heat
storage from altimetry as those based on purely statistical
inferences [i.e., White and Tai, 1995].

[22] A complementary methodology was employed by
Stammer [1997] to estimate the steric sea level so that it
could be removed from TOPEX/Poseidon altimetric obser-
vations. In that work, estimates of the steric sea level were
computed from the relation:

Oy _ o0 (22)

ot pcy

where QO is the surface heat flux from meteorological
analyses. This estimate of the steric surface height was
compared to the annual cycle of the sea surface height
observed from TOPEX/Poseidon. He concluded that the
observed height changes are indeed dominated by thermal
expansion arising from the surface heat flux on annual and
longer time scales. Wang and Koblinski [1997] also used an
equation similar to (22) to estimate the large-scale, air-sea
heat flux from the time rate of change of sea surface height
as measured by the altimeter, as an alternative to using the
bulk formula to estimate the air-sea heat flux.

[23] However, a fundamental problem with these methods
remains their inability to take into account the difference
between the observed sea surface height and the steric sea
surface height. That is they assume that other signals in the
sea surface height (i.e., barotropic variability) are negligible
and lead to small errors in the heat storage estimation
[Chambers et al., 1997]. Vivier et al. [1999] found that in
addition to steric sea surface height changes, Ekman pump-
ing, equatorially trapped Kelvin waves, and baroclinic
Rossby waves were all significant contributors to the chang-
ing sea surface height. In the midlatitude to high-latitude
barotropic effects have been found to be large [Fukumori et
al., 1998], and indeed Chambers et al. [1997] found one of
their major sources of error was the unknown contribution to
the observed sea surface height variability by barotropic
fluctuations. They estimated that the barotropic variability
introduced an error of order 30 W/m? (or equivalently 150 x
10° J/m® in heat storage), equivalent to an error about 50%
larger than errors in heat storage estimated directly from
hydrography. Since it is not a good assumption to neglect
nonsteric height variability in some regions of the ocean, we
pose the question: Does the addition of bottom pressure
observations improve the estimation of ocean heat storage
determined from altimetry?

3.3. Combining Sea Surface and Bottom Pressure

[24] The ocean’s time-varying component of the mass
field is related to the time-varying bottom pressure, by the
hydrostatic relation:

()
Pur0.6.0 = [ gp(0,0.2.) (23)
-H
The time-varying component of bottom pressure, is:
()
Pho®) = [ /(2.0 +1{ (g (24)
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Rearranging (24), and using (12), gives:

/ [ 1 o) / /
() ——Pp () =—— [ plzd~n,. (25

8Po Po J—H

Therefore, the steric sea surface height is merely the
observed sea surface height minus the scaled bottom
pressure.

[25] Following the same derivation as presented above,
(21) is then modified to include the time-varying bottom
pressure, so that the heat content can be related to the sea
surface height (corrected for the tides and inverted barom-
eter effect) and bottom pressure by:

pcp( / L )
H =2 ——p ).
Q 200 bot

Now instead of using only the observed sea surface height
and assuming that it adequately represents the steric sea
surface height, a more precise representation can be found
by combining the observed sea surface height with the
bottom pressure observed by GRACE. In the following
section we explore whether the modified method (26)
provides improved heat storage estimates over using (21).

(26)

4. Results

[26] As the GRACE satellite was only recently launched
in spring 2002 and has not yet returned science data, we
utilize output from a numerical model as a proxy for ocean
observations to test the methodology for estimating the
ocean heat storage from satellite altimetry and gravity data.
This analysis also provides an estimation of the inherent
errors in the methodology and provides a measure of how
well the heat content estimation procedure will work with
real data. For this work we use output from a free surface,
primitive equation, global ocean general circulation model
(the POP model of Dukowicz and Smith [1994]) configured
on a grid with average horizontal resolution of ~65 km, and
with 40 vertical levels separated by 10 m near the surface to
250 m in the deep ocean. Horizontal dissipation is provided
by an anisotropic Smagorinsky eddy viscosity [Smagorin-
sky, 1963; Smith and McWilliams, 2002] with coefficients
that vary in the along-flow and cross-flow directions.
Bottom friction is parameterized with a quadratic bottom
drag with a coefficient of 10>, Vertical viscosity is calcu-
lated from the K profile parameterization following Large et
al. [1994], and the effects of sub-grid-scale eddies are
parameterized as by Gent and McWilliams [1990]. The
model is driven by 6-hourly values of wind stress, surface
heat flux, and surface virtual salt flux generated from the
reanalysis product from the National Centers for Environ-
mental Prediction (NCEP) as described by Large et al.
[1997] (though it should be noted that some of the environ-
mental parameters used to compute the fluxes are based on
longer-term averages, namely the cloud fraction and pre-
cipitation are from monthly averaged observations, and ice
fraction is from daily averaged observations). The model
was initialized from climatology and integrated forward in
time from January 1, 1958, for 43 simulated years. In this
study we use the model results for the period January 1993
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through December 1997 to simulate a nominal 5-year
mission. The analyses presented in this section provide a
gauge of the accuracy with which the heat storage varia-
bility, could be estimated given perfect sea surface height
and bottom pressure observations. The errors in the esti-
mates here come solely from the mathematical approxima-
tions and physical assumptions made in section 3;
observational errors will be discussed in section 5.

[27] The ocean model was sampled to obtain the sea
surface height, bottom pressure, sea surface temperature and
salinity, and vertically integrated temperature field. All the
data were averaged to 1 month intervals, which is the
nominal GRACE sampling interval. The thermal expansion
coefficient was calculated from the monthly averaged sea
surface salinity and temperature, as by Chambers et al.
[1997]. Since the ocean model (POP) that was used for this
analysis is a Boussinesq model, that is it is volume-con-
serving rather than mass-conserving, the bottom pressure
was corrected using the method described by Greatbatch
[1994]. Finally, all the variables were spatially averaged
with a Gaussian weighting function with a half width of 500
km (see section 2.1, above) onto a 1° grid. Figure 1 shows
the root mean square (RMS) variability of the monthly
averages of the sea surface height and bottom pressure
(scaled by density and gravity into equivalent sea surface
height). The sea surface height variance on monthly and
longer timescales is dominated by the western boundary
currents and the tropics. The bottom pressure on the other
hand has energetic areas in the North Pacific Ocean, the
Southern Ocean southeast of Australia (in the Bellingshau-
sen and Mornington Basins) and southwest of Australia (in
the Australian-Antarctic Basin) where there are large wind-
and pressure-driven barotropic fluctuations. These regions
are the same as those discussed by Tierney et al. [2000] and
Stammer et al. [2000] for the potential aliasing problems
that they present for altimeters and GRACE observations.
The high-frequency (less than 60-day period) barotropic
variability at these sites is large and is aliased by the
satellite’s monthly sampling characteristics.

[28] The time series of model sea surface heights were
used to calculate monthly maps of the expected change in
ocean heat content using (21) together with the thermal
expansion coefficient calculated from the monthly mean
values of sea surface temperature and salinity. The heat
content estimation was then repeated using (26) with both
the bottom pressure and sea surface height. These estimates
of the heat storage were then compared to the time series of
the “true” heat storage calculated directly from the depth
integral of the temperature field. The RMS of the monthly
heat storage values as a function of latitude and longitude
are shown in Figure 2a.

[20] Several features are noteworthy: the large variations
in heat storage in the Equatorial Pacific stand out in
particular, as does the significant heat storage variability
in the North Atlantic (over the Gulf Stream) and the North
Pacific (over the Kuroshio extension). Figure 2b shows the
RMS difference between monthly values of the true model
heat storage and those estimated using only the model’s sea
surface height and (21). It is immediately seen that the
estimated heat storage using the sea surface height alone
readily captures the variability in the tropical areas. This is
because barotropic variability is small there [Chao and Fu,
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Figure 2. (a) RMS of monthly change in sea surface
height from the model. (b) RMS of monthly change in the
bottom pressure from the model. The bottom pressure has
been divided by the reference density times gravity so that
both are in units of meters.
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Figure 3. (a) RMS of monthly change in heat storage from
the model. (b) Error in heat storage calculated using sea
surface height alone. (c) Error in heat storage when using
sea surface height combined with bottom pressure. (d) RMS
difference in the errors when using sea surface height alone
and when combined with bottom pressure.
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Figure 4. (a) Amplitude of the annual cycle of heat storage
from the model. (b) RMS error in heat storage calculated
using sea surface height alone. (c) Error in heat storage when
using sea surface height combined with bottom pressure. (d)
RMS difference in the errors when using sea surface height
alone and when combined with bottom pressure.

1995], and indeed this has allowed the technique to be
widely used to accurately observe tropical heat storage
changes associated with El Nifio. In the high latitudes,
however, the estimates are quite poor, with error levels
exceeding the actual level of variability there. When the
bottom pressure is included in the calculation combined
with the sea surface height in (26), the results are improved
(Figure 3c¢), as is expected since the barotropic variability
has now been corrected for. Figure 3d shows the reduction
in the error between the case when the sea surface height is
used alone and when it is combined with bottom pressure.
Even with the inclusion of the bottom pressure in the heat
content estimation, there are still errors from the neglect of
the haline contribution to steric height as well as the in
accuracy of using a depth-independent thermal expansion
coefficient. Observational errors in the sea surface height
and gravity data, etc. were not included in these figures, but
will be discussed and quantified in section 5.

[30] The monthly values of true and estimated heat
storage were fit to an annual cycle, a semiannual cycle
and a linear trend, in order to identify if the timescale of the
phenomena affects the recovery of the heat storage. The
results are shown in Figures 4 and 5. The annual and
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Figure 5. (a) Amplitude of the semiannual cycle of heat
storage from the model. (b) RMS error in heat storage
calculated using sea surface height alone. (c) Error in heat
storage when using sea surface height combined with
bottom pressure. (d) RMS difference in the errors when
using sea surface height alone and when combined with
bottom pressure.

semiannual cycles show improvements in line with those
seen in the monthly maps (Figure 3). In particular, the
annual cycle outside the tropics shows a rather poor
recovery of heat storage from sea surface height alone
(Figure 4b). The inclusion of bottom pressure largely
corrects these deficiencies (Figure 4c). For the semiannual
cycle, the heat storage variability is mostly confined to the
tropics (Figure 5a), but the sea surface height alone would
suggest large amount of variability in the high latitudes
(Figure 5b), where there is actually very little. The improve-
ments (Figures Sc and 5d) come mainly in the high latitudes
where there are large barotropic motions expressed in the
sea surface height. This is consistent with the high-fre-
quency (timescales of days to a year) barotropic variability
seen at high latitudes in altimetry and ocean models [Fu and
Davidson, 1995; Fu and Smith, 1996; Fukumori et al.,
1998; Tierney et al., 2000; Stammer et al., 2000; Webb
and de Cuevas, 2002a, 2002b]. It should be noted that there
a few areas (Figures 3d, 4d, and 5d) where the addition of
the bottom pressure leads to a slight increase in the
estimated heat storage error. However, the error increases
are small (less than 50 x 10° J/m?), and these areas are far
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outweighed by the areas where the error is significantly
reduced.

[31] The retrieval of the linear trend in heat storage
(Figure 6), however, shows little to no improvement when
bottom pressure is included. This is to be expected for
several reasons. First, the linear trend in heat storage is
associated with long-timescale phenomena which project
on baroclinic modes and hence have weaker bottom pres-
sure signals than the barotropic variability found at the
annual and shorter timescales. Second, while the shorter
period annual and semiannual cycles are associated with
changes in heat storage largely confined above the thermo-
cline, the linear trend in the model is showing drift in the
deep ocean and so the assumption that o is constant over
the depth of heating is not a good assumption. Also
changes in salinity are probably playing a role on long
timescale as well, and this is not accounted for in the
present methodology.

5. Error Analysis

[32] There are different types of error sources that must be
considered when evaluating the fidelity of retrieving time-
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Figure 6. (a) Amplitude of the linear trend in heat storage
from the model. (b) RMS error in heat storage calculated
using sea surface height alone. (c) Error in heat storage when
using sea surface height combined with bottom pressure. (d)
RMS difference in the errors when using sea surface height
alone and when combined with bottom pressure.
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variable ocean heat content from altimetry and satellite
gravity observations. There are measurement errors which
arise from noise processes in the observation of sea surface
height from the altimeters and bottom pressure from
GRACE, and there are methodology errors which arise from
the assumptions and simplifications that were made to arrive
at (26) to estimate heat storage from the observable quanti-
ties. These can be further grouped into errors that are reduced
by the introduction of the GRACE data, errors that are
increased by using GRACE data and errors that are essen-
tially unchanged. The quantitative error estimates in the
following discussion are based on the ocean general circu-
lation model output and a few ancillary data sets. The error
propagation was performed using simulated GRACE and
altimeter data based on the ocean model output; a global,
gridded map of continental water storage over all regions
except Antarctica from Shmakin et al. [2002]; of changes in
snow mass over Antarctica using monthly, gridded, accu-
mulation fields generated by the CSM-1 climate model
developed at the National Center for Atmospheric Research
[see, e.g., Briegleb and Bromwich, 1998]; of errors in
atmospheric pressure over land (as by Wahr et al. [1998]);
and of GRACE measurement errors, using error estimates
provided by B. Thomas and M. Watkins (personal commu-
nication, 1998) [see also Wahr et al., 1998; Jet Propulsion
Laboratory, 2001]. While the numbers would vary if a
different time period were analyzed or different forcing data
sets were used, they do provide an assessment of the relative
sizes of the different error sources. The reported errors
represent the areal average over the ocean from 1° offshore
of the coast within the latitude range 66°S to 66°N.

5.1. Measurement Errors

5.1.1. Altimetry Sampling Errors

[33] Altimetric measurements from TOPEX have high
accuracy, with a point RMS error of about 3 cm [Wunsch
and Stammer, 1998]. In this error analysis, we assume the
majority of the error is due to residual orbit error. This
assumption leads to the most pessimistic error estimate,
since it assumes the measurement errors for a single satellite
pass are correlated, so that spatial averaging does little to
reduce them. Therefore, to estimate the number of inde-
pendent samples within a given averaging disk, the number
of degrees of freedom (V') was estimated using the weighted
number of crossovers within the Gaussian average over a
month time span. The number of crossovers within the
Gaussian averaging area for a given time span is equal to
the square of half the number of satellite passes. Averaged
over a large area, such as that encompassed by a several
hundred kilometer disk, these errors are reduced by 1/v/N.
For a single month, this results in an average RMS error of
106 x 10° J/m? in the retrieval of heat content (or
equivalently, 40 W/m? in terms of a time rate of change
of heat content) for a 500 km half-width averaging kernel.
For 5 years of data, this source accounts for an error in the
amplitude of the annual cycle of about 8 W/m?. This error
source could be reduced somewhat by using multiple data
sources (i.e., Jason plus Envisat and Geosat Follow-On);
however, it is present whether or not GRACE data are used.
5.1.2. Inverted Barometer Correction Error

[34] One of the largest corrections made to the sea
surface height measured from altimetry is for the inverted
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Figure 7. (a) The monthly RMS error arising from
satellite altimetry errors sources. (b) The monthly RMS
error arising from GRACE error sources. (c) The monthly
RMS error from the thermal expansion coefficient. (d) The
monthly RMS error from the neglect of the haline
contribution to steric sea surface height.

barometer response of the ocean to atmospheric pressure
variations [Wunsch and Stammer, 1997]. It is based on the
mean sea level pressure derived from operational and
reanalysis products from the National Center for Environ-
mental Prediction (NCEP) or the European Centre for
Medium-Range Weather Forecasts (ECMWF). These model
products have errors and biases, but a detailed error
estimation of these product’s accuracy over the ocean has
not been performed. However, over land the results indicate
that the pressure is good to about 0.5 mbar [Velicogna et al.,
2001]. For the present purposes, as a measure of the error
we take the RMS difference between the NCEP and
ECMWF surface pressure products divided by v/2, as by
Wahr et al. [1998]. Translated into a heat storage error,
errors in the inverted barometer correction introduce an
RMS error of 77 x 10° J/m? (29 W/m?) for the monthly
heat storage estimates, and 3 W/m? for the annual cycle.
Figure 7a shows the monthly RMS of the heat content error
arising from satellite altimetry errors sources, including
errors in the inverted barometer and orbit error. The large
errors, especially near Antarctica are due to errors in the
inverted barometer correction.
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5.1.3. GRACE Sampling Errors

[35] GRACE measurement errors are more complicated,
as they are specified in spherical harmonic space. The
purpose of the Gaussian spatial averaging we applied to
the model data to generate Figures 3—5, is to reduce those
errors to acceptable levels. For 5 years of data and a 500 km
averaging radius, the RMS error in equivalent sea surface
height is about 1 mm (Table 1), which results in an error in
the monthly estimated heat storage of 20 x 10° J/m* (8 W/
m?). The error in the annual cycle from this source is
slightly less than 1 W/m?.

5.1.4. Postglacial Rebound

[36] The large postglacial rebound signal in the North
Atlantic Ocean is problematic. Over the five year timescales
we are considering, the postglacial rebound signal appears as
a linear trend, so it will not affect the recovery of seasonal or
other nonsecular signals. However, postglacial rebound is a
significant source of error when trying to use GRACE data to
examine the linear trend in bottom pressure. Unfortunately,
the rebound is largest in the same places (i.e., the North
Atlantic and Southern Oceans) where one might expect to
see the largest signal in bottom pressure arising from secular
changes in the ocean’s baroclinic structure. The limited
extent to which it can be modeled depends on the largely
unknown viscosity profile of the Earth’s mantle, and further
research will be required to improve estimates of this error
source. Taken together, all of the GRACE observation errors
amount to 63 x 10° J/m* (24 W/m?) and the error in the
annual cycle from GRACE observation errors is about 3 W/
m?. Figure 7b shows the monthly RMS of the heat content
error arising from satellite gravity errors, including errors in
the GRACE estimated geoid and leakage from other signal
such as the hydrology signal over land and post glacial
rebound.

5.1.5. Leakage From Continental Hydrological Cycle

[37] Leakage from the large hydrology signal over land
(e.g. groundwater storage) will contaminate the retrieval
of GRACE signals close to the coast. However, coastal
areas are also influenced by salinity effects from river
runoff, and those effects have been ignored in our
derivation of (21) and (26). Furthermore, the current
generation of altimeters has poor data retrieval very close
to the coasts. The implication, then, is that leakage of
gravity signals from land will not be a large detriment to
using the GRACE data. Furthermore, the contamination
from the land hydrology can be significantly reduced
using the methodology described by Wahr et al. [1998,
equations (35)—(39)], and useful bottom pressure values
GRACE will likely be obtainable to within about 100 km
from the coast.

[38] It is important to understand the tradeoffs between
the smoothing length scale and GRACE measurement
errors, as well as the extent of the leakage from hydro-
logical signals over land. Generally, the smaller the
smoothing radius the better, as it improves spatial reso-
lution, and reduces the area affected by leakage of the
continental signals (though this signal can be significantly
reduced as described by Wahr et al. [1998]). While the
leakage of the hydrology signal over land is decreased by
reducing the averaging radius, smaller averaging radii are
associated with larger GRACE measurement errors. There-
fore an optimal averaging area is problem dependent. To
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Figure 8. Error in heat storage estimate averaged over the
global ocean as a function of the averaging radius.

illustrate the effect of the smoothing radius on the heat
storage estimation errors, a range of smoothing radii from
100—1000 km were used to recompute the heat content
retrieval error as a function of smoothing radius (Figure 8).
Plotted are the globally averaged RMS of the heat content
signal (dotted line), the estimated error using noise-free
and noisy sea surface height alone (black dashed and solid
lines respectively), and the estimated error using noise-free
and noisy GRACE observations (gray dashed and solid
line respectively). It is readily seen that in general the
larger the averaging radius the lower the errors. However,
at large averaging radii the time-varying heat content
signal gets smeared out and weakened, and near the coasts
the error from the hydrology signal leakage is increased.
At the smallest averaging radii, GRACE measurement
errors make the estimated heat content unusable. For the
determination of heat storage, it is found that a 500-km
averaging radius balances the errors introduced from
altimetry and GRACE, while not leading to excessive
contamination by the land hydrology signal, and not
overly smoothing the desired heat content signal.

5.2. Methodology Errors

[39] Beyond the errors in estimation of heat storage from
observational noise sources, there are errors introduced due
to some of the assumptions made.

5.2.1. Thermal Expansion Coefficient Errors

[40] The thermal expansion coefficient is not constant
over the depth that the heating is occurring as was assumed
in deriving (18). Furthermore, o was calculated from the
monthly mean sea surface temperature and salinity. When
real data from the GRACE mission is available along with
altimeter data from the ongoing missions, the thermal
expansion coefficient will be calculated from the climato-
logical surface temperature and salinity fields [Levitus et al.,
1994; Levitus and Boyer, 1994] or remotely sensed sea
surface temperature [i.e., Reynolds and Smith, 1994]. These
assumptions introduce errors into the estimation of the heat
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storage. We use the model output for o and 7, and estimate
the error as

err(e d) t)

OLO

(27)

We find that the assumption of a depth independent thermal
expansmn coefficient introduces a globally averaged RMS
error in the monthly estimated heat storage of 109 x 10° J/m?
(41 W/m?) and the error in the estimated annual cycle for 5
years of data is about 10 W/m?. The contribution to the error
budget from the assumption of a depth independent thermal
expansion coefficient is shown in Figure 7c.
5.2.2. Haline Effects

[41] The contribution to the steric sea surface height by
haline contraction was also neglected in the estimation
procedure, introducing another error source. The contribu-
tion to the error budget from this assumption is estimated as,

L (0,0,0) =2 / BS' dz

The neglect of the haline contribution to the steric sea surface
height contributes an error of about 139 x 10° J/m?
(53 W/m) and the error in the annual cycle is about
11 W/m?. Figure 7d shows the monthly RMS of the error
arising from the neglect of the haline contribution to the
steric sea surface height.

[42] Taken together, the methodology errors account for
an error of about 15 W/m? in the estimate of the annual
cycle. The errors inherent in the methodology then account
for about 3 times the error Varlance introduced by the total
of the observational errors at 9 W/m?. Overall, this indicates
that the estimation of heat storage using a 500 km averaging
radius will not be vastly improved by either additional sea
surface height data or from more precise satellite gravity
observations. Rather, observations of salinity (either
remotely sensed or in situ) would be of most benefit.
Modification of the estimation methodology to break the
constraint of a depth independent thermal expansion coef-
ficient would also be of benefit. If GRACE performs to
specification, it is expected that higher-precision satellite
gravity missions will be flown in the future. This increased
precision would allow for a decreased smoothing radius,
and therefore permit higher spatial resolution in the heat
storage estimates.

(28)

6. Conclusions

[43] The combination of satellite altimetry combined with
bottom pressure observations (i.e., from the GRACE mis-
sion) offers a superior method for estimating the ocean’s
time-varying heat storage over using altimetry alone. Spe-
cifically, it significantly reduces errors associated with
barotropic variability at high latitudes, which would other-
wise dominate the errors in the inferred steric height
variability in those regions. For the month-to-month varia-
tions in heat storage, with a 500 km half-width averaging
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kernel, the error in the estlmated heat content from altlmetry
alone is about 380 x 10° J/m? compared to 200 x 10° J/m?
for the heat content computed from hydrographic profiles.
When bottom pressure observations from satellite gravity
are included, the error is reduced to 280 x 10° J/m?, more
comparable to using hydrography. However, while the
addition of bottom pressure data does significantly reduce
the errors in the estimated heat content, there are still
significant limitations that must be addressed before this
methodology can equal the accuracy of in situ measure-
ments. In particular, the addition of salinity observations,
either in situ or remotely sensed, would be of great benefit.

[44] The challenge now will be to combine in situ
observations of temperature and salinity from the profiling
floats to be used in the Argo float program [Roemmich and
Owens, 2000] to provide ground truth by which to test the
method described here. Furthermore, satellite altimetry,
GRACE and Argo will complement each other to provide
a more complete Global Ocean Observing System. The in
situ observations from the Argo floats should allow more
accurate calculation of the thermal expansion coefficient, as
well as take into account the haline effects in the steric sea
surface height. However, the float data will suffer from
sparse coverage and eddy aliasing problems. At the same
time, the satellite observations should allow for a more
complete spatial coverage to fill in gaps in the float data. So
the combination should provide a more complete and
reliable measure of the ocean heat storage. The resulting
estimates of heat storage will place a strong constraint and
consistency check on the estimates of surface heat flux
produced by the meteorological centers. Taken together, the
addition of GRACE to the ocean observation system will
improve the estimation of the time-varying heat storage and
play a fundamental role in the Global Climate Observing
System being deployed.
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