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1. Introduction

Why is the distribution of most chemicals not uniform within the ocean (Fig. 9.1)? In
the absence of sources and sinks the effect of ocean circulation and mixing would be
to smooth the distribution of chemicals. An important reason for nonuniformity is the
increase in concentration that occurs in regions of evaporation, and the reduction in
concentration that occurs in regions of rainfall or river input at the ocean atmosphere
interface. Evaporation, precipitation, and river input lead to concentration ranges usu-
ally well below 10%, as evidenced in the oceanic variability of salinity. However, as
Fig. 9.1 shows, many chemicals have concentration ranges much greater than this.
The concentration of inorganic nitrogen, for example, is more than five times smaller
near the surface than in the deep ocean. Dissolved inorganic carbon shows a surface
depletion that is also substantially larger than the 10% variation that could be induced
by freshwater fluxes.

The primary mechanism that drives such large concentration gradients is the use
of dissolved inorganic chemicals by living organisms for formation of organic matter
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Vertical Profiles of Elements
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Fig. 9.1. Plots of vertical profiles of elements in the North Pacific



LARGE-SCALE BIOGEOCHEMICAL-PHYSICAL INTERACTIONS IN ELEMENTAL CYCLES 339

in the North Pacific Ocean

arranged as in the periodic table of elements. (From Nozaki, 1997.)
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and inorganic solids. Photosynthetic organisms use the energy from light in the upper
part of the ocean to produce both particulate and dissolved organic matter and a wide
range of inorganic solids as well. These biogenic materials are often transported long
distances before being converted back to dissolved inorganic chemicals by processes
such as remineralization and dissolution. The largest such transports are vertical, giv-
ing rise to greatly reduced concentrations in the surface ocean and enhanced concen-
trations in the abyss. A few chemicals, the most important being oxygen, are affected
by these processes in the opposite direction. They are released during photosynthesis
and consumed during remineralization. The wide range of biological and associated
processes that affect such chemicals are referred to as biogeochemical processes.

The view that therefore emerges with regard to the large-scale distribution of
chemicals in the ocean is one where biogeochemical processes are constantly cre-
ating spatial and temporal gradients in the chemicals, whereas ocean circulation and
mixing are in general attempting to homogenize these gradients. The resulting dis-
tribution of the chemicals in the ocean can thus be understood as the result of a
complex interplay between biogeochemical cycles and ocean physics. These large-
scale biogeochemical/physical interactions are the focus of this chapter. In particular,
we are interested in determining the relative roles of the various gradient makers in
creating the large-scale distribution of chemicals in the ocean. We focus our dis-
cussion on the two most important biogeochemical elements, carbon and nitrogen.
We include the cycling of phosphorus and oxygen since they allow us to gain much
additional information about carbon and nitrogen.

We start our discussion with a very simple model that highlights many of the con-
cepts that will be applied and discussed in this chapter. The simplest model that can
be devised to understand the spatial distribution of chemicals in the ocean (especially
the vertical) is a two-box model as depicted in Fig. 9.2. We apply this model first to
nitrogen.

Photosynthesis in the surface box reduces the surface inorganic nitrogen concen-
tration (Ny) and forms organic matter. A fraction of this organic matter is exported
to the deep box (%), where it gets remineralized, leading to an increase in the deep
inorganic nitrogen concentration (N;). This process is often termed the soft tissue
pump (Volk and Hoffert, 1985), since it leads to the net removal of tracers in the
surface waters and a net addition in deep waters. The movement of water between
the surface and deep ocean is complicated, but it often suffices to represent it very
simply by a volume exchange rate » between two well mixed boxes. We can thus
write the inorganic nitrogen budget in the deep box as the balance between the addi-
tion of material from remineralization (®") and the loss of material by mixing with
the surface waters [v(N, — Ny)I:

dNy
dt

Vi =»(Ns — Ng) + ®" (1)

where V, is the volume of the deep box. The steady-state solution [i.e., when the time
rate of change is zero (dNy/dt = 0)] is simple. The downward transport of nitrogen
by organic matter is equal to the physical transport of nitrate from the abyss into the
surface box.
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Fig. 9.2. Schematic of a two-box model of the ocean. Both the surface and the deep boxes are assumed
to be mixed homogeneously. Biological uptake of inorganic constitutents in the surface box reduces
surface concentrations (Cs) and leads to the export of organic material into the deep box (®). This
organic material is remineralized in the deep box, thereby increasing deep concentrations (Cy). The two
boxes exchange water at a volume rate v).

" =»(Ny— Ny) 2

Although great care must be taken to avoid generalization from a two-box model
to the real world, this simple steady-state condition is fundamental for understand-
ing large-scale biogeochemical/physical interactions in the oceans. It states that for
a given ocean circulation, the vertical gradient in nitrate reflects the magnitude of
the downward flux of organic nitrogen. That is, the stronger the biological export,
the stronger the resulting gradient. Conversely, for a given biological flux &V, the
stronger the volume exchange rate », the weaker the vertical gradient. Thus, we see
that on a large scale, the effect of ocean biological processes represented by ®V is
to enhance gradients, while the effect of ocean circulation and mixing, represented
by v, is to homogenize the ocean.

A second insight from this simple model arises from the observation that nitrate
is often severely depleted in the surface ocean (i.e., Ny = 0). This implies that the
strength of the export of organic nitrogen is controlled by the deep nitrate concentra-
tion, which is equivalent to saying that the inventory of nitrate in the ocean controls
the magnitude of the surface export. We will see later that this conclusion must be
modified somewhat due to the supply of nitrate from the atmosphere and by fixation
of N, gas at the surface.

The first major theme of this chapter is to explore the large-scale distribution of
tracers in the ocean and infer from this the nature of the biogeochemical-physical
interactions. This can readily be seen by moving » in equation 2 to the left side. The
resulting equation states that the large-scale structure of N as represented by (N;—Ny)
is shaped by the biogeochemical—physical interactions represented by & /». We use
knowledge of the circulation represented by v to separate out the biogeochemical
processes represented by ®V.
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If we assume for the moment that inorgnic carbon in the ocean is, like nitrogen,
only affected by the photosynthesis/remineralization cycle (soft tissue pump), we can
write a conservation equation for inorganic carbon in the deep box that is analogous to
equation 1. The steady-state solution for carbon in the deep box is then also analogous
to equation 2; thus,

®C =p(Cy— Cy) (3)

where ®¢ is the export of organic carbon from the surface to the deep and C,; and
C; are the deep and surface inorganic carbon concentrations, respectively.

An observation that is fundamental for understanding biogeochemical-physical
interactions in the sea is the fact that the biological cycles of many elements are
often closely linked to each other. This is a consequence of the relatively narrow
stoichiometric requirements of these organisms at the biochemical and cellular level.
This permits us to write the photosynthetic uptake of carbon and nutrients and the
reverse reactions of respiration and remineralization as a simple reversible reaction:

106CO, + 16HN03 + H3PO4 +78H,0 < C106H175042N]6P + 1500, @)

where we used the stoichiometric ratios of Anderson (1995) rather than those orig-
inally proposed by Redfield et al. (1963) (see Sidebar 9.1). This biological linkage
between the ocean nitrogen and carbon cycles [®€ = (106/16) * "] enables us to
combine equations 2 and 3 to give

106
Ca=Cs=WNa=No) 7~ )

SIDEBAR 9.1
Stoichiometric Ratios

One of the most powerful tools for gaining insight into the marine biogeochemical
cycles stems from the observation that marine phytoplankton tend to have relatively
uniform elemental composition and that the average ratio of these elements in seawa-
ter tend to be very close to the requirements of these organisms. Redfield et al. (1963)
was the first to suggest this idea based on the observations of Fleming (1940) and
his own studies. This concept has become known since as the Redfield ratio concept.
This concept states that the reactions of photosynthesis, respiration, and remineraliza-
tion can be written as a single reversible reaction with a relatively fixed stoichiometry
(see reaction 4).

The validity of the Redfield concept and the precise values of the stoichiometric
ratios have been the subject of intense investigation over the last decade. The vari-
ous studies can be differentiated into two approaches. The first strategy is to analyze
the elemental composition of particulate organic matter (e.g., Redfield et al., 1963;
Martin et al., 1987; Laws, 1991; Anderson, 1995; Honjo, 1996). The second method
is to infer the stoichiometric ratios from the changes in nutrient, oxygen, and carbon
concentrations that result from remineralization processes (remineralization ratios)
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(e.g., Takahashi et al., 1985; Minster and Boulahdid, 1987; Boulahdid and Minster,
1989; Anderson and Sarmiento, 1994; Shaffer, 1996; Shaffer et al., 1999; Hupe and
Karstensen, 2000). If the elemental composition of phytoplankton is indeed relatively
constant (Falkowski, 2000) and no elemental fractionation occurs during reminer-
alization (Knauer et al., 1979), the two approaches should give the same answer.
Otherwise, either of these two mechanisms can lead to differences between the two
methods.

There exist currently two distinct views about the stoichiometric ratios of photo-
synthesis, respiration, and remineralization. The first point of view, which is based
mainly on the study of the composition of organic matter, suggests that there are
considerable variations in the elemental stoichiometry [e.g., induced by variations in
growth rates (Goldman et al., 1979), by varying nutrient concentrations (Goldman
et al., 1979), or by variable stoichiometric uptake kinetics (Sambrotto et al., 1993;
Arrigo et al., 1999)]. This view is supported by two recent studies of the stoichiomet-
ric ratios of remineralization, which showed considerable variations of these ratios
with depth. These variations were interpreted as due to the preferential remineraliza-
tion of certain elements as the organic matter particles are settling through the water
column (Shaffer et al., 1999; Hupe and Karstensen, 2000).

The second view is one of relatively constant stoichiometric ratios, on the basis of
the results of an analysis of remineralization ratios of isopycnal surfaces (Takahashi
et al., 1985) and on neutral surfaces (Anderson and Sarmiento, 1994). Although this
view is in line with the original Redfield ratio concept (Redfield et al., 1963), several
modifications have been proposed relative to the originally suggested stoichiometric
ratios. In particular, the newer studies propose substantially lower oxygen and hydro-
gen contents (see Table I).

We adopt here the second view, of relatively constant stoichiometric ratios, for two
reasons. First, the most comprehensive and only global study so far by Anderson and
Sarmiento (1994) revealed relatively uniform values, independent of depth and ocean
basin. Second, as we show during the discussions below, the anomaly patterns that we
find using constant stoichiometric ratios are entirely consistent with the expectations.

TABLE I
Stoichiometric Ratios of Phytoplankton Organic Matter and Oxygen
Released during Synthesis of the Organic Matter or Consumed During
Remineralization

Organic Matter

Oxygen,

C H (0] N P (0]

Redfield et al. (1963)¢ 106 263 110 16 1 138
Anderson (1995)? 106 164-186 26-59 16 1 141-161
Anderson and Sarmiento (1994)¢ 117 £ 14 — — 161 1 170£10

4Traditional Redfield ratios.

bRevised ratios based on a revision of the hydrogen and oxygen content in the Redfield ratio
based on reevaluation of the range of composition of organic matter.

¢Stoichiometry based on an analysis of the remineralization ratios in the deep ocean below
400 m.
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We adopt the stoichiometric ratios of Anderson and Sarmiento (1994), which suggest
that the organic matter remineralized in the deep ocean has ratios of N/P/Cq. /O, =
1:16 £ 1:117 £ 14:-170 £ 10 and therefore approximately the same composition
as equation 4. However, there is considerable uncertainty associated with the fact
that it was not possible to do the analysis in waters shallower than 400 m. We also
recognize that these ratios might not entirely reflect the “true” ratios, since Ander-
son and Sarmiento (1994) did not take into account dianeutral mixing, which can
distort the results (Shaffer et al., 1999). This effect seems to affect the Co,/P ratio
strongest but has little influence on the N/P ratio. We therefore have to be careful
when interpreting results that hinge on C,/P but can be more confident about the
use of a constant N/P ratio of 16: 1.

This substitution has an important consequence. The assumption of constant stoi-
chiometric ratios permits us to relate the spatial gradients of one tracer (here inorganic
carbon) to the spatial gradients of another tracer (nitrate). This finding provides us
with a powerful set of tools for the analysis of ocean biogeochemistry. It suggests
first that the underlying distributions of carbon, nitrogen, phosphorus, and oxygen in
the ocean should be fairly similar. We can therefore study the distribution of any one
of these tracers and infer with reasonable accuracy what the distribution of any other
one should look like. However, as we begin to compare the actual tracer distributions
with those that we would expect if the stoichiometry of ocean biogeochemical pro-
cesses were actually as depicted by equation 4, we will find remarkable divergences
that clearly indicate the presence of biogeochemical processes that do not follow this
stoichiometry.

The second major theme of this chapter is to define a set of tracers that would be
conservative if equation 4 held everywhere in the ocean, and to use the divergence of
these observed tracers from its expected distribution to focus our attention on these
processes, such as nitrogen fixation, denitrification, and air-sea gas exchange that
differentiate one chemical from another.

We begin this chapter with an investigation of the large-scale distribution of inor-
ganic carbon, nitrate, phosphate, and dissolved oxygen in the ocean based on the
most recent survey data obtained during the World Ocean Circulation Experiment
(WOCE). As noted, the cycles of these elements are closely linked to each other
through the soft tissue pump. However, as also noted, we will see that there are a
number of processes that decouple the different tracers from each other. These decou-
pling processes and how they are controlled by physical-biogeochemical interactions
constitute one of the major themes of this chapter. Discussion of the decoupling pro-
cesses will concentrate on those acting on nitrogen and carbon, as these processes
have received a lot of scientific attention over the last few years. The most impor-
tant decoupling processes for nitrogen, N, fixation and denitrification, are the focus
of Section 3. We discuss the distribution, rates, and controls of these processes, and
particularly highlight the importance of them for maintaining the long-term inven-
tory of biologically available nitrogen in the ocean and hence maintaining long-term
biological productivity. We will see how critical phosphorus and oxygen and their
interactions with ocean dynamics are in controlling this balance. In Section 4 we
then turn to a discussion of carbon and the processes that control its distribution,
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apart from the soft tissue pump. A major result of this investigation will be that the
net impact of air—sea gas exchange on the distribution of inorganic carbon is relatively
weak. By contrast, the effect of air—sea gas exchange is much stronger for oxygen,
leading to a strong decoupling of its distribution from nitrate and phosphate. We find
that this different behavior is due to the interaction of ocean biology with ocean cir-
culation and the kinetics of air—sea gas exchange. We conclude with a summary of
our main results.

2. Large-Scale Tracer Distributions

We first investigate the large-scale ocean distributions of nitrate (N), phosphate (P),
oxygen (0O,), and dissolved inorganic carbon (DIC). Figures 9.3 and 9.4 show the
distribution of these four tracers in vertical sections along a pathway that starts in the
northern North Atlantic, goes southward until about 60°S, turns eastward and follows
the Antarctic Circumpolar Current at this latitude circle until 150°E (Fig. 9.5), and
then follows this longitude circle northward into the Pacific until the Alaskan coast
is reached at approximately 60°N. These sections thus provide a good representation
of the magnitude of the tracer variability observed in the global ocean. Inspection of
these figures reveals that the distribution of these tracers in the global ocean is more
variable and complex than the profiles in Fig. 9.1 might suggest. Note that the DIC
concentration has been normalized to constant salinity in order to remove the effect
of evaporation and precipitation. This normalization is not necessary for the other
tracers, since their concentration range is large relative to their mean concentration.
Therefore, variations induced by salinity changes contribute very little to the large-
scale distribution of these tracers.

Two main observations emerge from inspection of Figs. 9.3 and 9.4. First, the
surface depletions of nitrate, phosphate, and DIC are not uniform across the globe.
Surface cncentrations of these tracers are low and very similar in the low latitudes
of the Atlantic and Pacific, but the surface depletion is much less expressed in the
Southern Ocean. Second, deep ocean concentrations of N, P, and DIC increase grad-
ually from the Atlantic through the Southern Ocean and into the Pacific Ocean. The
distribution of oxygen (Fig. 9.3b) shows to a large degree the same features, except
with opposite sign (i.e., deep concentrations decrease from the Atlantic to the Pacific.

We learned from our analysis of the two-box model that the large-scale distribution
of these chemicals can be understood in most simple terms as a balance between
biogeochemical processes that create gradients and physical transport that tends to
homogenize them. Thus, in order to understand the large-scale patterns exhibited by
N, P, O,, and DIC (Figs. 9.3 and 9.4), one first has to learn about large-scale ocean
circulation.

Figure 9.6 shows vertical sections of potential temperature (6) and salinity (S)
along the same transects as the biogeochemical tracers. These two sections reveal that
the high surface concentrations of DIC, N, and P in the Southern Ocean are the signal
of surface exposure of deep waters. This exposure is the result of very weak vertical
gradients in temperature and salinity caused by strong surface buoyancy forcing com-
bined with upwelling. This upwelling is a consequence of a divergence induced by the
northward Ekman transport of surface waters caused by the strong eastward-blowing
winds over the Southern Ocean. This situation of very weak vertical stratification
with large exchange between the deep and surface ocean is in contrast to the low
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Fig. 9.3. Vertical sections of (a) salinity normalized dissolved inorganic carbon (DIC) (pmol kg~!)
and (b) oxygen (umol kg!) along the station track shown in Fig. 9.5. Horizontal axis is distance in

kilometers from the first station just south of Iceland at 63°N 20°W. The x-axis in the Southern Ocean
(south of 57°S) has been compressed by a factor of 5.

latitudes, where strong stratification by temperature and salinity separates the upper
ocean very effectively from the intermediate and deep ocean. Variations of the N,
P, O,, and DIC concentrations in the intermediate and deep oceans are determined
primarily by the global thermohaline circulation, often called the great conveyor belt
[Broecker (1991a) see Fig. 9.7 and Schmitz (1996) for a detailed overview].

The lower branch of this conveyor belt consists of the formation of deep water
in the northern North Atlantic and the southward transport of these waters in the
Atlantic, subsequent mixing in the Circumpolar Current with deep waters formed
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Fig. 9.4. Same as Fig. 9.3 except for () nitrate (umol kg—!) and () phosphate (umol kg™!).

around Antarctica, and northward transport of these common deep waters into the
deep Indo-Pacific Oceans (Fig. 9.7). The two main deep-water masses can be distin-
guished by their § and salinity properties. North Atlantic Deep Water is characterized
by potential temperatures around 2 to 4°C and relatively high salinities between 34.9
and 35.0. The latter signature can be identified clearly as the southward-spreading
salinity maximum in the deep waters of the Atlantic (Fig. 9.65). The NADW loses
its signature once it is mixed in with Circumpolar Deep Water (CDW) around Antarc-
tica. Deep water formed around Antarctica, often called Antarctic Bottom Water
(AABW), is comparably fresh (salinities between 34.6 and 34.7) and cool (0 between
—1.0 and 0°C). Most of the waters that enter the deep Indo-Pacific return as middepth
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Fig. 9.5. Map showing the locations of the station used for the sections shown in Figs. 9.3, 9.4,
9.6, 9.8, 9.15, 9.21, and 9.11. Data from the following cruises are used: Ocean Atmosphere Carbon
Exchange Study (OACES), North Atlantic 1993 (NATL93) cruise (R. Wanninkhof, personal communi-
cation), South Atlantic Ventilation Experiment (SAVE) (ODF, 1992a,b), Meteor 11-5 (WOCE S1/2 A21/
A22) (Chipman et al., 1994), WOCE S41 (T. Whitworth III, personal communication), WOCE S4P
(Chipman et al., 1997), WOCE P16S (Takahashi et al., 1996), WOCE P16C (Goyet et al., 1996), and
WOCE PI16N (J. Bullister, personal communication).

flows to the CDW and do not upwell back to the surface as some older depictions of
the thermohaline circulation suggested (see, e.g., Broecker, 1991a). The final branch
of this conveyor is formed by the return flow of upper and intermediate waters from
the Southern Ocean northward into the northern North Atlantic, where the cycle starts
over again. A second circulation cell of importance is the formation of intermedi-
ate waters near the Subantarctic Front at about 45°S and their subsequent spreading
northward at depths of about 1000 m. The core of these waters, commonly referred to
as Antarctic Intermediate Waters (AAIW), can readily be identified as a pronounced
salinity minimum (Fig. 9.6b).

The concentrations of N, P, and DIC increase relatively gradually along the flow
path of the lower branch of the great conveyor belt, while the concentration of O,
decreases accordingly. These changes can best be understood by the continuous addi-
tion of products of the remineralization of organic matter as these waters move along
the lower branch of this conveyor belt. As this organic material gets remineralized,
it releases stoichiometric amounts of nitrate, phosphate, and inorganic carbon, while
consuming stoichiometric amounts of oxygen (see Sidebar 9.1). This explains the
very similar pattern exhibited by the four biogeochemical tracers. A closer compar-
ison of the pattern seen in N, P, and O, reveals that the first two are very strongly
correlated, whereas O, deviates from N and P in a number of places. The most strik-
ing difference exists in the surface ocean, where the strong surface depletion seen in
N and P is not mirrored by high O, values. This is the consequence of the fact that
O, exchanges at the surface with the atmosphere, whereas no such process exists for
N and P. This allows the O, cycle to decouple from that of N and P.

Although this decoupling between N, P, and O, adds a level of complexity in our
quest to understand the large-scale distribution of chemicals in the ocean, it offers
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Fig. 9.6. Same as Fig. 9.3 except for (a) potential temperature (6) (°C) and (b) salinity (on the practical
salinity scale).

us at the same time the possibility to separate the observed distribution of N and P
into a preformed and a remineralized component. The motivation for this separation
is to determine how much of the variability seen in N and P stems from the addition
of remineralized products since this water was last in contact with the atmosphere
(remineralized component), and how much of the variability stems from the fact that
not all nutrients were used up before this water parcel left the surface (preformed
component).

We begin with the distribution of oxygen by defining an apparent oxygen utiliza-
tion (AOU) as
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oceans indicated, and their horizontal connections in the Southern Ocean and the Indonesian Passages.
(From Schmitz, 1996.)

AOU = 05" — O%P (6)

The rationale behind this tracer is that water parcels leave the surface ocean with
oxygen at or near saturation, with atmospheric oxygen at the temperature and salinity
of the water parcel. Thus, the difference AOU between the saturation concentration,
05", calculated from the potential temperature and salinity of a given water parcel
and the observed concentration, ong, is a measure of how much oxygen has been
utilized by the process of remineralization.

When multiplied by the appropriate stoichiometric ratio, the AOU can be used to
estimate the biological utilization of any tracer. Thus, the remineralized component
of N and P can be estimated as

ANremin =—IN:0, AOU (7)
APremin =—rp.0, AOU (8)
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where rn/0, and rpjo, are the stoichiometric N/O, and P/O, ratios. The preformed
component can then be obtained from

Npreformed _ Nobs o ANremin (9)
Ppreformed _ Pobs o APremin (10)

Figure 9.8 shows the distribution of preformed and remineralized phosphate along
the same pathway from the North Atlantic to the North Pacific as shown in Fig. 9.4b
for phosphate. Preformed P looks in many respects very similar to salinity. This is
not surprising, since both salinity and preformed P act as conservative tracers, (i.e.,
tracers without sources and sinks in the interior of the ocean). Thus, once these tracers
have left the surface, their concentration can only be changed by mixing.

The most striking aspect of the distribution of preformed P is that waters formed
in the northern North Atlantic contain relatively small concentrations of preformed
phosphate, whereas deep waters formed around Antarctica contain high concentra-
tions. The second interesting feature is the strong uniformity of preformed P in the
deep Pacific and the fact that its concentration lies between that of North Atlantic
Deep Waters (NADW) (Fig. 9.7) and that of surface waters in the Southern Ocean.
This observation is a consequence of the fact that there is no deep-water formation
in the North Pacific and that the deep waters filling the deep Indo-Pacific originate
from Circumpolar Deep Water that is formed by blending NADW with Antarctic Sur-
face Waters (Fig. 9.7). The homogeneity of deep waters in the Pacific and the large
dynamical difference of preformed P betweeen NADW and waters formed around
Antarctica make this tracer (and derivatives of it) ideal for separating the contribu-
tion of these two water masses in the deep Atlantic (Broecker et al., 1985b, 1998,
1999).

The remineralized component of phosphate shows clearly the increase in concen-
trations as the waters move along the lower branch of the conveyor belt as a result
of the continuous addition of remineralized phosphate (Fig. 9.8b). This figure also
shows the increase in the remineralized component as the intermediate waters move
equatorward, a fact that was masked partially in the P sections (Fig. 9.4b). The high-
est concentrations of remineralized P are found at relatively shallow depths close to
the equator in the Atlantic and north of the equator in the Pacific. The preformed and
remineralized components of nitrate exhibit an almost identical distribution and are
therefore not shown.

If the soft tissue pump was the only process affecting the large-scale distribution
of N, P, O, and DIC, we would expect that all data would lie on a straight line in a
property versus property plot. Figure 9.9 shows that this is only partially the case for
DIC and N, whereas O, clearly violates this expectation. One possible explanation
for why there exist substantial deviations from a straight line is that our assump-
tion of constant stoichiometric ratios during photosynthetic uptake, respiration, and
remineralization is wrong. This is probably the cause of some variability, but investi-
gations of deep-water variabaility in the stoichiometric ratios suggest that this is too
small to explain these deviations (Takahashi et al., 1985; Anderson and Sarmiento,
1994), even taking the newer results of Shaffer et al. (1999) and Hupe and Karstensen
(2000) into account. The main reason for these deviations appears to be that these
chemicals are affected by processes other than the production/remineralization cycle.
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Fig. 9.8. Same as Fig. 9.3 except for (a) preformed phosphate (ppreformedy (ol kg=!) and (b) re-
mineralized phosphate (AP™™2iM) (,mol kg~ !). See the text for definitions.

Although the latter is clearly the dominant process, we cannot understand the oceanic
distribution of biogeochemical tracers wihout investigating these other processes as
well. In the case of oxygen, we have learned already that air-sea gas exchange is
responsible for the large deviations from the uniform relationship with phosphate.
Since CO, is exchanging with the atmosphere as well, it is surprising to find that the
relationship of DIC with P is much tighter than that of O,. Obviously, there must
be substantial differences in the manner by which air—sea gas exchange imprints the
DIC and O, concentrations in the sea. Although air—sea gas exchange might explain
the decoupling of O, and DIC from the cycling of P, it offers no explanation for the
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small, but significant decoupling between N and P. As we study in detail in the next
section, this decoupling comes mainly from N, fixation and denitrification.

An important concept in our study of the role of the processes that lead to devia-
tions from the Redfield stoichiometry in the oceans is that of quasiconservative trac-
ers. This concept, which we use extensively in our investigations here, builds on the
fundamental assumption that the soft tissue pump operates with a relatively fixed stoi-
chiometric ratios. Using this assumption, we can remove the effect of this pump and
focus on the contribution of the other processes. This concept is explained more thor-
oughly in Sidebar 9.2.

SIDEBAR 9.2
Quasiconservative Tracers

The power of the Redfield ratio concept lies in the fact that it relates variations caused
by the soft tissue pump in one tracer to variations in another tracer originating from
the same process. This permits us to derive quasiconservtive tracers (i.e., tracers that
are unaffected by the soft tissue pump). Such tracers have contributed substantially
to our understanding of ocean circulation and the carbon and nitrogen cycles.

We start the derivation of such a conservative tracer with the tracer conservation
equation of two tracers, A and B, that are affected by the soft tissue pump only:

I'(A) = Json(A) an
I'(B) = Jsort(B) 12)

where Jn denotes the source minus sink term due to the soft tissue pump. The
operation I' represents the transport and time rate of change:

I‘(T):%—Z+LT-VT7V-(D-VT) (13)

where T represents any tracer concentration, V the graident operator in three dimen-
sions, i the velocity field, and D the eddy diffusivity tensor.
The Redfield ratio concept implies that

]soft(A) - rA:BJsoft(B) (14)

We can use this relationship to eliminate the Jy,z(A) term from equation 11 by sub-
tracting r4.p times equation 12 from it, that is,

I'(A) — ra.8BT'(B) = Jsoit(A) — ra.8Js0tt(B) = 0 (15)
Since we assumed a constant stoichiometric ratio r4.p and since the transport and
time rate of change operator I' is linear, the left-hand side of equation 15 can be
combined to give I'(A — r4.pB) = 0. This permits us to define a new tracer A*,

A*=A—ry.pB (16)

with conservative properties I‘(A*) =0.
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Some of these derived conservative tracers are, in principle, analogous to other
conservative circulation tracers such as temperature and salinity. However, these
derived conservative tracer often have very unique distributions making them very
attractive for distinguishing water masses that have otherwise very similar tempera-
ture and salinity properties (Broecker et al., 1985b).

The second advantage of studying such derived quasiconservative tracers is that
they are very helpful in investigating processes that do not follow the stoichiometry of
equation 4. These processes can be boundary condition processes such as air—sea gas
exchange, atmospheric deposition, river input, and sediment processes, but also interior
processes that create sources and sinks, much as nitrogen fixation and denitrification.

3. Biogeochemical-Physical Interactions
of Nitrogen, Phosphorus, and Oxygen

The soft tissue pump represents the dominant control of the distribution of inorganic
nitrogen and phosphorus in the ocean by explaining over 99% of the variability in N and
P (Fig. 9.9¢). However, we have also seen in Fig. 9.9¢ that there exist deviations from
this tight 16 : 1 relationship between the two tracers that must be caused by processes
that have a distinctly different stoichiometry, such as N, fixation and denitrification.

Nitrogen fixation is the biologically catalyzed conversion of dinitrogen gas (N;) to
organic nitrogen. Only a very limited number of organisms, the diazotrophs, are capa-
ble of performing this reaction (Falkowski, 1997). The most important species is 7ri-
chodesmium spp. (Capone et al., 1997), but a number of other species have also been
identified (Villareal and Carpenter, 1989; Zehr et al., 2000). Denitrification is a particu-
lar form of respiration, in which nitrate instead of oxygen is used as a terminal electron
acceptor. This pathway occurs only under anaerobic conditions (no oxygen present)
(Hattori, 1983). By contrast to N fixation, a relatively large number of microorganisms
are capable of using denitrification as a respiratory process (Falkowki, 1997).

Early research on the magnitude of N, fixation and denitrification suggested that
their rates were relatively small and that they did not contribute greatly to the avail-
ability of nitrogen needed for phytoplankton growth. A growing body of evidence
now suggests that N, fixation and denitrification are far larger and that the ocean
nitrogen cycle is more dynamic than previously thought (Codispoti, 1989; Carpen-
ter and Romans, 1991; Galloway et al., 1995; Michaels et al., 1996; Gruber and
Sarmiento, 1997). Current estimates of N, fixation and denitrification in the ocean
suggest that the oceanic residence time of fixed nitrogen is only about 3000 years
(Gruber and Sarmiento, 1997). The large dynamics of the ocean nitrogen cycle and
the evidence that a substantial fraction of the nitrogen present in the surface ocean
comes from N, fixation (Karl et al., 1997) has greatly increased the scientific interest
in studying these processes over the last few years. This interest is fueled further by
the possibility that imbalances between the two processes can change the oceanic
inventory of this nutrient in the ocean on relatively short time scales (Codispoti,
1989). Since fixed nitrogen is regarded as one of the major limiting nutrient for pho-
tosynthesis (Codispoti, 1989; Tyrrell, 1999), changes in the concentration of fixed
nitrogen may have profound effects on photosynthesis and net rates of biological
export of carbon from the surface ocean and hence on atmospheric CO, (Falkowski,
1997; Broecker and Henderson, 1998; see Fig. 9.10).
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Fig. 9.10. Schematic diagram of the marine carbon and nitrogen cycles. The ocean is divided into an
upper sunlit zone (euphotic zone), where carbon is on net consumed by biological processes, and an
aphotic zone, where carbon is on net released. The marine nitrogen cycle is dominated by the nitro-
gen uptake and release associated with the carbon fixation and remineralization. However, Ny fixation
and denitrification can affect the amount of fixed nitrogen in the ocean. Surface deposition also consti-
tutes a small source of fixed nitrogen. P & R denotes photosynthesis and respiration; P & N denotes
photosynthesis and nitrification.

However, it is interesting to note that despite the fact that N, fixation and deni-
trification are two independent processes with very different controlling factors, the
two processes appear to balance each other relatively well; otherwise, the slope of a
plot of N versus P would be very different from 16:1 and the intercept very differ-
ent from zero (see Fig. 9.9¢). This indicates that there must be a negative feedback
mechanism that precludes either one of these processes from running away. The most
likely factor is phosphate itself in conjunction with oxygen (Codispoti, 1989; Tyrrell,
1999; Lenton and Watson, 2000).

In this section we use the quasiconservative tracer approach highlighted in Sidebar
9.2 to investigate the role of N, fixation and denitrification in decoupling N and P
from each other. We define a tracer N*, which reflects deviations of N from a 16:1
stoichiometric relationship with P (see Fig. 9.9¢). This approach builds on an earlier
quasiconservative tracer NO (Broecker, 1974), which has been used by a number
of investigators to study denitrification in the ocean (Naqvi et al., 1982). We will
show that the distribution of N* is not random but reflects sources and sinks of fixed
nitrogen in the ocean due to N, fixation and denitrification. The interpretation of
this tracer is greatly aided by the fact that N, fixation and denitrification are often
spatially and temporally separated. We also show that one can estimate rates of Nj
fixation and denitrification by combining N* with tracers reflecting the ventilation
age of waters. The concept of N* is explained in more detail in Sidebar 9.3. We
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first investigate the distribution of N* and then discuss the role of N, fixation and
denitrification in turn. We then investigate what may determine the observed close
correspondence between N and P. This discussion will be of great relevance for our
general theme of biogeochemical-physical interactions, since the factors controlling
the relative rates of these two processes involve a complex interplay between ocean
dynamics, nitrogen, phosphorus, and oxygen and therefore serve as a good example
for illustrating such interactions.

3.1. Large-Scale Distribution of N*

The net effect of nitrogen fixation on the large-scale distribution of N and P is to ele-
vate the concentration of N without changing the concentration of P. This is because
over sufficiently large scales (e.g., a scales of ocean basins) the uptake of P by the
diazotrophs in the upper ocean [Jyp o¢(P) in Sidebar 9.3] is approximately balanced
by the release of the P as the organic matter produced by these organisms is reminer-
alized in the deeper layers of the ocean. Thus, we can identify regions of N fixation
by investigating regions where N* concentrations are elevated relative to the local
background. The net effect of denitrification is nearly opposite to that of N, fixation.
Therefore, areas where N™ is smaller than the background can be identified as areas
of active denitrification. It should be pomted out that the absolute value of N*
arbitrary. Negative (positive) values of N* cannot be directly associated with denl—
trification (N, fixation). Only deviations from conservative behavior are meaningful
in identifying regions of demtrlﬁcatlon and N, fixation.

Figure 9.11 shows a section of N* following the same stations from the North
Atlantic through the Southern Ocean into the North Pacific, as shown for N (Fig.
9.4a). This section reveals that N* has a remarkable large-scale spatial coherence,
which is a strong indication that the N* signals are not caused by measurement noise
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Fig. 9.11. Same as Fig. 9.3, except for N* (pmol kg™ !). See text and Sidebar 9.3 for a definition and
explanation of N*.
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but are linked to specific processes. The second observation to note is that N*, in con-
trast to the distribution of almost all other tracers, shows no surface-to-deep gradients
but exhibits a gradual decrease from the North Atlantlc over the Southern Ocean into
the Pacific Ocean. The lowest concentrations of N exist in the Arabian Sea (Fig.
9.12). This indicates that from a global perspective, the Atlantic Ocean acts as a net
source of fixed nitrogen to the world ocean, and the Indian Ocean acts as a net sink,
whereas the Pacific lies in between The next outstanding features in the section (Fig.
9.11) are a large max1mum of N* in the thermocline of the North Atlantic and an
extended mlnlmum of N in the thermocline of the Pacific Ocean. A second positive
anomaly of N* can be found in the near-surface waters of the North Pacific, although
this feature is substantially less pronounced than the North Atlantic maximum.

SIDEBAR 9.3
Concept of N*

We derive here an equation for N* following Deutsch et al. (2001). This derivation is
slightly more general than that originally proposed by Gruber and Sarmiento (1997).
We start with the continuity equations for N and P,

P(N) = Jsoft (N) + Jdenitr(N) + Jdiazo remin (N) (17)
F(P) = Jsoft (P) + Jdenitr(P) + J diazo remin (P) + Jup nf(P) (18)

The operator I' represents the transport and time rate of change (see equation 13).
The J terms denote the sources minus sinks due to (in order of appearance) the soft
tissue pump, denitrification, remineralization of N-rich organic matter from nitrogen
fixers, and the uptake of P by nitrogen fixers. We assume that the N sink and P
source due to denitrification have a constant N/P ratio, it = —104 (Gruber and
Sarmiento, 1997), given by the reaction equation of denitrification coupled with the

remineralization of organic matter:

Cio6H175042N16P + 104NO5; ™~
=4C0; + 102HCO;3™ + 60N, + 36H,0 + HPO,* (19)

We can relate the N and P source terms of denitrification by Jgeninr(N) =
rd!nltrJdenltr(P) and those of the soft tissue pump by Jgoi(N) = rso/ﬁ Jsott(P). Then the
N and P continuity equations can be combined as I'(N) — r; I'(P) to yield

N/P
r
F(N ) Jdemtr(N) wﬁ Jdemtr(N) + Jdlazo remm(N)
r denltr
N/P
Tsoft [Jdiazo remin(P) + Jup nf(P)] (20)
Substituting stoichiometric N/P values of r ft =16 and rye/lﬁlr = —104, and adding a

constant 2.90 umol kg! to the definition of N* to give a global mean of 0 gives
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N* =N - 16P +2.90 pmol kg ', Q1)
F(N*) = L.I5J genir(N) + J diazo remin(N) — 16[Jdiazo remin(P) + Jup nt(P) (22)

How can we interpret variations in N*? The first comment to make is that N* is
conserved under any process that consumes or releases N and P in a stoichiomet-
ric ratio rli,/f]; There are thus no sources or sinks of N in equation 22 due to the
normal blologlcal pump. Second, processes that 1ntroduce N and P in a ratio less
than ri@t are N" sinks and will be revealed by low N* anomalies. Such will be the
case for denitrification, which is represented by the first terms on the right-hand side
of equatlon 22. Processes that 1ntr0duce N and P in a ratio above ri/ff are sources of
N and will be revealed by high- N anomalies. This is the case for the N, fixation,

which is represented by the remaining terms in equation 22.

To 1nvest1gate the N* distribution in more detail, we turn to two global maps that
show the N* distribution on two isopycnal surfaces (Fig. 9.12). The shallower surface
(potential density gy = 26.50) represents subtropical mode waters (mean depth of
about 300 m), and the deeper surface (o9 = 27.10) reflects subpolar mode waters and
lies at a mean depth of about 800 m. These maps reveal that the N* maximum 1n
the North Atlantic extends across the entire basin. These maps also show that the N*
minimum zone seen in the section at 150°W in the Pacific (Fig. 9.11) is associated
with two 1ntense N* minimum zones in the eastern Tropical Pacific. Another strong
minimum of N* can be found in the Arabian Sea and to a lesser degree in the Bay
of Bengal. We discuss the N maxima in Section 3.2 and the N* minima in Section
3.3. As noted above, the N* maxima are indicative of N, fixation.

3.2. Nitrogen Fixation

Patterns and Rates of N leatlon
A more detailed inspection of the N* max1mum in the subtropical North Atlantic (Fig.
9.12) reveals that the concentration of N increases as waters move from the out-
crop region in the northeastern part of the gyre into the center. Gruber and Sarmiento
(1997) showed how one can estimate a formation rate of N* by combining these
increases with an estimate of how these waters age along their pathways. Since the
thermocline waters of the North Atlantic are well ventilated, we can safety assume
that there is no denitrification occurring and that the entire N* signal is caused by
the remineralization of N-rich organic material from diazotrophs [the uptake term
Jup nt(P) is zero, since we are only investigating the distribution of N* in the interior
of the ocean]. Therefore, the N* formation rate can be translated into a N, fixation
rate (see equation 22) by assuming a N/P ratio for the composition of N-rich organic
material from diazotrophs. Gruber and Sarmiento (1997) used a ratio of 125 for the
N/P ratio of diazotrophic organic matter [based on measurements reported by Karl
et al. (1992)] and computed a N, fixation rate of about 28 Tg N yr ! for the entire
subtropical North Atlantic. This estimate is not very sensitive to the exact value cho-
sen for this ratio, as long as it is significantly larger than 16:1. Recent laboratory
experiments (D. Capone, personal communication, 1999) indicate that the N/P ratio
in Trichodesmium varies between 40 and 130, depending on nutrient availability.
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This N, fixation estimate turns out to be more than order of magnitude higher than
previous estimates based on Trichodesmium abundance and direct rate measurements
in the same region (Capone and Carpenter, 1982) but is supported by another geo-
chemical N fixation estimate by Michaels et al. (1996). The high geochemical rate
estimates are supported further by the observation that the YN/!*N ratios of nitrate
and organic matter in the thermocline of the subtropical gyre of the North Atlantic
are very near atmospheric ratios, suggesting that a substantial fraction of the nitro-
gen present comes from the atmosphere by N, fixation (J. Montoya, unpublished
data). More recent direct rate experiments of N, fixation in Trichodesmium colonies
from the Bermuda Atlantic Time-Series Study (BATS) site near Bermuda by Orcutt
et al. (2001) support significantly higher fixation rates than older studies suggested
(Carpenter and Price, 1977), but still smaller than the geochemical estimates. How-
ever, N, fixation is known to occur not only in Trichodesmium but in a number of
additional species (Villareal and Carpenter, 1989; Zehr et al., 2000). Their quanti-
tative contribution to large-scale N, fixation is presently unknown. An alternative
possibility is that the N* signal in the subtropical gyre of the North Atlantic is not
due to local N, fixation, but reflects the well-characterized high N, fixation in the
Caribbean (Carpenter, 1983; Carpenter and Romans, 1991), which exports this excess
nitrogen as dissolved organic nitrogen (DON) that then gets remineralized within the
gyre. This would require substantial gradients in DON between the Caribbean and
the North Atlantic subtropical gyre. Presently available DON data are insufficient to
investigate this hypothesis (D. Hansell, personal communication, 2000).

Gruber and Sarmiento (1997) tentatively extrapolated their North Atlantic N, fix-
ation estimate to the global ocean using the abundance of Trichodesmium as an indi-
cator. They arrived at a global N, fixation estimate of about 110 Tg N yr~!, with
about 50 Tg N yr ! occurring in the Pacific and 30 Tg N yr ! being added in the
Indian Ocean. Is this extrapolation consistent with the observed distribution of N* in
the other basins?

Interpretations of the N* distribution in the Pacific and Indian Oceans is more
difficult because of the existence of strong denitrification sites adjacent to the places
where one expects to find the N, fixation signals. In the subtropical North Pacific,
where N, fixation is well documented (Karl et al., 1997) the N* maximum exists
just near the surface and does not extend into the thermocline as is the case in the
subtropical North Atlantic. This is likely a result of the eroding effect by waters that
obtain extremely low N™ values in the eastern Pacific and are then advected westward
in the main thermocline (Fig. 9.12).

Rather than trying to separate the N, fixation signal from the denitrification signal,
Deutsch et al. (2001) decided to estimate N, fixation in the Pacific by establishing
a nitrogen budget for this basin. By estimating the N transport across enclosing sec-
tions, total rates of denitrification, surface deposition, and river fluxes and assuming
steady state, the N, fixation rate can be estimated by difference. They arrived at a N,
fixation estimate of about 59 Tg N yr~!, which is consistent with the extrapolation of
Gruber and Sarmiento (1997). N, fixation is probably not distributed uniformly over
the Pacific Ocean. If the near-surface distribution of N* is taken as an indication of
where this fixation is most likely taking place, two regions emerge: the northwest-
ern Pacific and the southwestern Pacific. This distribution is roughly consistent with
observations of Trichodesmium abundance (Capone and Carpenter, 1982; Carpenter,
1983; Carpenter and Capone, 1992), isotopic abundance of >N (Wada and Hattori,
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1991), remote sensing (Dupoy et al., 2000), and dissolved organic nitrogen concen-
trations (Hansell and Feely, 2000).

In the Indian Ocean, near-surface values of N* are slightly elevated (Gruber and
Sarmiento, 1997). As these elevated values are located just above some of the lowest
N™ values found anywhere in the world oceans, they could indicate rather strong
N; fixation. Observations of Trichodesmium abundance (Carpenter, 1983) and a few
direct rate measurements [reported in Capone et al. (1997)] appear consistent with
such a conclusion. However, no basin-scale estimate of N, fixation has yet been
attempted for the Indian Ocean.

Table II summarizes the pelagic N, fixation estimates. It also lists estimates of
other sources of fixed nitrogen to the ocean. These other sources, primarily river
input, bring the total N input into the ocean to about 185 Tg N yr~! in preindustrial
times and to about 235 Tg N yr ! in present times.

Controls on N, Fixation

What are the factors controlling the pattern and rates of pelagic N, fixation? Tri-
chodesmium colonies grow and fix N; successfully only at temperatures about 20°C
(Capone et al., 1997). Additional factors playing an important role are the ambi-
ent concentration of O, and nitrate, as well as light levels. Since the fixation of Nj
is a very energy consuming process, Trichodesmium reduces its fixation rate drasti-
cally when it can take up fixed nitrogen directly from seawater. As the energy comes
from sunlight, Trichodesmium dwells best at high insolation near the ocean surface
(Capone et al., 1997). High rates of turbulence in the upper ocean has negative effects
both through mixing, thereby reducing the average light level a particular colony is
exposed to, and through physical destruction of the fragile colonies. These environ-
mental factors are very successful in explaining why there are high rate of N, fixation
in the tropics and in the subtropical gyres in contrast to the low rates found in the high
latitudes. However, these factors fail to explain why N, fixation appears to be high
in the North Atlantic, Arabian Sea, and western North Pacific, and low in the South
Atlantic and eastern South Pacific, since few differences exist between these regions
with regard to the controlling factors mentioned above. Therefore, other factors need
to be considered, such as the delivery of essential trace metals by dust.

A major difference between these regions is the delivery of dust from the atmo-
sphere to the surface ocean. The subtropical North Atlantic receives about one order
of magnitude more dust than the South Atlantic, and almost two orders of magni-
tude more than the eastern South Pacific (Duce et al., 1991; Tegen and Fung, 1994;
Mahowald et al., 1999). The deposition of dust represents the most important path-
way for the delivery of a number of biologically important trace metals to the sur-
face waters of the low latitudes (Fung et al., 2000; Lefevre and Watson, 1999). The
most important elements for biology among these trace metals are iron, manganese,
cobalt, zinc, copper, and molybdenum, since these elements are frequently used as
reaction centers of many vital enzymes. We restrict our discussion here to iron since
it has recently received most attention, but it should be kept in mind that the other
trace metals also have the potential to be limiting (Morel and Hudson, 1985). Tri-
chodesmium has a relatively high requirement for iron, since the nitrogenase enzyme
that is responsible for breaking the N, bond during N, fixation uses iron as its core
(Reuter et al., 1992). This makes this organism sensitive to variations in the supply
of iron. As the dust/iron ratio appears to be relatively constant (Duce et al., 1991),
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TABLE II
Estimated Sources and Sinks in the Global Marine Nitrogen
Budget“
Preindustrial Current
Process (Tg N yr 1 (Tg Nyr 1
Sources
Pelagic Nj fixation 117 + 400 117 £ 400
Benthic N» fixation 15 + 10¢ 15 £ 10¢
River input (DON) 20 + 104 34 + 104
River input (PON) 21 + 10¢ 42 + 10¢
Atmospheric deposition 15+5f 30 +5f
Total sources 188 + 44 238 £ 44
Sinks
Benthic denitrification 85 + 208 95 + 208
Water column denitrification 80 + 20h 80 + 20k
Sedimentation 15+ 5¢ 25 + 10¢
N;O loss 4+2J 4+2J
Total sinks 184 £ 29 204 £ 30

Source: Updated from Gruber and Sarmiento (1997).

@Uncertainty estimates based on ranges given in the literature. DON, dis-
solved organic nitrogen; PON, particulate organic nitrogen.

b Atlantic: Gruber and Sarmiento (1997); Pacific: Deutsch et al. (2001);
Indian: extrapolation; see Gruber and Sarmiento (1997).

¢Based on Capone (1983).

dBased on Meybeck (1982), Duce et al. (1991) and Galloway et al.
(1995).

¢Reduced from the value given by Codispoti and Christensen (1985) to
account for the organic N loss from the ocean to the atmosphere.
fBased on Duce et al. (1991) and Galloway et al. (1995).

8Based on Codispoti and Christensen (1985). Galloway et al. (1995) and
the assumption that half of the anthropogenic PON river flux is denitri-
fied.

iBased on Wollast (1991) and the assumption that half of the anthro-
pogenic PON river flux is sedimented.

JBased on Prather et al. (1994) and Suntharalingam and Sarmiento (2000).

the strong variations of dust supply over the different regions reflect directly strong
variations of the supply of iron to the surface ocean.

The observed pattern of N, fixation and the distribution of N* appear to be consis-
tent with iron playing an important role for controlling N, fixation. If this is correct,
rates of N, fixation could have varied quite strongly in the past, since it is known
that the deposition of dust onto the surface ocean during glacial periods was at least
twice the amount of today’s deposition (Mahowald et al., 1999). This led Broecker
and Henderson (1998) and Falkowski (1997) to hypothesize that dust-induced varia-
tions in the rate of N, fixation contributed substantially to the CO, drawdown during
glacial periods. However, the evidence for iron limitation of N, fixation is largely
circumstantial. Results from many iron addition experiments that have been carried
out so far are inconclusive, and recent analysis of iron content in natural populations
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of Trichodesmium reveals neither a significantly higher iron requirement nor a geo-
graphical pattern in cellular iron content consistent with patterns of iron deposition
(Sanudo-Willhelmy, personal communication; Hood et al., 2000).

3.3.  Water-Column Denitrification

We turn now to the N* minima observed in the N* distributions (Figs. 9.11 and
9.12), indicative of denitrification. We focus on water-column denitrification, since
this process leads to the main N* signals that we observe in the open ocean. However,
N™ is also influenced by benthic denitrification, especially near the continental shelf
regions (Christensen et al., 1987; Devol, 1991). This can be seen in Fig. 9.12, where
N" exhibits minimum concentrations all along the eastern shelf of North America, a
region where benthic denitrification is known to occur (Seitzinger and Giblin, 1996).

Pattern and Rates of Denitrification

The strong N* minima in the eastern tropical North Pacific (ETNP) and eastern tropi-
cal South Pacific (ETSP) (Fig. 9.12) coincide with oxygen minimum zones (Fig.
9.13), where water column denitrification has been well studied since Brandhorst
(1959) noted the existence of a secondary nitrite max1mum due to denitrification [see
Hattori (1983) for a review]. The existence of strong N* minima within these known
denitrification regions provides confirmation of our 1nterpretat10n of N* as a tracer
reflecting N, fixation and denitrification. The cores of the two N* minima have long
tails that reach far westward into the center of the Pacific. The shape and position of
these tails, together with their high O, concentratlons suggest that these features are
the result of westward advection of the N* signals in the North and South Equatorial
Currents. These waters slowly lose their signature as they mix with eastward-moving
waters in the equatorlal undercurrent system and as they entrain subtropical waters,
both having elevated N* concentrations.

Codispoti and Richards (1976) estimated total denitrification in the ETNP to be
about 19 Tg N yr! on the basis of in situ measurements of denitrification rates
and extrapolation of these measurements to the entire denitrification zone. Applying
the same technique, Codispoti and Packard (1980) arrived at an estimate of about
23 Tg N yr ! for the ETSP. Given the difficulty of extrapolating a few individual
rate measurements, the uncertamty of these estimates could be relatively large. This
problem can be avoided using N, which integrates denitrification over space and
time and is therefore less susceptlble to short-term Varlablhty Deutsch et al. (2001)
followed this approach and used the disappearance of N* in these regions together
with water age from CFC observations to estimate integrated denitrification in these
two regions. They found a water column denitrification of about 22 Tg N yr~! for
the ETSP and of about 26 Tg N yr ! for the ETNP, in good agreement with the
extrapolation of direct rate measurements

The third strong minimum in the N* distribution occurs in the Arabian Sea, another
well-known oxygen minimum zone (Fig. 9.13) with high rates of water column den-
1tr1ﬁcat10n (Naqvi et al., 1982, 1987; Mantoura et al., 1983). Low concentrations of
N are also found in the Bay of Bengal, where denitrification has been less studied
(Nagvi et al., 1978). Hattori (1983) speculated that the Bay of Bengal may contribute
to oceanic denitrification, as very low oxygen concentrations are found there. How-
ever, no active denitrification has yet been found (Howell et al., 1997). Rates of
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Fig. 9.13. Global distribution of the dissolved oxygen concentration (umol kg~!) at the depth of the
vertical oxygen minimum. [Based on the 1° gridded oxygen data of Levitus and Boyer (1994a).]

denitrification in the Arabian Sea have been estimated following various techniq*ues.
Most recently, Howell et al. (1997) used NO, a geochemical tracer similar to N, to
arrive at an integrated denitrification of about 21 Tg N yr~!. This compares favorably
with extrapolation of direct rate measurements (Naqvi and Shailaja, 1993) and box
models (Naqvi, 1987).

Table II summarizes the global pelagic denitrification rates. Additional 10 Tg N
yr~! are added to account for pelagic denitrification in smaller areas, such as the
eastern tropical Atlantic (Christensen et al., 1987). This table also shows that about
an equal amount of fixed nitrogen is lost due to benthic denitrification, which occurs
primarily in shelf sediments. Sedimentation and a small loss of N,O to the atmo-
sphere bring the total sinks of fixed nitrogen in the ocean to about 184 Tg N yr~! in
preindustrial times and about 204 Tg N yr~! in present times.

Controls on Water Column Denitrification

Since the energy yield for the oxidation of organic matter is smaller when nitrate is
used as terminal electron acceptor instead of oxygen, water column denitrification
is essentially limited to the oxygen depleted zones of the open ocean. We therefore
have to understand the mechanisms that generate these oxygen depletion zones if we
want to understand the processes that control the pattern and rates of water column
denitrification.

As we have seen in Section 2, the distribution of oxygen in the ocean is deter-
mined by air-sea gas exchange at the surface, ocean circulation and mixing, and the
photosynthesis—respiration cycle of organic matter. In the interior of the ocean, the con-
dition for the generation of an oxygen-depletion zone is therefore simply given when
the supply of oxygen by ocean transport is smaller than the oxygen demand from the
remineralization of organic matter. In the present ocean, only a few oxygen-depletion
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zones exist in the open ocean (Fig. 9.13): the ETSP and ETNP in the Pacific and the
Arabian Sea. The common characteristic of these three regions is high surface export
production coupled with slow rates of water renewal in the subsurface ocean.

The high rates of export in these regions are linked to high rates of upwelling
of nutrient-rich waters into the surface waters, thereby promoting high surface pro-
ductivity. The low ventilation of subsurface waters in the eastern tropical Pacific
can be explained on the basis of theories of the thermocline ventilation (see, e.g.,
Pedlovsky, 1987). The conservation of potential vorticity (a measure of the angu-
lar momentum of a fluid parcel) requires that the interior of a density surface can be
advectively ventilated only along streamlines that intersect the outcrop. However, the
entire density surface cannot be reached by these streamlines, resulting in a shadow
zone that is being ventilated only by diffusion (Luyten et al., 1983). As diffusion
is much less effective than advection in ventilating, waters in the shadow zones are
relatively stagnant. The oxygen minimum zones in the eastern tropical Pacific are
such shadow zones, as are the southeastern part of the North Atlantic subtropical
gyre and the northeastern part of the South Atlantic subtropical gyre (Kawase and
Sarmiento, 1985). Figure 9.13 shows that the two latter regions also have very low
oxygen concentrations, but are not anoxic. Since the levels of productivity (Laws et
al., 2000) and rates of water renewal in the Atlantic are relatively similar to those in
the Pacific, this difference is probably caused by the fact that waters in the Atlantic
Ocean are generally younger and hence contain, on average, higher O, concentra-
tions. This therefore provides a higher supply of O, for the same rate of ventilation.

The conditions that lead to the formation of the oxygen minimum zone in the
Arabian Sea are less clear (Naqvi, 1987; Morrison et al., 1999), since the Arabian
Sea is not a shadow zone. However, the thermocline structure and circulation of the
Arabian Sea is very unique (Wyrki, 1973). The Arabian Sea is characterized by a
semiannual reversal in wind stress associated with the monsoon, water mass intru-
sions from marginal seas, and the absence of a subtropical convergence zone and
deep-water formation. The core of the oxygen minimum zone is located within the
salinity maximum of Persian Gulf water. Measurements of CFC indicate that these
waters are only two to eight years old (Howell et al., 1997). This is much younger
than the CFC ages found in the ETSP and ETNP (Deutsch et al., 2001). Thus, to
create the intense oxygen depletion zone found in the Arabian Sea, either the oxy-
gen demand must be substantially higher than that created in the ETSP and ETNP
or the source waters must already have very low O, concentrations. Warren (1994)
suggested that export production in the Arabian Sea is not anomalously large, con-
cluding that the latter mechanism must be the cause of anoxia in the Arabian Sea.
A newer study by Smith et al. (1998) disputes this conclusion and suggests that low
ventilation and high biological production conspire to create suboxic waters.

Denitrification can respond strongly and rapidly to changes in physical forcing
(changing ventilation) and changes in the supply of organic material as observation-
ally confirmed in the Arabian Sea (Naqvi et al., 1990) and in the ETSP (Codispoti et
al., 1986). This makes it likely that rates of denitrification could have varied substan-
tially in the past. Analyzing sediment cores underlying the eastern Pacific and Arabian
Sea, Altabet et al. (1995) and Ganeshram et al. (1995) found drastically reduced rates
of denitrification during the last glacial period. This led them and Ganeschram et al.
(2000) to hypothesize that reduced denitrification in these two zones resulted in an
increased fixed-N inventory in the ocean and contributed to the glacial-interglacial
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CO; drawdown. Although these observations clearly support the conclusion of lower
water column denitrification during the last glacial period, they do not necessarily
imply a higher N inventory. This is only the case if N, fixation stayed constant or
increased.

3.4.  Dynamic Homeostasis

Given that we just learned that the rates of N, fixation and water column denitrifica-
tion are controlled by entirely different processes, it is surprising that the preindustrial
and present marine N budget appears to be in relatively close balance (see Table II).
This approximate balance is particularly difficult to explain when considering how
strongly and rapidly each of these two processes can respond to changes in its con-
trolling factors and mechanisms. Evidently, denitrification and N, fixation are more
strongly linked together as first appears to be the case.

As it turns out, this question is tied to the question of whether nitrate or phosphate
is limiting oceanic primary production (Smith, 1984; Codispoti, 1989; Tyrrell, 1999).
One point of view is that N is the limiting nutrient, as evidenced by the existence
of a small excess P in the surface waters of most of the low-latitude ocean and the
enhancement of production when N is added to the ocean, as opposed to little effect
when P is added (Ryther and Dunstan, 1971; Codispoti, 1989). The second point of
view is that although the first point of view might be correct on short time scales,
phosphate is the limiting nutrient on longer time scales (Broecker and Peng, 1998).
According to this argument, the N content of the ocean is linked to that of P, since the
N content can be adjusted by N, fixation and denitrification. Two negative feedback
processes have been proposed that ensure this adjustment of N to P (Redfield, 1958;
Codispoti, 1989). The first feedback process is based on denitrification (Codispoti,
1989). When denitrification increases, the N content of the ocean decreases, thereby
on average reducing the supply of N to the surface ocean. This results in a smaller
export production, leading to a smaller oxygen demand in the thermocline. As a con-
sequence, denitrification decreases, closing the negative feedback loop.

The second feedback loop links surface N, fixation to the small excess of P that
is generally observed in low-latitude surface waters (Tyrrell, 1999). This proposed
mechanism builds on the assumption that N, fixers have a lower growth rate than
that of normal phytoplankton (Capone et al., 1997). They can thrive, however, in
the case when nitrate gets depleted in the surface ocean before phosphate, since they
can circumvent nitrogen limitation. Therefore, if N becomes scarce relative to P, Nj
fixation would go up and resupply the N to the ocean. This process continues until
the diazotrophic organisms effectively reduce their habitat until N, fixation is back
in balance with denitrification.

Although these two feedback loops provide a possible answer to our question,
many details remain unclear. For instance, the observation of high N, fixation in
the North Atlantic is inconsistent with the second feedback mechanism, because in
this ocean basin, P runs out before N (Wu et al., 2000). Therefore, according to
this hypothesis, there should be no habitat for diazotrophs, which is clearly not the
case (Carpenter and Romans, 1991). Conversely, over most of the low latitudes of
the Pacific and Indian Oceans, N is depleted before P, yet diazotrophs are not as
abundant as they should be according to this hypothesis (Carpenter, 1983). Clearly,
other factors in addition to P, such as iron, must play an important role.
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Lenton and Watson (2000) recently investigated these two feedback loops in a
simple feedback model of ocean biogeochemical cycles. They find that these two
feedback loops are indeed very effective in keeping nitrate close to the Redfield ratio
with phosphate, as long as other factors, such as iron, do not limit N, fixation to a
substantial degree. They find that in the case of strong iron limitation of N, fixation,
increasing the phosphate input into the ocean can cause phosphate to deviate above
the Redfield ratio to nitrate. Thus, under certain circumstances, nitrate can become
the ultimate limiting nutrient even over geological time scales. But in all other cases,
phosphate is controlling the amount of fixed nitrogen in the ocean.

It needs to be pointed out that both feedbacks operate on the time scale of whole
ocean overturning (i.e., approximately 1000 years). This implies that on time scales
shorter than this, imbalances between N, fixation and denitrification can exist and
significantly alter the N content of the ocean. A second point to make is that these
proposed feedback mechanisms do not necessarily imply that the N content of the
ocean has to be exactly 16 times the P content; they imply only a rough Redfieldian
stoichiometry. Therefore, the existence of negative feedback loops that couple the N
content of the ocean to that of P are not at odds with the possibility that variations
in the N content of the ocean contributed to the glacial interglacial CO, variations
(Falkowski, 1997; Broecker, 1998). These feedback loops just confine the marine N
inventory to within relative narrow boundaries set by the ocean inventory of P.

4. Ocean Carbon Pumps

We noted in the introduction that the surface concentration of DIC is lower than
that of the deep ocean by more than 10%. Based on the WOCE global survey data,
this vertical gradient in salinity normalized DIC (sDIC) amounts to about 270 pmol
kg ! (Fig. 9.14). This vertical gradient has major consequences for atmospheric CO,.
If the ocean were allowed to be mixed uniformly, atmospheric CO, would almost
reach twice its preindustrial concentration. It is thus of considerable importance to
understand what gradient makers act to maintain the DIC gradient in the face of ocean
circulation and mixing, which generally tend to homogenize these gradients. We have
seen in Fig. 9.9a that most of the variations of sDIC in the oceans are associated with
P with stoichiometry of about 117 : 1, indicating that the soft tissue pump is the most
important process controlling the distribution of sDIC in the ocean. There also exist,
however, substantial deviations of sDIC from the stoichiometric relationship with P
that must be due to processes that have stoichiometric ratios distinctly different from
that of the soft tissue pump. These processes that decouple sDIC from P are (1) the
biogenic formation and dissolution of calcareous material (CaCOs3), (2) air—sea gas
exchange, and (3) the uptake of anthropogenic CO, from the atmosphere.

The role of these three processes in contributing to the observed sDIC variations
will be the main emphasis of this section. We particularly focus on the role of air—sea
gas exchange, since we will find that its influence—contrary to expectation—seems
to be relatively small. This is especially surprising when contrasted with oxygen,
whose distribution seems to be strongly affected by air—sea gas exchange (compare
Fig. 9.9a with 9.9b). As we will see, the main reason for the small imprint of air—sea
gas exchange on sDIC is because temperature-driven exchanges of CO, across the
air—sea interface and biologically driven CO, fluxes work in opposite direction for
CO,, therefore strongly reducing the combined impact of air—sea gas exchange. By
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Fig. 9.14. Global mean profiles of the carbon pump components. (Based on data from the
JGOFS/WOCE/NOAA global survey.)

contrast, these two driving factors work in the same direction for O,, leading to a
very strongly imprinted air—sea gas exchange signal for O,. Before we can attempt
to build the arguments to understand this conclusion, we need to briefly review the
processes controlling air—sea gas exchange and CaCO; cycling, which requires the
introduction of a few concepts of inorganic carbon chemistry in seawater.

4.1. Review of Air-Sea Gas Exchange and CaCO3 Cycling

CO,; exchanges across the air—sea interface whenever the partial pressure of CO; in
the surface ocean is out of equilibrium with that in the overlying atmosphere. The
partial pressure of CO; in the surface ocean is controlled by the solubility of CO,
and by the concentration of gaseous CO; in the ocean (Henry’s law). The solubility
itself is highly sensitive to changes in temperature and to a lesser degree to changes
in salinity. The concentration of gaseous CO; is in turn influenced by the fact that
it reacts with seawater to form bicarbonate (HCO3;~) and carbonate (CO32") ions.
The sum of the concentrations of CO,, HCO3?~, and CO;2~ is equal to DIC (DOE,
1994):

DIC = [CO,] + [HCO; ]+ [CO5* 1. (23)
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A measure of the extent to which CO, has reacted with water to form CO3> and
HCOj;™ is the concentration of total alkalinity (Alk), which represents approximately
the contribution of CO3>~ and HCOs~ to the charge balance of seawater:

[Alk] = [HCO; ] +2[CO3*"]. (24)

This means that the higher the Alk concentration for a given temperature, salinity,
and DIC concentration, the more complete is the reaction of CO, with water to form
CO3% and HCO3 ™, leading to a low gaseous CO, concentration and hence low pCO,.
The sensitivity of pCO, to changes in DIC is opposite. The higher the DIC con-
centration for a given temperature, salinity, and Alk concentration, the higher is the
concentration of gaseous CO, and hence pCO, (Baes, 1982). As the solubility of
CO,, like most gases, is substantially larger at low temperatures, pCO, decreases
with decreasing temperatures for the same DIC and Alk. Because deep waters are
cold and surface waters warm, the temperature sensitivity of the CO, solubility con-
tributes to the surface to deep gradient in DIC, and hence this effect is commonly
referred to as the solubility pump (Volk and Hoffert, 1985).

The exchange of CO, across the air—sea interface is relatively slow. It takes about
a year for a 50-m-deep surface mixed layer to equilibrate with the atmosphere after a
perturbation, whereas the equilibrium time for oxygen is only a few weeks (Broecker
and Peng, 1974). The reason for this long equilibrium time relative to oxygen is
the fact that CO, has to equilibrate with the total pool of DIC. The CO, molecule
accomplishes that by reaction with the CO3%~ ion, which constitutes about 10% of
the total DIC pool. This leads to a slowdown of the air—sea gas exchange reaction of
approximately a factor of 10 relative to oxygen. Nevertheless, the residence time of
waters near the surface appears to be long enough so that the ocean pCO, is usually
larger than 80% of saturation (Takahashi et al., 1997, 1999).

The invasion of anthropogenic CO; into the ocean represents another process we
have to take into account. The net air—sea flux of CO, into the ocean is caused by
a strong perturbation of the global carbon cycle by humankind through the burning
of fossil fuels, cement production, and the changes in land use. As a consequence of
these activities, atmospheric CO, has increased by more than 30% over the last two
centuries (Keeling et al., 1995; Etheridge et al., 1996) and probably will continue to
increase in the future (Houghton et al., 1996). The surface ocean takes up a fraction
of the anthropogenic CO, from the atmosphere and transports it into the interior
of the ocean. The rate-limiting step for this uptake is the surface to deep transport
(Sarmiento et al., 1992), since air—sea gas exchange is rapid enough to keep up with
the atmospheric CO, growth.

The second biological reaction of great importance for carbon cycling is the bio-
genic formation and dissolution of calcite or aragonite:

Ca’* + CO5>” < CaCOs (25)

Due to the double charge of the carbonate ion, the formation and dissolution of min-
eral calcium carbonate changes Alk twice as much as it changes DIC (Stumm and
Morgan, 1981). Upon death of these organisms, these shells sink and eventually dis-
solve, either in the water column or in the sediments, except for a small fraction
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buried permanently (Milliman, 1993). Because the concentration of Ca?* is relatively
constant, the dissolution of CaCOs is governed primarily by the difference between
the in situ concentration of COs%~ and the saturation concentration of CO3%~, which
itself is mainly controlled by pressure (Millero, 1983). The net effect of the biogenic
formation and dissolution of CaCOs; is a net downward transport of DIC and Alk
from the surface ocean into the deeper ocean. This process thus adds to the biologi-
cal pump and is often termed the carbonate pump (Volk and Hoffert, 1985).

SIDEBAR 9.4
Estimation of Carbon Pump Components

We begin with the conservation equations for DIC, Alk, and phosphate, P:

F(DIC) - ]soft(DIC) + Jcarb(DIC) (26)
T'(Alk) = Jsort(AIK) + Jcarb (Alk) (27)
I'(P) = Jsore(P) (28)

where Jg o denotes the source term due to the soft tissue pump and J, denotes
the source term due to the carbonate pump. The operator I' represents the transport
and time rate of change (see equation 13). Please note that gas exchange enters as
a boundary condition and is therefore not included in equation 26. The J terms of
the soft tissue pump of DIC and P are related to each other by the stoichiometric
ratio rcsp. The influence of the soft tissue pump on Alk (Brewer, 1978) is equal to
the change in nitrate, which in turn is related to a change in P by the stoichiometric
ratio 'N/P-

S50t (DIC) = re/pJsori(P) (29)
Jcarb(DIC) = % Jcarb (AlK) (30)
Jsoft(Alk) = *Jsoft(NO.’;) = *rN/PJsoft(P) (31)

Substituting these relationships (equations 29 to 31 into equations 26 and 27) and
eliminating the Jor and Jup results in

I'(DIC) - rcpI'(P) — %[I‘(Alk) +rnpl'(P)] =0 (32)

Since we assumed constant stoichiometric ratios, the DIC, Alk, and P equations
are linear, and therefore the transport and time rate of change operators I' can be
combined to give I'(DIC — rcpP — I[Alk + rn/pP)]. This allows us to define a
tracer C*.

C* = DIC — rc/pP — L (Alk + ry/pP) + const (33)

with conservative properties; that is, C* has no biological or chemical sources or
sinks in the ocean [I‘(C*) = 0] (Gruber et al., 1999). Since we have removed the
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effects of biological processes, the variations in C* are governed only by air-sea gas
exchange, including the uptake of anthropogenic COs,.

The value of the constant is arbitrary, but for the purpose of our dlscussmn here it
is convenient to choose it such that the global mean surface value of C™ is zero. This
is the case if we set the constant equal to rc/pP” — f(Alk" — rn/pP?) — DICY, where
P2, Alk°, and DIC? are constant reference values, chosen here to be ocean surface
mean values (i.e., 2320 umol kg~ ! for Alk°, 0.07 umol kg~ ! for P°, and 2034 pmol
kg~! for DIC®. In addition, we normalize C* to a constant salinity, S°, in order to
remove the influence of evaporation and precipitation.

This gives

SO
sC* = = [DIC - rcjp AP — L (AAIk + ryjp AP)] — DIC” (34)

where AP = P — (§/5°)P? and AAlk = Alk — (S/8°)AIK°. This definition of sC*
is equivalent to the tracer £CO,* employed by Broecker and Peng (1992) to study
large-scale meridional transport of carbon in the oceans. Strlctly speaking, the salinity
normalization introduces small nonlinear terms, so that I'(sC ) is not exactly zero
anymore. However, since salinity varies by less than 5% over most of the ocean,
these nonlinearities are very small and can therefore be neglected.

The contribution of the potential soft tissue pump, ACs., and that of the potential
carbonate pump, AC.,, can be identified in equation 34 as the second and last terms
inside the brackets on the right-hand side, that is,

0

S
ACqof; = ? rcyp AP (35)

o

S
ACear = 1 (AAIK + rnjp AP) (36)

In Section 4.5, we explain how we can estlmate the amount of anthropogenic CO,
in the oceans using tracers derlved from C*. This permits us to remove the anthro-
pogenic CO, component from sC* and investigate the gas exchange pump in the
preindustrial ocean.

ACgas ex — SC* — AC;y (37)

4.2.  Pump Separation

We use the concept of quasiconservative tracers to separate the carbonate and gas
exchange pumps from the soft tissue pump, as well as to distinguish the anthro-
pogenic CO,. Our strategy is very similar to that used by Broecker and Peng (1992),
who investigated the uptake of CO, from the atmosphere in the North Atlantic and
its subsequent transport across the equator. The details of the separation are given in
Sidebar 9.4.

We describe the effect of the soft tissue pump, AC,o; by using phosphate as an
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indicator just as we did for nitrate (see Sidebar 8.3). For the contribution of the car-
bonate pump, AC.,p, we can use alkalinity (Alk) as an indicator, since its distribution
is dominated by this pump. Finally, we estimate the gas exchange pump, ACgy ex, by
taking the difference between the observations and the two biological pumps. A com-
plication is that we have to take into account the invasion of anthropogenic CO, from
the atmosphere. We use the method of Gruber et al. (1996) to estimate this contri-
bution, AC,y, directly from observations, as discussed in more detail below. Since
we are interested primarily in surface-to-deep gradients, we look only at deviations
from surface mean concentrations. We thus consider the following separation:

AsDIC,; = SDIC — AC,y — DIC® = ACof + ACcar + ACgs ex (38)

where AsDIC,; is the preindustrial (pi) sDIC concentration relative to a reference
concentration DIC® chosen here as the mean surface ocean sDIC in preindustrial
times.

It is important to note that the gas exchange pump, as we define it here, con-
sists itself of two different components, one driven primarily by heat fluxes (thermal
component, ACL,‘;E;”;() [with a small component driven by freshwater fluxes (Murnane
et al.,, 1999)] and one driven by changes in surface carbon chemistry as a consequence

of biology (biological component, ACY° _):

gas ex

ACgys ex = ACDR o + ACHTD (39)

gas ex gas ex

The solubility pump (Volk and Hoffert, 1985), as commonly understood to be that
part of the DIC variations that is driven by heat and freshwater fluxes, is therefore
equivalent to the thermal component of the gas exchange pump, Ac‘g*f;g;.

It is important to recognize that the soft tissue pump and the carbonate pumps
that we infer from P and Alk are the DIC distribution the ocean would have in the
absence of air—sea gas exchange. They thus can be thought of as the “potential”
biological pumps. The effect of air—sea exchange is to reduce the magnitude of the
DIC variations induced by biological processes. Unfortunately, we cannot separate
ACgy ex rigorously into its two components on the basis of observations. However,
we will use model results to illustrate the role of these two gas exchange components.

We discuss each of these pumps in turn, beginning with the soft tissue pump. The
major focus of the discussion is on the contribution of the gas exchange pump to the
DIC distribution, because this pump reveals some interesting features that serve as
good examples to illustrate physical-biogeochemical interactions, particularly when
contrasted with oxygen.

4.3. Biological Pumps

Figure 9.14 shows that the potential soft tissue pump is the most important one, being
responsible for about 220 umol kg~ (70%) of the preindustrial surface-to-deep gra-
dient of about 315 pwmol kg~ !'. The potential carbonate pump accounts for approx-
imately 60 umol kg~ (20%) of the observed gradient. However, it is important to
be reminded that these are estimates of the contributions of the biological pumps in
the absence of air—sea gas exchange and that air—sea gas exchange will tend to reduce
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the effect of biology by allowing some of the deep-ocean CO, to escape through
outcrops in the high latitudes.

The dominance of the soft tissue pump in creating the vertical gradient in AsDIC,;
is a direct consequence of the strong correlation observed between DIC and P (Fig.
9.9a). The substantially smaller contribution of the carbonate pump is consistent with
the observation that the expert of CaCOs3 out of the surface ocean is about four to
five times smaller than that of organic carbon (Broecker and Peng, 1982; Milliman,
1993; Milliman and Droxler, 1996). Figures 9.15a and b show the contribution of the
biological pumps in more detail along the same section as DIC was presented in Fig.
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9.3a. As the contribution of the soft tissue pump is essentially a scaled version of
the phosphate distribution, its distribution bears no new information. The contribution
of the carbonate pump shows a pattern similar to that of the soft tissue pump, with
surface depletion in the low latitudes, high concentrations in the surface waters of
the Southern Ocean, and gradually increasing concentration along the flow path of
the lower limb of the Great Conveyor Belt. However, there are a number of notable
differences, of which two stand out.

First, the strong vertical gradients in AC. observed in the upper thermocline of
the low latitudes are almost completely absent in the AC, distribution. Although
this upper ocean gradient accounts for almost the entire surface-to-deep gradient in
the soft tissue component, ACq, the contribution of the carbonate pump component,
ACcy, to the vertical variability of AsDIC,; in the main thermocline is relatively
small (<40 pmol kg '). The second difference to note is that the vertical maximum
of AC.a occurs significantly deeper than that of ACgg.

The difference between ACg. and AC,p 1s particularly striking in the Atlantic
basin, where AC., gradually increases all the way to the bottom, whereas ACqog
shows a pronounced maximum in intermediate waters at around 1000 m. The maxi-
mum in AC., shoals from the Atlantic to the Indian and Pacific Oceans but still
occurs significantly deeper than the maximum in ACg.g. This indicates that the for-
mation and dissolution of calcium carbonate is a process that is to some degree inde-
pendent from the formation and remineralization of organic matter. With regard to
dissolution, there exists a general consensus that the saturation state of seawater with
respect to CaCO; represents the most important driver for CaCOj dissolution (Keir,
1980; Broecker and Peng, 1982; Jahnke et al., 1994). Surface waters are supersatu-
rated with respect to CaCQOj3, whereas deep waters are generally undersaturated. How-
ever, the depth where waters change from being supersaturated to being undersatu-
rated [called the saturation horizon (Broecker and Takahashi, 1977)] is variable. The
saturation horizon with respect to calcite lies at about 4000 m in the North Atlantic
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and shoals gradually southward to about 3000 m in the South Atlantic (Broecker
and Takahashi, 1977; Archer, 1996). The calcite saturation horizon shoals further as
waters move northward into the Indian and Pacific Oceans. In the North Pacific, this
horizon lies as shallow as 500 m (Archer, 1996).

It is interesting to note that the distribution of the calcite saturation horizon is
largely shaped by the soft tissue pump. The saturation state of seawater with respect
to CaCOj is essentially controlled by the concentration of the CO3%~ ion, which can
be approximated by the difference between Alk and DIC (CO;2~ = Alk — DIC) (see
equations 23 and 24). Using this approximation we can estimate the contribution
of the soft tissue and carbonate pumps to variations in CO32, since we know the
contribution of these pumps to variations in DIC and Alk. The net surface-to-deep
gradient in (Alk — DIC) from the carbonate pump is about 60 umol kg~! (2 x 60
pmol kg~!), whereas the surface-to-deep gradient in (Alk — DIC) from the soft tissue
pump is about —190 wmol kg~! (220/6.6 umol kg~ — 220 umol kg~'). Thus, the
soft tissue pump is clearly the dominating controlling factor for the distribution of
CO52™ and hence also for the saturation horizon.

The spatial distribution exhibited by AC,, is largely consistent with the observed
variation of the calcite saturation horizon. Comparably little addition of DIC from the
dissolution of CaCOj particles is found above the saturation horizon, whereas sub-
stantial amounts can be found below this horizon. However, the gradients are much
smoother than one might expect if there were no dissolution occurring in supersatu-
rated waters. This lack of strong gradients is certainly caused in part by the smoothing
effect of ocean circulation and mixing. However, there exists increasing evidence that
a sizable fraction of the sinking flux of CaCOs is dissolving well above the satura-
tion horizon (Milliman et al., 1999). This evidence comes in part from many obser-
vations that show that the vertical CaCOs; flux captured by sediment traps decreases
with depth well above the saturation horizon (Martin et al., 1993). Shallow-water
dissolution of CaCOjs is further supported by measurements of the in situ concentra-
tion of CaCOj particles, which indicate a rapid decrease with depth (Bishop et al.,
1986) and measurements of surface ocean calcification rates that are several times
larger than the measured CaCOs; fluxes at 1000 m depth (Balch and Kilpatrick, 1996).
The exact mechanisms that drive this dissolution are presently not well understood,
but Milliman et al. (1999) speculate that dissolution inside zooplankton guts and
respiratory-driven dissolution within particles might be important. In addition, dis-
solution in sediments and diffusion of the products back into the overlying waters
might also contribute to the existence of AC.,, signals above the saturation horizon
(Emerson and Bender, 1981).

Processes in the sediments are important to consider for the CaCOj3 cycle for two
reasons. First, a significant fraction of the surface export production of CaCOj reaches
the sediment surface and is transformed there [about 40% according to Milliman and
Droxler (1996)]. Second, observations and model studies have shown that the CaCO;
saturation state of pore waters is often much lower than the saturation state of the
overlying waters (Emerson and Bender, 1981; Archer et al., 1989; Berelson et al.,
1994). The reason for this decoupling between dissolution and the saturation state
of the overlying seawater is the remineralization of organic matter in the sediments
which can strongly decrease the CO3>~ content in the porewaters (identical to the
effect of AC,o on the position of the saturation horizon, explained above) (Berger,
1970; Emerson and Bender, 1981; Hales and Emerson, 1996). This effect is particu-
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larly strong if the amount of organic matter reaching the sediment is approximately
equal to or bigger than the amount of CaCO3 being deposited (Archer, 1991, 1996).
The magnitude of respiratory-driven dissolution of CaCOj is not very well estab-
lished. Sediment model results suggest that 40 to 70% of the sediment dissolution
could occur at or above the calcite saturation horizon (Hales et al., 1994; Archer,
1996), whereas budget calculations by Milliman (1993) indicate a far smaller con-
tribution of only about 20%.

4.4  Gas Exchange Pump

We turn now to the gas exchange pump. Figure 9.14 reveals that the contribution of
the gas exchange pump to the global mean vertical profile of AsDIC,; amounts to
only about 35 umol kg~! (10%). This is very different from what we might expect
if we assumed that the main driving factor for the air—sea exchange of CO, is the
exchange of heat across the air—sea interface and if we further assumed that CO,
exchanges as quickly as heat. We can estimate the expected DIC gradient due to this
process using the observed surface to deep temperature gradient of about 18°C and
employing a temperature sensitivity of the DIC solubility of about 9 umol kg~ ! per
degree temperature change (Takahashi et al., 1993). This yields an expected surface
to deep gradient in DIC of about 155 umol kg~ !, more than five times our estimate
(Fig. 9.16). The small imprint of gas exchange on CO; is even more puzzling when
we contrast it with the very large imprint this process has on the distribution of O,
(Fig. 9.90).

Consideration of ACg,ex in the various ocean basins reveals additional puzzles
(Fig. 9.15¢). Hidden in the small global mean surface to deep difference of ACys ex,
we find a very large imprint of the gas exchange pump in the deep Atlantic asso-
ciated with NADW. The deep Pacific has much smaller and vertically more uni-
form values of ACg,ex. What are the reasons for the Atlantic having such a large
air—sea exchange imprint, whereas the deep Pacific is lacking it? This question is
linked to one of the currently intensively debated research topics in global carbon
cycle research. Since deep waters in the Atlantic flow southward, this high-AC,; x
signal in the deep Atlantic provides, in principle, an oceanic conduit for transport-
ing CO, from the northern hemisphere into the southern hemisphere (Broecker and
Peng, 1992, 1993; Keeling and Peng, 1995). In the preindustrial steady state, such as
oceanic southward transport had to be compensated by a northward transport in the
atmosphere. This would have required the existence in preindustrial times of a south-
to-north concentration gradient in atmospheric CO;. Accurate knowledge of such a
preindustrial interhemispheric gradient in atmospheric CO, is of prime importance
for atmospheric inverse studies that attempt to determine the present sources and
sinks of anthropogenic CO; in the global carbon cycle (Keeling et al., 1989; Tans
et al., 1990; Ciais et al., 1995; Fan et al., 1999).

We start our discussion by addressing the puzzle of the small global mean con-
tribution of the gas exchange pump and consider the Atlantic gas exchange signal
afterward. As we will see, however, the underlying cause for these two patterns is the
same. It is the interaction of large-scale ocean circulation, slow kinetics of air—sea
gas exchange, ocean biology, and heat fluxes that determine how strongly the gas
exchange pump influences the distribution of DIC in the ocean.
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Fig. 9.16. Hypothetical vertical profiles of DIC in a series of thought experiments to elucidate the
contributions from the two thermal gas exchange components (top row) and from the two biological gas
exchange components (bottom row). The top row depicts the DIC distribution in an abiological ocean
with realistic temperature distribution and various gas exchange scenarios. The bottom row shows the DIC
distributions in a biological ocean with fixed temperature distribution and various gas exchange scenarios.
The potential gas exchange pump components are the changes in the DIC distributions that occur when
one goes from an ocean without air—sea gas exchange to one with infinitely fast gas exchange. The kinetic
gas exchange components are then the changes in DIC that are caused by replacing the infinitely fast gas
exchange with a realistic one. The main point to note is that the thermal and biological gas exchange
pump components have a tendency to operate in opposite direction. This is the main reason why the gas
exchange pump component is relatively small.

Global Mean

The key to understanding the vertical variations in ACg,q ex is to recall that not just
heat fluxes control the exchange of CO, across the air—sea interface but that biological
processes also play an important role (see equation 39). It is the opposing effects of
the heat fluxes and biological processes, as explained below, that leads to the small
contribution of the gas exchange pump. The second important key is the fact that the
exchange of CO, across the air—sea interface is slow relative to the residence time
of waters near the surface. This prevents the full expression of both the heat fluxes
and the biological changes on the respective gas exchange fluxes.

We begin by separating the gas exchange pump into potential biological and ther-
mal components (ACh P!, ACET-P*") which indicate the tendency that would be
achieved only if gas exchange was infinitely rapid; and into two kinetic components
(ACHio-kin - pctherm-kiny "y hich describe the changes from the infinitely rapid exchange

gas ex 2 gas ex 27 X
to the case with realistic air—sea gas exchange.
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puted from AOU, taking into account a change in the surface Alk concentration due to biology on the

basis of preformed surface alkalinity estimates (Gruber et al., 1996) The kinetic ACﬂ;eSrg} profile is taken

from the model of Murnane et al. (1999), and the kinetic ACgag ex is calculated by dlfterence.

Acgas ex = Awa pot + ACblO kin + Actherm pot + Actherm kin ( 40)

gas ex gas ex gas ex gas ex

The sum of the two biological components is equal to AC;‘; ox and the sum of the
two thermal components is equal to Acg’;“e‘; (see equation 39).

The role of each of these four gas exchange components can be better under-
stood following two thought experiments: In order to assess ACgyex, We start with
an ocean with realistic temperature distribution, but without biology. Without air—sea
gas exchange, this ocean would have a uniform DIC distribution. We then turn on
infinitely rapid air-sea exchange and let the ocean fully equilibrate with a fixed
atmosphere of 280 ppm (Fig. 9.16). The difference between this case and the no-
gas-exchange case is the contribution of the potential Act*;f;g; pump (also called a
potential solubility pump (Murnane et al., 1999). The potentlal Acggg; component
can be estimated directly from data by computing the DIC equilibrium concentration
and assuming constant salinity normalized total alkalinity. The resulting mean global
surface-to-deep gradient of Acgifg; POt amounts to about 155 wmol kg~ ! (Fig. 9.17).

What happens if we then use a realistic air—sea gas exchange? As it takes
about 10 months to equilibrate DIC in a 50-m-deep surface layer with the atmo-
sphere (Broecker and Peng, 1974), and typical residence times of surface waters are
between a few days to a few years, the CO, system in surface waters generally does

not achieve equilibrium with the atmosphere. Therefore, the potential thermal gas
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exchange pump cannot be achieved fully, resulting in a reduced vertical DIC gra-
dient (Fig. 9.16), the difference being the kinetic AC;Z‘Q}( effect. Unfortunately, we
cannot estimate the kinetic AC;];‘??X component directly from observations, but sim-
ulations by Murnane et al. (1999) indicate that the slow kinetics of CO, exchange
reduces ACp' from the potential ACy's, of 155 pmol kg™' to about 100 pmol
kg !, suggesting that the slow kinetics of air-sea gas exchange plays an important
role.

We do a second thought experiment to elucidate the influence of biology on air—sea
gas exchange. We start with an isothermal ocean with fully expressed soft tissue and
carbonate pumps and no air—sea gas exchange (Fig. 9.16). Infinitely rapid air—sea gas
exchange is then turned on until surface waters are fully equilibrated with a fixed
atmosphere of 280 ppm. In this case, CO, would behave very similarly to O, and
the interior distribution of DIC would be similar to rc/0, X AOU, except for a small
change caused by surface variations in Alk. The potential ACE;‘; x contribution is the
difference between these two cases (Fig. 9.16) and amounts to about —130 pmol kg™
(Fig. 9.17).

When we then use a realistic air—sea gas exchange instead, the reduction of the
imprint of the biological pumps is smaller, leading to a vertical gradient from the
biological pumps and the biological ACgysex pump that is somewhere between the
fully expressed pumps and the potential A g;‘; ox case (Fig. 9.16). This means that
the kinetic AC;‘; ox 18 positive, (i.e., it increases the surface to deep gradient in DIC)
(Fig. 9.17). As was the case for the kinetic ACtg};irg; contribution, it is currently not
possible to estimate the kinetic ACE;‘; o contribution directly from data. However,
adopting the estimate ACfghaf;“x estimated by Murnane et al. (1999) suggests that the
kinetic effect for the biological component of ACg¢x is substantial and around 60
pmol kg~!, resulting in a AC';;‘; «x component of only about —70 pmol kg™! (Fig.
9.17).

Although the exact values of the kinetic components are not known, the overall
conclusion is very clear. The small imprint that air—sea gas exchange has on the ver-
tical DIC distribution (ACg; ex) is a consequence of generally opposing tendencies of
AC'g’;‘g o and ACS;?@. The magnitude of these two components depends on the magni-
tude of biological fluxes and heat fluxes that create potential gas exchange fluxes and
the kinetics of air—sea exchange that determines to what degree these two potential
pumps are realized. If the simulations by Murnane et al. (1999) are approximately
correct, it appears that in the present ocean, a relatively small fraction of the potential
gas exchange pumps are expressed.

The situation is very different for oxygen. Like CO,, the solubility of O, increases
with decreasing temperature. However, the contribution of the soft tissue pump to
variations in O is opposite to that of DIC. The biological contribution to air—sea gas
exchange thus generally enhances the oxygen fluxes caused by heat fluxes. This fact
and the more rapid air—sea exchange kinetics of O, relative to CO, leads to a much
larger influence of the air—sea gas exchange pump on the large-scale distribution of

oxygen in comparison to DIC.

Atlantic versus Pacific

The large ACgysex imprint in the deep Atlantic can be understood following argu-
ments similar to those used to understand the global mean distribution of ACg; ex.
However, this time it is more instructive to trace the different water masses back to
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Fig. 9.18. Meridional variations of the ocean carbon pumps in the surface waters of the Pacific. (a)

Surface concentrations of ACgasex and AsDICp;. Also shown is the potential ACtg}}ﬁrg( concentration. (b)

Surface concentrations of ACsoft and ACcarh. The observations of AsDICy,; are repeated for comparison.
(Data from WOCE cruise P16.)

the places where they were last in contact with the atmosphere and obtained their
air—sea gas exchange signal. What we will see below is that over most of the world
ocean, ACgy, ox has a relatively small expression because of cancellation of the ther-
mal gas exchange pump by the biological gas exchange pump. The North Atlantic,
which has a very weak expression of the biological gas exchange effect, is the one
exception to this. The deep ACgy,x signal that we see is thus an expression of the
thermal gas exchange pump.

The AC,qs cx signal in the deep Atlantic is associated with NADW, and since this
water is formed in the northern North Atlantic, we have to look at surface-water
properties there. To better understand the peculiarities of the North Atlantic, it is
helpful to contrast this basin with the surface distribution in the Pacific.

Figure 9.18a shows surface ocean concentrations of ACg; ¢x, calculated from equa-
tion 37, as a function of latitude in the Pacific Ocean, and Fig. 19a shows the same
for the Atlantic. Also plotted are the potential AC‘g‘?gg (equal to the equilibrium DIC
concentration) and the observed DIC concentrations. The first point we note is that
ACgys ex shows more variations at the sea surface than we have seen in the water col-
umn. However, differences in ACg,ex between the temperate latitudes where most
of the thermocline waters are formed and the polar latitudes of the southern hemi-
sphere, where most of intermediate and deep waters of the Indian and Pacific Oceans
have their sources, are relatively small (e.g., maximally about 50 wmol kg !). This
is consistent with our observation of a very small vertical gradient in ACgy ex, since
the Indian and Pacific Oceans dominate the global mean profile.

By contrast to the Pacific, the ACgy ex signal in the North Atlantic increases con-
tinuously toward the north, reaching higher levels than found in the northern North
Pacific and in the far south of the Southern Ocean. Although this explains where
the signals observed in the interior come from, it does not explain why the different
regions have such a different surface expression of ACgyq ex.

If air-sea gas exchange were infinitely fast and there were no biology, ACgs ex
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Fig. 9.19. Same as Fig. 9.18 except for surface waters of the Atlantic. (Data from the OACES NATL93
and SAVE cruises.)

would follow the potential ACtg}fS”;( concentration shown in Figs. 9.18a and 9.19a.

In such a case, waters that flow from high latitudes to low latitudes, and vice versa,
would need to exchange large amounts of CO, to the atmosphere to account for the
large temperature sensitivity of DIC. Although it appears that ACq, ¢« in the Atlantic
Ocean indeed follows the potential Actg‘f;g; distribution throughout the ocean basin
ACgy ex in the Pacific deviates strongly from it in the high latitudes. This small high-
to-low latitude gradient in ACyyex indicates that much less CO, is exchanged with
the atmosphere in this basin. Such a conclusion could be explained with the relatively
slow rate of air—sea gas exchange. Nevertheless, this is surprising since despite this,
surface water DIC is everywhere relatively close to equilibrium with the atmosphere.
This can only be the case if other processes play also a role in controlling air—sea
gas exchange.

The solution is revealed in Figs. 9.18b and 9.19b, which show the contribution
of the two biological pumps to surface ocean DIC variations. It turns out that the
surface waters in the Southern Ocean contain large amounts of DIC that stem from
the remineralization of organic matter and the dissolution of CaCO, (high AC. and
AC,qap)- This is a consequence of upwelling processes, which bring intermediate and
deep ocean waters with high AC. and AC,y to the surface, and a relatively inef-
ficient biological pump that is not able to remove these biological signals as rapidly
as they are brought up.

When these waters are transported from the Southern Ocean to low latitudes,
biological production removes almost all of this “excess” ACgo and ACcyy, reduc-
ing DIC accordingly. This reduction is apparently of very similar magnitude as the
required change in DIC to accommodate the temperature change. Therefore, these
waters have to exchange only limited amounts of thermally driven CO, with the
atmosphere to remain near equilibrium with the atmosphere. This is equivalent to
saying that, in the Pacific and in the South Atlantic, the biologically driven CO,
fluxes compensate to a large degree for the thermally driven CO, fluxes.

In the North Atlantic, the contribution of AC.; and AC.yp to surface DIC vari-
ations are much smaller, indicating a much smaller biological compensation for the
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thermally driven CO; fluxes. This creates a strong tendency for the North Atlantic to
take up CO; from the atmosphere. The reason for this different behavior of the North
Atlantic is the thermohaline circulation, which feeds low-nutrient surface waters from
the subtropics into the NADW formation region. On the way, these waters are giv-
ing off large amounts of heat, leading to a strong cooling of these waters (Schmitz,
1996). These waters remain sufficiently long near the surface, so that the slow kinet-
ics of air—sea gas exchange does not impede the uptake of substantial amounts of
CO, from the atmosphere. This uptake from the atmosphere can occur because the
cooling occurs without excessive entrainment of nutrients from below as is happen-
ing in the Southern Ocean. This is because the nutrient content of the thermocline is
relatively low as a result of the nutrient export by the NADW. An additional factor
contributing to the low ACor and AC.yy signals in the North Atlantic in comparison
with the Southern Ocean might be the large difference in the deposition of dust from
the atmosphere. In the Southern Ocean, the observational evidence is steadily increas-
ing that the low atmospheric deposition of iron is preventing the complete drawdown
of nutrients, thus creating the largest high-nutrient, low-chlorophyll (HNLC) regions
(Martin et al., 1990, 1991; deBaar et al., 1995; Boyd et al., 2000). The delivery of
iron to the North Atlantic is almost an order of magnitude higher (Duce et al., 1991;
Tegen and Fung, 1994) and appears to be sufficient to allow nearly complete draw-
down of nutrients (and hence ACgy and AC,up. This example illustrates how the
interaction of biological processes with large-scale ocean circulation and possibly
the biogeochemical cycles of iron can lead to quite unexpected results.

Surface Fluxes

A complementary way to study the role of the thermal and biological gas exchange
pumps is to look at their role in shaping the spatial patterns of the air—sea exchange
flux. As observations do not allow the separation into these two gas exchange com-
ponents, we use the model results of Murnane et al. (1999) as an illustration. Figure
9.20 shows the meridional pattern of the zonally integrated air—sea gas exchange as
predicted by this model. The patterns exhibited by the thermal gas exchange pump
are related to the transport of heat and water within the ocean and its exchange with
the atmosphere. In the high latitudes, surface waters lose heat to the atmosphere and
consequently take up CO, from the atmosphere. In the equatorial regions, colder
waters that are upwelled to the surface are warmed up, which leads to a loss of CO,
to the atmosphere. The correlation of the air—sea exchange fluxes of CO, with the
heat fluxes are modified, however, by the relatively slow air-sea exchange of CO,
compared to heat. This shows up particularly in the equatorial region, where the peak
of the CO, gas exchange is much wider than would be predicted by the heat exchange
alone.

The biological pump represents, to a first approximation, a closed loop within the
ocean. Waters that are brought to the surface contain an excess of inorganic carbon
relative to these surface waters. At the same time, these waters also contain an excess
of nutrients. Biological uptake at the surface is generally fast enough to strip out all
or most of the nutrients and the excess CO, before CO, is lost to the atmosphere.
Only in regions where the biological uptake is inefficient will CO, escape into the
atmosphere. A good diagnostic of such regions is high surface nutrient concentrations,
which occur in the Southern Ocean, the equatorial Pacific, and the North Pacific. The
Southern Ocean, characterized by the highest surface ocean nutrient concentration,
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also represents the region with the highest loss of CO, to the atmosphere associated
with the biological pump. The loss in this region almost compensates the uptake
of CO; from the atmosphere as a consequence of the thermal gas exchange pump,
leaving only a small residual air-sea exchange flux in the combined pump scenario
(Fig. 9.20). This is exactly the same compensation that we alluded to before when
trying to explain the low vertical ACgy ox signal in the observations. The loss of CO,
in the high latitudes and near the equator due to the biological pump is compensated
by a net uptake of CO, in the midlatitudes, so that the global net exchange is zero
as required. Simulations of the contribution of the carbonate pump to the variation
in the biological pump shows it to be generally small (Murnane et al., 1999).

The pattern of the zonally integrated air—sea exchange due to the combined pumps
represents the sum of the patterns generated by the gas exchange and biological
pumps. Since the two pumps almost cancel each other in the Southern Ocean, the
equatorial outgassing region represents the largest source of CO; to the atmosphere.
This primarily thermally driven outgassing is compensated in the midlatitudes by the
primarily biologically driven uptake of CO, from the atmosphere.

4.5.  Anthropogenic CO,

We have assumed so far that we know the amount of anthropogenic CO; in the ocean
and that we therefore can subtract it from the observed DIC distribution. However,
the exact determination of the anthropogenic CO, signal in the ocean is far from
trivial and subject to intense scientific debate.

The most direct means to estimate the oceanic uptake of anthropogenic CO; is to
measure the increase of DIC in the oceans over time. This is a daunting task, given
the large spatiotemporal variability observed in DIC and given that the maximum
signal of anthropogenic CO, in the oceans is expected to be only about 65 pmol
kg~!, with a present rate of increase of about 1 umol kg~!' per year. We are also
lacking historical DIC measurements that are accurate enough to establish a reliable
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base line of DIC concentrations in the past with a few exceptions (see, e.g., Sabine
et al., 1999; Peng et al., 1998). Furthermore, no natural archive exists that would
permit reconstruction of ocean DIC concentrations, such as we have for atmospheric
trace gases in the form of ice core records.

Thus, the amount of anthropogenic CO, that has entered the ocean must be
obtained by less direct means. The approach most commonly employed so far has
been the use of ocean models designed to take into account not only the thermody-
namic capacity of seawater but also the two rate-limiting steps, air—sea gas exchange
and vertical transport. However, there exists a more direct strategy, in which the
anthropogenic CO; signal is extracted from DIC observations in the water column.
Brewer (1978) and Chen and Millero (1979) were the first to point out that the anthro-
pogenic CO; can be estimated by correcting the measured DIC in a water sample for
the changes that occurred due to the remineralization of organic matter and the dis-
solution of CaCOj since it lost contact with the atmosphere and by subtracting pre-
formed preindustrial DIC. However, the Brewer and Chen—Milero approach never
found general acceptance, since the uncertainties associated with the estimates were
regarded as too large (Shiller, 1981, 1982; Broecker et al., 1985a). However, Gruber
et al. (1996) showed that this approach can be improved by introducing a few impor-
tant modifications.

Data Reconstruction

The approach described by Gruber et al. (1996) employs a quasiconservative tracer,
AC*, which is related to the C* tracer used Oabove for separating the different pump
components from the observed variations of DIC (see equation 33). To extract the
anthropogenic (CO, component from the observations, Gruber et al. (1996) looked
only at deviations of C* from preindustrial preformed concentration of c* (i.e., the
C* concentration a water parcel had when it was last at the surface in contact with
the preindustrial atmosphere). This preindustrial C* concentration is estimated using
information about the age of the water parcel estimated from age tracers [such as
fluorochlorocarbons (CFC)] and assuming that the degree of CO, saturation has not
changed over time as a result of the anthropogenic perturbation.

Goyet et al. (1999) recently introduced another new technique, in many ways sim-
ilar to that of Gruber et al. (1996), but containing a number of distinct differences
(Coatanoan et al., 2001). The main differences are the more detailed consideration
of mixing effects, but foregoing the information contained in the age tracers and
assuming instead that the anthropogenic CO, follows a predescribed depth distribu-
tion. This approach has been applied so far only in the northern Indian Ocean, where
it resulted in about 40% lower inventories of anthropogenic CO, in comparison to
the approach developed by Gruber et al. (1996) and employed by Sabine et al. (1999)
(Coatanoan et al., 2001). As the anthropogenic CO; estimates based on the Gruber
et al. (1996) technique are the only ones currently available on the global scale, we
employ those for our discussion here, but it is important to note that these estimates
have uncertainties on the order of 20% associated with them.

Figure 9.21 shows the distribution of anthropogenic CO, along the North
Atlantic—Southern Ocean—North Pacific section, based on the data of Gruber (1998)
for the Atlantic, of Sabine et al. (1999) for the Indian Ocean, and of Feely et al. (1999)
for the Pacific. The large-scale distribution of anthropogenic CO, is as expected for
a tracer that has invaded the ocean from the surface. Highest AC,,; concentrations
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Fig. 9.21. Same as Fig. 9.3, except for anthropogenic CO; (umol kg’l). (Data from Gruber, 1998;
Sabine et al., 1999; Feely et al. 1999.)

are found near the surface and the concentrations decrease slowly as depth increases.
However, there exist substantial differences in the surface concentrations as well as
in the vertical penetration of the anthropogenic CO, signal.

The near-surface concentrations of AC,, are highest in the tropical to subtropical
regions (40 to 60 umol kg ') and decrease toward the high latitudes (20 to 30 wmol
kg~!). This initially surprising result is a consequence of the fact that low-latitude
waters have a larger holding capacity for anthropogenic CO, than high-latitude waters
(Takahashi et al., 1980). These surface concentrations are generally very similar to
the concentrations expected under the assumption that these waters were able to track
the anthropogenic CO, perturbation in the atmosphere (Gruber, 1998; Sabine et al.,
1999). The somewhat lower anthropogenic CO, content in the surface waters of the
Southern Ocean compared to these expectations indicate that these waters are not able
to track the atmosphere completely. This is presumably the result of three factors: the
short residence time of these surface waters, substantial dilution of deep and bottom
waters by subsurface mixing with old waters, and effective inhibition of air—sea gas
exchange by sea ice, especially during water (Poisson and Chen, 1987).

Figure 9.21 also reveals substantial meridional differences in vertical penetration
of the anthropogenic CO, signal. In the tropics, AC,, rapidly decreases with depth,
whereas the vertical penetration of the signal is much deeper in the subtropical and
temperate latitudes. The symmetry between the two hemispheres breaks down far-
ther toward the poles. In the North Atlantic north of 60°N, deep vertical penetra-
tion of AC,y is found with concentrations above 10 pmol kg~! down to the bottom.
In contrast, the vertical penetration of anthropogenic CO; in the Southern Ocean is
very shallow. Little vertical penetration of anthropogenic CO, can be found in the
North Pacific. Since anthropogenic CO, can be regarded as a conservative tracer,
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not affected by biological processes, its distribution in the interior is determined by
ocean transport only.

The shallow vertical penetration in the tropics and the deeper penetration in the
subtropical and temperate zones reflect primarily the structure and ventilation of the
thermocline. The contrast between the North Atlantic, Southern Ocean, and North
Pacific requires more discussion. The high concentrations of anthropogenic CO, asso-
ciated with NADW are not a surprise given the fact that NADW represents a recently
ventilated water mass (Broecker et al., 1985b; Smethie, 1993; Doney and Jenkins,
1994), but why do the waters in the Southern Ocean contain so little anthropogenic
CO,, even though deep-water formation is well known to occur in the Weddell Sea,
Ross Sea, and in other shelf areas around Antarctica (Gordon et al., 1993; Broecker
et al., 1999)? As discussed above, surface waters in the Southern Ocean appear to
have not fully tracked the atmospheric CO, increase. This deficit in anthropogenic
CO, is then aggravated as the sinking water entrains large amount of old waters
(Orsi et al., 1999) containing little or no anthropogenic CO,, leading to only a small
AC,y signal in the AABW (Poisson and Chen, 1987). The reason for the low vertical
penetration of anthropogenic CO, in the North Pacific is the absence of deep-water
formation in this region. The densest water formed in the North Pacific originates
from the Sea of Okhotsk, but does not penetrate deeper than approximately 1000 m.

Role of Biology

What is the role of biology in the oceanic uptake of anthropogenic CO,? This topic
has been the source of many misunderstandings and false claims (Broecker, 1999b;
Longhurst, 1991a, b; Sarmiento, 1991), so a short discussion seems appropriate here.

So far in our discussion on anthropogenic CO,, we have neglected the marine
biota. This is somewhat counterintuitive, because we know that the marine biota is
responsible for a large fraction of the surface-to-deep gradient in DIC. Why, then,
does the biological pump not also transport anthropogenic CO, from the surface into
the interior of the ocean? The first point to make here is that the downward trans-
port of carbon in organic material is compensated in a steady state by an equally
large upward transport of DIC, resulting in a zero net transport [except for the small
fraction that goes into the sediments and is replaced by river input (Sarmiento and
Sundquist, 1992)]. Our neglect of the biological pumps is based on the assumption
that they have been operating in steady state before the start of the anthropogenic
CO, perturbation of the carbon cycle and that they have continued to do so ever
since (Broecker, 1991Db).

Two lines of evidence support this hypothesis. First, atmospheric CO, has
remained remarkably stable for at least 3000 years before the eighteenth century
(Etheridge et al., 1996; Indermiihle et al., 1999), indicating that the fluxes control-
ling the surface ocean total carbon content were in balance. Second, according to
the present consensus, marine phytoplankton is controlled by nutrients (including
micronutrients), light, grazing, and vertical stability of the water column (Falkowski
et al., 1998), but not by the concentration of CO, dissolved in seawater (Falkowski,
1994). This view has been challenged, however, by Riebesell et al. (1993), who
showed that the growth rate of three marine diatom species increased as the concen-
tration of CO, increased as a result of the anthropogenic perturbation. Although the
significance of these laboratory experiments for natural phytoplankton assemblages
is controversial (Hein and Sand-Jensen, 1997), there exists more evidence that coral
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reef-forming organisms (Gattuso et al., 1989; Kleypas et al., 1999) and plantonic cal-
cifiers (Riebesell et al., 2000) will decrease their CaCOj5 precipitation rates as CO,
increases. However, according to the model simulations of Kleypas et al. (1999), the
reduction of the calcification rates should have been relatively small so far (but will
become significant in the future) and therefore should not have had a large impact
on the steady-state assumption of the biological pumps. We therefore assume that
the biological pumps have not influenced the past oceanic uptake of anthropogenic
carbon, but rather, acted as a natural background process continuing to work as in
preindustrial times.

Murnane et al. (1999) recently carried out a simulation of oceanic uptake in two
models, one of which contains just the solubility pump and a second combined simu-
lation that includes the biological pumps. The combined simulation takes up 5% less
anthropogenic CO,. This is because the biological pumps reduce the surface alka-
linity and hence storage capacity for anthropogenic CO,. If the solubility simulation
used the same surface alkalinities as the combined model, both would take up the
same amount of anthropogenic CO,.

One cannot assume, however, that the steady-state operation of the biological
pumps will continue forever into the future. Future climate changes, associated with
the buildup of greenhouse gases in the atmosphere, might modify the biological pump
driven fluxes, which could then feed back on the atmospheric composition (Baes and
Killough, 1986; Sarmiento, 1991). Alterations of the biological pumps, for instance,
have been proposed as a possible cause for the dramatic changes in atmospheric
CO, between the glacial and interglacial periods (Broecker, 1982; Sarmiento and
Toggweiler, 1984; Siegenthaler and Wenk, 1984; Boyle, 1988; Martin, 1990; Keir,
1991; Broecker and Henderson, 1998). It is extremely difficult at present to assess
how the biological pump will respond to future climate changes. Results from some
first attempts are the topic of the next section.

Future CO;, Uptake

Manabe and Stouffer (1993) showed in a coupled ocean—atmosphere—ice model that
the continued buildup of greenhouse gases in the atmosphere can lead to major reor-
ganizations of the oceanic circulation. Most notable is the complete shutdown of the
North Atlantic deep water formation that occurs between a doubling and quadrupling
of the preindustrial atmospheric CO, concentration. The concentration at which this
breakdown occurs is certainly model dependent. It has also been shown (Stocker and
Schmittner, 1997) that the rate of increase of the radiative forcing plays a role. More
subtle changes in ocean circulation, which nevertheless can have a large impact on
the ocean biota, occur in these models already much earlier. How do these changes
affect the future oceanic CO, uptake?

Sarmiento and LeQuéré (1996) and Sarmiento et al. (1998) demonstrate that the
predicted changes in ocean circulation lead to a significant decrease of the oceanic
uptake of anthropogenic CO, in models with CO, chemistry but no biology (Fig.
9.22). However, they also found that the biological pumps have the potential to
largely offset the decreased uptake. Using very different models, Joos et al. (1999)
and Matear and Hirst (1999) came to conclusions similar to those of Sarmiento et
al. (1998). It has to be noted, however, that representation of the biological pumps
in these models is very simplistic and that these simulations therefore have to be
regarded as case studies rather than accurate predictions.



LARGE-SCALE BIOGEOCHEMICAL-PHYSICAL INTERACTIONS IN ELEMENTAL CYCLES 389

L B L B L L B L
b Controls

S

1n17

it

=
L
3
5
Q@
g
5
</
S

b
Control

A
\ !
o

+!

o = N W >~ 00 O N
o = N W A~ 0 O N

Warming Biology Model /”“\‘;‘\‘Iarming with

‘ constant PO, |

PR RIS RIS SN S U S S SRS AR YU (T S NS S NS TS N S R
1800 1850 1900 1950 2000 2050 1800 1850 1900 1950 2000 2050

Fig. 9.22. Simulated oceanic uptake of anthropogenic CO; by the GFDL/Princeteon coupled climate
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effective atmospheric CO7, constructed from a business as usual scenario (IS92a), including the negative
feedback from aerosols. (Adapted from Sarimento et al., 1998, with permission of Nature.)

These simulations demonstrate that while the biological pumps are unimportant
for assessing the oceanic uptake of anthropogenic CO, in the past and present, these
pumps might play an important role for the future uptake. However, very little is
known about the possible response of the oceanic biota to climate change. To improve
these predictions, one has to gain a clear understanding of the processes controlling all
important steps of the oceanic biological pumps (e.g., surface production, respiration,
export, and remineralization). As we have learned during our discussion of the marine
carbon cycle, there are still considerable gaps in our understanding, even at a very
fundamental level. However, while we cannot foresee the future, nature has in the
past performed several experiments, from which we might learn something about the
future. During glacial periods, atmospheric CO; has been about 80 to 100 ppm lower
than during interglacial periods (Neftel et al., 1982; Petit et al., 1999). This large
change must be related to dramatic changes in the oceanic carbon cycle, since the
ocean is controlling atmospheric CO, on these time scales. However, the exact causes
for this large drawdown are still unknown (Archer et al., 2000; Sigman and Boyle,
2000) despite 20 years of intense research. This glacial-interglacial CO, problem
together with the question of how the marine carbon cycle will respond to future
climate change thus represents two of the largest challenges for future carbon cycle
research.

5. Concluding Remarks

We started out with the quest to understand the processes that lead to variations in the
distribution of the major biogeochemical elements in the presence of ocean circulation
and mixing that generally attempt to smooth these distributions. We learned that the
dominant gradient maker by far is the photosynthetic uptake of inorganic constituents
to form organic material in the surface ocean and the export and subsequent reminer-
alization of this material in the deeper layers. The interaction of these processes with
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large-scale ocean circulation (i.e., thermohaline circulation) then creates the typical
large-scale distribution of biogeochemical tracers. We also learned that these inter-
actions are often complex, involve many processes, and are seldom well understood.
Unraveling these interactions is becoming more important as humankind is affecting
the biogeochemical cycles on earth to an ever-increasing degree (Falkowski et al.,
2000). For example, industrial N, fixation now exceeds the amount of biological N,
fixation on earth, and the continuing use of fossil fuels will release large amounts of
CO, into the atmosphere, probably leading to a doubling of the preindustrial CO,
concentration by around 2050. We are thus faced at present with a situation where
humankind in changing global biogeochemical systems in an unprecedented way, yet
we are just beginning to understand how these systems operate.
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