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Abstract The Younger Dryas (YD, dated between
12.7-11.6 ky BP in the GRIP ice core, Central Green-
land) is a distinct cold period in the North Atlantic
region during the last deglaciation. A popular, but
controversial hypothesis to explain the cooling is a re-
duction of the Atlantic thermohaline circulation (THC)
and associated northward heat flux as triggered by
glacial meltwater. Recently, a CH,-based synchroniza-
tion of GRIP 6'®0 and Byrd CO, records (West
Antarctica) indicated that the concentration of atmo-
spheric CO, (CO%™) rose steadily during the YD, sug-
gesting a minor influence of the THC on CO3™ at that
time. Here we show that the CO3™ change in a zonally
averaged, circulation-biogeochemistry ocean model
when THC is collapsed by freshwater flux anomaly is
consistent with the Byrd record. Cooling in the North
Atlantic has a small effect on COY™ in this model,
because it is spatially limited and compensated by
far-field changes such as a warming in the Southern
Ocean. The modelled Southern Ocean warming is in
agreement with the anti-phase evolution of isotopic
temperature records from GRIP (Northern Hemi-
sphere) and from Byrd and Vostok (East Antarctica)
during the YD. 6'°C depletion and PO, enrichment
are predicted at depth in the North Atlantic, but not in
the Southern Ocean. This could explain a part of the
controversy about the intensity of the THC during
the YD. Potential weaknesses in our interpretation of
the Byrd CO, record in terms of THC changes are
discussed.
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1 Introduction

Pollen continental sequences indicate that the Younger
Dryas cold climate event of the last deglaciation (YD)
affected mainly northern Europe and eastern Canada
(Peteet 1995). This event has been dated by annual
layer counting between 12700 + 100 y BP and
11550 £ 70 y BP in the GRIP ice core (72.6°N,
37.6 °W; Johnsen et al. 1992) and between 12940 + 260
y BP and 11640 + 250 y BP in the GISP2 ice core
(72.6°N, 38.5°W; Alley et al. 1993), both drilled in
Central Greenland. A popular hypothesis for the YD is
a reduction in the formation of North Atlantic Deep
Water by the input of low-density glacial meltwater,
with a consequent weakening of the Atlantic thermoha-
line circulation (THC) and poleward heat transport
(Broecker et al. 1985). This hypothesis is supported by
cold sea surface temperatures in the North Atlantic at
that time documented by the dominance of polar
foraminiferal assemblages (Ruddiman and Mclntyre
1981; Lehman and Keigwin 1992) and various model
simulations which show that a weakening of the THC
promotes a strong cooling in the North Atlantic region
(Wright and Stocker 1993; Manabe and Stouffer 1995,
1997; Fanning and Weaver 1997; Mikolajewicz et al.
1997; Schiller et al. 1997). The meltwater hypothesis has
been questioned, on the other hand, because nutrient
proxy records from deep sea sediments give conflicting
results with regard to the THC intensity during the YD
(Boyle and Keigwin 1987; Keigwin et al. 1991; Keigwin
and Lehman 1994; Jansen and Veum 1990; Veum et al.
1992; Charles and Fairbanks 1992; Sarnthein et al.
1994) and the YD seemingly occurred during a period
of reduced melting (Fairbanks 1989; Bard et al. 1996;
but see Edwards et al. 1993 for an opposite evidence).
These two counter-arguments, however, might not be
very critical for the meltwater hypothesis for several
reasons. First, the apparent contradiction between nu-
trient proxy records during the YD could result from
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a different time resolution and sampling frequency
in the deep sea cores (Boyle 1995). Second, these
records come from different depths and locations in the
Atlantic and could thus have monitored the properties
of different water masses in the past (Jansen and
Veum 1990). Third, various factors can potentially
affect deep sea nutrient proxy records, in addition to
changes in the proportion of end members (Charles
et al. 1993; Mackensen et al. 1993; McCorkle et al.
1995). Finally, the large pre-YD melting could have
decreased surface salinities in the North Atlantic to the
point where the THC becomes vulnerable to the glacial
meltwater input documented during the cold event
(Broecker 1990).

Analyses of air trapped in Greenland and Antarctic
ice revealed large and abrupt changes in the atmo-
spheric CH, content during the last deglaciation
(Blunier et al. 1997). These changes must have the
same origin because the residence time of CHy in
the atmosphere is one order of magnitude larger than
the interhemispheric exchange time. This permits a
synchronization of ice cores from the Northern and
Southern Hemispheres with a theoretical accuracy of
about 50 y (Blunier et al. 1997). Blunier et al. (1997)
used this approach to put three different polar ice
records on a common time scale: the §'*O record
from GRIP, the CO, and 6'%0 records from Byrd
(80°S,120°W) , and the 6D record from Vostok
(78.5°S, 106.8 °E). We use CO, data from Byrd to
reconstruct the concentrations of atmospheric
CO,(CO%™) for two reasons. First, the accumulation
rate at Byrd is relatively high for Antarctica, which
provides a good resolution of the CO, record (Neftel
et al. 1988; Indermuhle 1997). Second, the mean scatter
of CO, measurements from neighbouring samples in
Byrd glacial ice (6 ~4 parts per million by volume,
(ppmv); 5 ppmv for the YD interval; Neftel et al. 1988;
Indermiihle 1997) is comparable to the analytical un-
certainty (~3 ppmv). This indicates that Byrd glacial
ice (including that of the transition) is not greatly affec-
ted by chemical reactions (natural artefacts) which can
potentially alter the CO, content of entrapped air (An-
klin et al. 1997). Thus, the glacial CO, record from
Byrd represents likely changes in the concentration of
atmospheric CO,. The main results of the north-south
synchronization (Fig. la-d) are that the evolution of
temperatures in Greenland and Antarctica was in anti-
phase, and the long-term glacial-Holocene increase of
CO5™ was not interrupted during the YD (Blunier et al.
1997). The latter result has been recently confirmed by
additional CO, measurements in the Byrd ice core with
higher analytical precision (Indermiihle 1997; open
circles in Fig. 1d).

In a previous study (Marchal et al. 1998b), we have
applied a zonally averaged, coupled ocean-atmosphere
model including ocean biogeochemical cycling to simu-
late the changes in atmospheric temperature and CO3™
in response to a freshwater-induced collapse of the
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Fig. 1a—d Synchronized polar ice records during the last deglaci-
ation: a '80 at GRIP (72.6°N, 37.6°W; data from Johnsen et al.
1992); b 0D at Vostok (78.5°S, 106.8°E; data from Jouzel et al. 1993);
¢ 6'80 at Byrd station (80°S, 120°W; data from Johnsen et al. 1972);
and d CO, at Byrd (mean + 10) (solid circles: data from Neftel et al.
1988; open circles: data from Indermiihle 1997). The GRIP, Vostok
and Byrd records are placed on a common chronology based on
CH, changes measured in all records (Blunier et al. 1997, 1998) and
using the GRIP time scale of Johnsen et al. (1992) as the reference.
The dashed area indicates the Younger Dryas cold period (YD) in
the GRIP record (12.7-11.6 ky BP). The solid and dashed lines in
b correspond to long-term deglacial linear trends of respectively 5%,
ky~! and 12%,ky~'. The solid and dashed lines in ¢ correspond to
long-term deglacial linear trends of respectively 0.5%, ky ' and
0.9%, ky~'. The solid, long dashed, and short dashed lines in d corres-
pond to long-term deglacial linear trends of respectively 8 ppmv
ky ™!, 11 ppmv ky ', and 14 ppmv ky !

THC. Here, we extend this study by a direct compari-
son of such changes with the isotopic records from
GRIP, Byrd and Vostok, and with the CO, record
from Byrd during the YD. Additional sensitivity experi-
ments are also conducted.

The work is organized as follows. The model is
briefly described in Sect. 2. We compare model results
with polar ice core records in Sect. 3. Our interpreta-
tion of the Byrd CO, record in terms of THC changes
is discussed in Sect. 4. and conclusions follow in
Sect. 5.
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2 Model description

A brief description of the model is given. Details can be found in
Marchal et al. (1998 a,b). The model comprises physical and bio-
geochemical components. The physical component includes
a zonally averaged global ocean circulation model (Wright and
Stocker 1992): the Atlantic, Indian and Pacific basins are represent-
ed separately and connected in the south by a circumpolar channel
(meridional and vertical widths of grid cells vary between 7.5°-15°
and 50 m-500 m increasing with depth; for model grid see Stocker
and Wright 1996). The ocean model is coupled to an energy balance
model (EBM) of the atmosphere (Stocker et al. 1992) and a thermo-
dynamic sea—ice model (Wright and Stocker 1993) in order to permit
transitions between different climate states.

The biogeochemical component includes a description of organic
matter and CaCO, cycling in the ocean and a 4-box land biosphere
(Siegenthaler and Oeschger 1987). Nine oceanic tracers are con-
sidered (all in mol m~3): phosphate (taken as the biolimiting nutri-
ent), total dissolved inorganic carbon (DIC), alkalinity (ALK), labile
dissolved organic carbon (DOC,), dissolved oxygen, **C in DIC and
DOC,, and '*C in DIC and DOC,. Radiocarbon is included here as
an organic tracer with fractionation factors for oceanic and land
photosynthesis, and air-sea gas exchange equal to the square of
the corresponding factors for **C (Craig 1954). The atmosphere is
considered well mixed with regard to total CO,(=!*CO, +
13C0,), 1*CO,, and '*CO,. River input and sediment burial in
the ocean are not taken into account, and CO, fluxes between the
atmosphere and land biosphere and within the land biosphere are
kept constant. Thus, in our experiments, anomalies in atmospheric
CO, are only due to variations in the air-sea gas exchange, whereas
anomalies in the atmospheric carbon isotope ratios are partly
mitigated by CO, fluxes with the land biosphere. The model has
been calibrated in order to reproduce the main features in the
large-scale distribution of temperature, salinity, A'*C of DIC and
major biogeochemical tracers in the modern oceans. It allows us to
perform extensive sensitivity experiments with integration times of
several thousand years.

We use a 6-step procedure in order to spin up the model to
a steady state suitable for transient experiments (for details about the
steady state, see Marchal et al. 1998a). First, sea surface temper-
atures (SST) and salinities are restored to modern annual zonal
averages assuming that the Bglling warm interstadial which preced-
ed the YD was a climate phase similar to the Holocene. We increase
the restoring salinity value in the northernmost grid cell of the
Atlantic and parameterize the effect of sea ice formation along
the Antarctic perimeter in order to better represent the distributions
of temperature, salinity and A'*C (of DIC) observed in the modern
oceans. Climatological annual zonal averages of wind stress are
applied in each basin. In the absence of reconstructions of surface
nutrient concentration prior to the YD, the model PO, values in
the ocean euphotic zone (top 100 m) are restored to annual zonal
averages of PO, observed in the modern oceans, giving the produc-
tion of organic carbon exported from the euphotic zone (export
production). All other biological fluxes in the top 100 m and below
are related stoichiometrically to the export production. We prescribe
the chemical and isotopic conditions that prevailed before the YD as
far as they are known. The atmospheric CO, is set to 240 ppmv
(Neftel et al. 1988; Indermiihle 1997), the atmospheric 6'°C to
— 6.7%, (Leuenberger et al. 1992), and the atmospheric A'*C to
210%, (Hughen et al. 1998). Second, we shift to mixed boundary
conditions, i.e. the SSTs are still restored but water fluxes diagnosed
at the surface are applied. This step allows us to verify that intermit-
tent convection is not present during the spin-up. Third, the ocean
mean salinity is increased by 1 as compared to modern conditions
(Fairbanks 1990). Fourth, the model is coupled to the EBM and
sea~ice model. Fifth, total CO,, *CO,, and '*CO, are allowed to
evolve freely in the atmosphere according to the exchange with the
ocean surface and the land biosphere. Finally, in the last step, we
adopt Michaelis-Menten kinetics to describe the export production

as a function of PO, availability in the euphotic zone. All tracer
fields are virtually unchanged after the first step.

In the model steady state, about 24 Sv of deep water
(1Sv =10°m®s™!) are produced in the northern North Atlantic
(Fig. 11a in Marchal et al. 1998b). About 8 Sv are exported to the
Southern Ocean (south of 47.5°S), and then to the Indian and
Pacific where broad upwelling occurs. The steady state also exhibits
the transport of waters with low-DIC, high-6'*C (low PO,) and
high- A'*C to depth in the northern North Atlantic, associated with
NADW formation. These circulation, chemical and isotopic features
are broadly consistent with observations in the modern oceans
(Marchal et al. 1998a).

3 Results

We attempt to simulate a YD-like climate event by
applying at the ocean surface a freshwater flux anomaly
(FFA) equivalent to the first meltwater pulse of the last
deglaciation (MWP-1A, at ~14 ky BP). This pulse is
relatively well constrained in the Barbados coral record
(Fairbanks 1990). Although MWP-1A preceded the
onset of the YD by ~1ky, it might have precon-
ditioned the North Atlantic Ocean to YD cooling
(Broecker 1990; Bard et al. 1996). The total volume and
duration of the FFA are 7.2:10°%km? and 500 y, based
on a sea level rise of ~20 m between 14.2-13.7 ky BP
identified from 2*°°Th/?**U ages of Barbados fossil
corals (Table 1 in Fairbanks 1990). We assume a “tri-
angular” shape of FFA from t =200y to 700y in
Figs. 2-5, i.e. a linear increase of 250 y and a subsequent
linear decrease of 250 y. The exact location of meltwater
discharge during MWP-1A is poorly known, as ice
sheets from both the Northern Hemisphere and Antarc-
tica could have contributed to it (Fairbanks et al. 1992;
Clark et al. 1996). Here we describe experiments with
different FFA allocations between 32.5°N-45°N in the
Atlantic and 70 °S-62.5 °S along the Antarctic perimeter
to check the sensitivity. We compare below model re-
sults with isotopic and CO, records from polar ice cores.

3.1 Comparison with isotopic records
3.1.1 GRIP record

The rate of thermohaline overturning in the Atlantic
drops to 2Sv and a strong cooling occurs at high
northern latitude when at least 50% of the FFA are
applied in the North Atlantic (dashed and thick solid
lines in Fig. 2a). This is related to the build-up of a
low-salinity cap in this region which reduces convec-
tion at high northern latitudes and poleward heat
transport (Wright and Stocker 1993). The ~ 1 ky delay
between MWP-1A and the onset of the YD (Bard et al.
1996) is not reproduced, which is a common shortcom-
ing in model simulations of YD-like events (Wright and
Stocker 1993; Manabe and Stouffer 1995; Mikolajewicz
et al. 1997; Schiller et al. 1997). The duration of the
period characterized by 6'®0 minima in the GRIP ice
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Fig. 2a—c Comparison of the model with ice core data. a 520 at
GRIP (thin solid line; data from Johnsen et al. 1992); b residual 6D at
Vostok relative to a glacial-Holocene 6D trend of 5%, ky ™! (thin
solid line) and 12%, ky ' (dashed line) (data from Jouzel et al. 1993);
c residual 6'#0 at Byrd station relative to a glacial-Holocene 6'20
trend of 0.5%, ky ~* (thin solid line) and 0.9%, ky ! (dashed line) (data
from Johnsen et al. 1972). The GRIP, Vostok and Byrd records are
synchronized based on CH, changes measured in all records
(Blunier et al. 1997) and taking the GRIP time scale of Johnsen et al.
(1992) as the reference. They are plotted on an arbitrary time scale
where t = 0y and 2000 y correspond respectively to 13 000y BP and
11 000 y BP in the GRIP record. The dashed area indicates the
Younger Dryas cold period (YD) in the GRIP record (12.7-11.6 ky
BP). In a the §'80 record at GRIP is compared to the atmospheric
temperature anomaly at 72.5 °N simulated when the freshwater flux
anomaly (FFA) is applied entirely between 32.5°N-45°N in the
Atlantic (thick solid line), equally between 32.5°N-45°N in the
Atlantic and 70°S-62.5°S along the Antarctic perimeter (dashed
line), and entirely between 70 °S-62.5°S (long-short dashed line). In
b and c, the residual 5D at Vostok and residual 6'80 at Byrd are
compared to the atmospheric temperature anomaly at 82.5°S
simulated when the entire FFA is applied between 32.5 °N-45°N in
the Atlantic (thick solid line)

core (~1 ky) is best simulated when 100% of the
FFA are applied in the North Atlantic (thick solid line
in Fig. 2a). We will therefore concentrate on various
aspects of this simulation. Note that the very good
agreement between the observed and modeled duration
of the cold event is probably fortuitous. Indeed this
duration in the model depends strongly, for instance,
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on background water fluxes at the surface in the North
Atlantic diagnosed during the spin-up (evaporation
minus precipitation and runoff, kept constant in our
experiments). When the entire FFA is applied along the
Antarctic perimeter, a pronounced and persistent cold
phase is not simulated at high northern latitudes (long-
short dashed line in Fig. 2a).

We model a sudden resumption of the THC and
a rapid warming at high northern latitudes. This is
consistent with the very abrupt termination of the YD
as documented in the GRIP §'®0 record (Fig. 2a; see
also Dansgaard et al. 1989; Severinghaus et al. 1998). In
the model, the background water fluxes at the surface
and the ocean circulation gradually erode the low-
salinity cap. The subsequent sudden resumption of the
THC is due to the decrease of the stable salinity stratifi-
cation in the northern North Atlantic to a point where
it no longer counteracts the unstable temperature strat-
ification. Warm and salty waters at depth are then
mixed with the surface waters, which further destabil-
izes the water column and amplifies convection at high
northern latitudes (Wright and Stocker 1991, 1993).
The competition between the salinity and temperature
stratifications could therefore be the threshold or trig-
ger in the North Atlantic climate system hypothesized
by Alley et al. (1993) to explain the extreme rapidity of
the termination of the YD cold event.

3.1.2 Vostok and Byrd records

In our model, the cooling at high northern latitudes, as
triggered by the disruption of the northward heat flux,
is accompanied by a warming at high southern latit-
udes (thick solid line in Fig. 2b-c). These results can be
compared with the Vostok 6D record (Jouzel et al.
1993) and the Byrd 6'®0 record (Johnsen et al. 1972)
which were recently synchronized with the GRIP §*20
record based on CH, measurements (Blunier et al.
1997). The model does not include all the processes
necessary to simulate full glacial-interglacial climate
transitions (continental ice sheets, for instance, are not
represented). Thus, we compare model results with
observed perturbations in the long-term trend of the
glacial-Holocene transition. We subtract from Vostok
0D data (6Dygor) and Byrd 6'%0 data (6'®Opg,,q) the

long-term trend (ASD/At and Ad'®O/At) from the end

of the last glacial period (18 ky BP for Vostok and 20
ky BP for Byrd) to the beginning of the Holocene (10 ky

BP)
AOD
5Dres = 5DVoslok - <A—t [131(}’ - ti,Voslok:] - 454%o>>
(1)
5180res = 5180Byrd
AS'20
(M Ky i = 3665% ) @
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where 6D, and 680, are the residual 5D and 6'20,
ti vostok and t; pyra are the ages of the ice in the Vostok
and Byrd cores, and — 4549, and — 36.659,, corres-
pond approximately to the values of D and 6'%0 at
13 ky BP in the Vostok and Byrd ice cores, respectively.
Two different trends of J6D/At=5%,ky ' and
12%.ky !, A6**O/At = 0.5%,ky ™' and 0.9% ky ! are
used to encompass the Vostok 6D and Byrd 620
records from 20-18 to 10 ky BP (Fig. 1b—c).

Both the Vostok 6D, (East Antarctica) and
Byrd 6'%0,., (West Antarctica) exhibit generally an
increase during the YD (thin solid and dashed lines in
Fig. 2b-c). The increase is 1 order of magnitude larger
than the precision of 6D and 6'®0 measurements
(e.g. 0.3%, for Vostok dD; Jouzel et al. 1987), indicating
that it is due to changes in atmospheric conditions.
This would suggest that a warming larger than the
long-term warming of the last deglaciation occurred at
Vostok and Byrd during the YD, provided that moist-
ure sources, for instance, did not change markedly for
this period.

The deuterium excess (d = 6D — 8:6'80) has been
related to the characteristics (relative humidity and sea
surface temperature) of the moisture sources (Merlivat
and Jouzel 1979; Johnsen et al. 1989) and could thus
provide information on the variability of these sources
at polar sites (Jouzel et al. 1982; Ciais et al. 1995).
However, the time resolution of data available to calcu-
late d at Vostok and Byrd (Epstein et al. 1970; Lorius
et al. 1985; Jouzel et al. 1987) is too coarse to identify
a trend in the deuterium excess during the YD. The
d record at Dome C (74.6°S, 124.2°E) in East Antarc-
tica has a higher resolution (Lorius et al. 1979; Jouzel
et al. 1982). This record exhibits a significant rise of the
deuterium excess from the end of the last ice age to the
early Holocene (Jouzel et al. 1982). The Antarctic cold
reversal was dated 1.3-1.7 ky younger in the Dome
C 6D record (Jouzel et al. 1992) than in the Vostok and
Byrd isotopic records (Blunier et al. 1997). We thus
inspect d changes occurring between 11.4-9.9 ky BP in
the Dome C record in order to identify a possible
significant trend during the YD. A two-tailed Mann
test, based on the Kendall’s tau coefficient (Kendall and
Gibbons 1990), indicates no significant trend at the 1%
probability level (n = 24; P-value = 0.254). Thus, the
available d records do not contradict the contention
that the Vostok and the Byrd isotopic records during
the YD reflect primarily temperature changes. Al-
though the possibility of local effects cannot be
excluded, the fact that the residual isotopic values
increase at both stations would indicate a large-scale
warming. The prediction of a warming at high southern
latitudes during the cold phase in the Northern
Hemisphere seems therefore consistent with Antarctic
isotopic records during the YD. It is also consistent
with SST reconstructions for this period from two
sediment cores raised from the Indian sector of the
Southern Ocean (Labracherie et al. 1989). In these

reconstructions, however, the number of SST estimates
during the YD (between 11-10 **C-ky BP) is low (2-3
values) and cooling begins before the onset of the YD
(11 '*C-ky BP). The cooling period subsequent to
the warming in the model is indicated in the Vostok
0D record and Southern Ocean SST reconstructions
(Labracherie et al. 1989), but not in the Byrd record
(Fig. 2b—c).

3.2 Comparison with the Byrd CO, record

Important processes, such as ocean-sediment interac-
tion which could have contributed to the long-term
glacial-interglacial increases in CO%™ during the late
Pleistocene (Broecker and Peng 1991), are absent in our
model. Thus, in order to compare the predicted CO%™
with Byrd CO, data, we again subtract from these data
the long term trend (ACO,/At) from the end of the last
glacial period (at 18 ky BP) to the beginning of the
Holocene (10 ky BP) :

CO5s = COoy™
B <AC02

At

where CO%* is the residual CO,, CO%™ are Byrd CO,
data, t, pyrq (in ky) is the age of the gas entrapped in the
Byrd ice core, and 240 ppmv corresponds approxima-
tely to CO5™ at 13 ky BP according to the Byrd CO,
record. Different residual CO, quantities are calculated

with various trends ACO,/At of 8 11 and 14
ppmv-ky ! in order to encompass CO, values in the
Byrd ice core from 18 to 10 ky BP (Fig. 1d)

The residual CO, values exhibit an increase during
the YD with a peak-to-peak amplitude of 4-21 ppmv
(filled and open circles in Fig. 3b-d). The range is due to
the scatter of CO, measurements and to the uncertain-

ty in ACO,/At. Given this range, it is obvious that a
quantitative interpretation of residual CO, during the
YD documented in the Byrd ice core requires addi-
tional and precise CO, measurements from high-res-
olution ice cores. However, the Byrd CO, record does
already provide evidence that the CO%™ increase from
the end of the last glacial period to the beginning of the
Holocene has temporarily speeded up, or at least has
not been interrupted during the YD.

We consider the mean difference between CO%* and
the simulated CO5™ anomaly during the YD as a
quantitative measure of the fit between the data and the
model prediction. The difference ranges between 2-5
ppmv, depending on ACO,/At, and indicates a reason-
able fit to the ice core data (solid line in Fig. 3b—d). The
major feature here is a simulated CO3%™ increase
of 15 ppmv during the cold phase from ¢t = 500 y to
1100 y (i.e. mostly after the FFA). The model does not
reproduce the high-residual CO, at ~11.1 ky BP

[13 ky — t, Byral] + 240 ppmv), (3)
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Fig. 3a—d Comparison of the model with ice core data. GRIP §'20
record a (thin solid line; data from Johnsen et al. 1992); and residual
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1997).t = 0 y and 2000 y correspond respectively to 13 000 y BP and
11000 y BP in the GRIP record. The dashed area indicates the YD in
this record. The 5'#0 record at GRIP and the residual CO, record
at Byrd are compared respectively to the atmospheric temperature
anomaly at 72.5°N and to the CO3™ anomaly simulated when the
entire FFA is applied between 32.5 °N-45°N in the Atlantic (thick
solid line)

calculated from the smallest glacial-Holocene trend of
8 ppmv ky~!. The ice dated at ~11.1ky BP in the
Byrd core, however, exhibits a relatively large CO,
scatter and a mean CO, content significantly higher
than that measured on ice of the same age from Taylor
Dome, a near-costal East Antarctic site (Indermiihle
et al. 1999). This suggests that the Byrd ice dated at
~11.1 ky BP might be affected by natural artefacts
and would thus not reflect the atmospheric CO,
content at that time. On the other hand, the model
does not simulate the small residual CO, between
12.0-11.4 ky BP calculated from the longest trend of
14 ppmv ky "%

Marchal et al.: Concentration of atmospheric CO, during Younger Dryas

We identify the main factors responsible for the
modeled CO%™ increase. The simulated local partial
pressure of CO, in the ocean mixed layer (pCO,) is
approximated as a linear combination of sea surface
temperature (SST), salinity (SSS), DIC and ALK (Mar-
chal et al. 1998b). The difference between the ocean
mean linearized and simulated pCO, is ~ 1 patm, i.e.
an accuracy of 7% compared to the predicted CO3™
increase. We estimate that about 50% of the CO3¥™
increase (from ¢t = 500 y to 1100 y) are due to a positive
SSS anomaly, 30% to the net effect of the DIC and
ALK changes, and 20% to warming. The positive SSS
anomaly is due to the gradual erosion of the low-
salinity cap at the surface in the Atlantic from the
coldest model conditions at t = 400-500 y. The anom-
aly amounts to about + 1 which results in a CO%™ rise
consistent with the thermodynamic effect calculated by
Takahashi et al. (1993) (the global mean SSS rises by
0.6-0.7 in simulations where 50% and 100% of the
FFA are applied along the Antarctic perimeter and
offers similarly non negligible contributions to the
CO3%™ increase which is also predicted in these simula-
tions). On the other hand, the surface warming in the
Southern Ocean (between 70 °S-47.5°S, corresponding
to 15% of total ocean area) reaches 1.6 °C, producing
a local pCO, increase of ~ 16 patm (Takahashi et al.
1993). It is sufficiently large to compensate the effect on
CO%™ of the 2.7 °C cooling north of 20 °N in the Atlan-
tic (9% of total ocean area), which produces a local
pCO, decrease of 27 patm.

We have conducted sensitivity experiments in order
to test whether the model simulates systematically a
CO3%™ increase when the THC is disrupted (Table 1).
Poorly-constrained parameters governing the air-sea
gas exchange, the ocean biological cycling, and the
potential DIC and ALK fluxes at the surface associated
with the FFA are changed individually. We find a very
small sensitivity (~1 ppmv) of the CO3™ increase to the
parametrization of the air-sea CO, exchange (constant
or wind speed dependent transfer coefficient) and to
a +50% change in the restoring time for PO, in the
euphotic zone (used during the model spin-up and
determining the maximum rates of export production
in the transient experiments), in the half-saturation
constant for PO,, and in the ocean mean CaCOs:
organic C production ratio. We must note, however,
that wind speeds (and wind stresses) are kept constant
in our experiments (there is no dynamics in the atmo-
spheric model) and that zonal wind speeds over the
Northern Hemisphere oceans might well have in-
creased during the YD through an enhanced north-
south pressure gradient as shown in different simula-
tions of YD-like events (Fanning and Weaver 1997;
Mikolajewicz et al. 1997; Schiller et al. 1997). The
CO%¥™ increase is also insensitive (41 ppmv) to a
change in the ocean mean content of labile dissolved
organic carbon (DOC, between 5-20 mmolm 3
and to a situation where the DIC and ALK of the
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Table 1 Summary of
experiments

ACOY™*  Byrd-model®

Reference experiment® 15 2-5
Air-sea CO, transfer coefficient () ~ variable’ ~ mmolm™2 16 2-6
y~ 'patm ™!
Restoring time for PO, in euphotic 50 d 16 3-6
zone (tpq,)
150 - 15 2-4
Half saturation constant for PO, 0.2 mmolm™>® 15 2-4
uptake (Kpp,)
0.6 - 16 2-5
Fraction of reduced C in DOC,(s) © 0.25 1 9 4-10
0.75 - 24 7-12
Ocean mean content of DOC,;(DOC)) 5 mmolm™? 14 2-5
20 - 13 2-5
Ocean mean CaCO,:organic C 0.03 molmol™! 15 2-4
roduction ratio (r ) f
P ) 0.09 - 16 3-6
Dilution factor for the FFA (¢) ® 0.4 1 15 2-5

*Peak-to-peak amplitude in atmospheric CO, concentration between t = 300y and 1400y
(in ppmv)

"Mean difference between Byrd residual CO, and simulated atmospheric CO, concentra-
tion anomaly (in ppmv)

‘= 67mmolm 2y~ 'patm™', 755, = 100d, Kpp, = 0.4mmolm >, ¢ = 0.5, DOC, =
10mmolm ™t = 0.06, and ¢ = 0

dCalculated as a function of latitude in each basin from the zonally averaged climatological
wind speeds of Esbensen and Kushnir (1981) using the formula of Tans et al. (1990)

“Biologically labile dissolved organic carbon

T Calculated from Eq. (14) in Marchal et al. (1998a) for a range in temperature from — 2 to
30°C

£Potential DIC and ALK fluxes at the surface associated with the FFA (m®s~!) are included
and calculated respectively as FFA-DIC(surf) /S¢ and FFA-ALK((surf) /S¢, where DIC(surf)
and ALK(surf) are the local concentrations of DIC and ALK in the surface water, S is the
ocean mean salinity, and ¢ (dimensionless) is a dilution factor. A value of 0.4 for ¢ means that
the DIC and ALK of discharged water are 40% of the DIC and ALK of the ocean surface
water. This value corresponds to the ratio between the concentration of HCOJ in mean river

water and mean ocean water today (Holland, 1978)

freshwater flux anomaly amount to 40% that of the
ocean surface water (Table 1). By contrast, we observe
a much larger sensitivity (~15 ppmv) to a change be-
tween 0.25-0.75 in the fraction of organic C sequestered
into DOC,. Even in this case, however, CO%™ rises
during the model cold phase (between 9-24 ppmv).
Thus all these sensitivity experiments exhibit a positive
CO3%™ anomaly, with a mean difference with Byrd re-
sidual CO, between 2-12 ppmv.

4 Discussion

We have shown that the anomalies of surface air tem-
perature at 72.5°N and 82.5°S and the anomaly of
atmospheric CO, concentration simulated in response
to a drastic reduction of the THC compare favourably
with ice core records during the Younger Dryas climate
event. The GRIP, Vostok, and Byrd isotopic profiles
document a thermal antiphasing between Greenland
and Antarctica at that time, in line with the antiphasing

observed in the same records during the Greenland
warming events at ~45 and 36 ky BP (Blunier et al.
1998). Very recently, however, it was shown that the 0D
record from the near-costal site Taylor Dome exhibits
a sudden rise and a period of minima which are syn-
chronous with respectively the onset of the Bglling (at
~14.8 ky) and the YD in the GISP2 6D record [Steig
et al. 1998]. Thus, rapid climate changes in Antarctica
might not have been regionally uniform during the last
deglaciation.

The continuous rise of CO3™ during the YD, on the
other hand, could have profound implications for the
prediction of future CO3™ levels. First, anthropogenic
CO, has already penetrated deeply into the ocean
interior in the North Atlantic (Gruber 1998). This sug-
gests that NADW formation can be a major conduit of
anthropogenic CO, from the atmosphere to the deep
sea. Second, models of different complexity indicate
that NADW formation may again be reduced during
future centuries in response to the foreseen global
warming (Manabe and Stouffer 1993; Stocker and
Schmittner 1997). Clearly, the verification of the
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present model scenario would be more convincing if a
longer period was considered (e.g. 13-10 ky BP instead
of 13-11 ky BP in this study). Two lines of evidence,
however, suggest that the Byrd ice dated between about
11-10 ky BP might be altered by natural artefacts and
would thus not represent past levels of atmospheric
CO,. First, replicate CO, measurements at depths
corresponding to ages of 10 956 and 10 880 y BP
exhibit a large scatter compared to older ice (Inder-
mthle 1997). Second, CO, measurements in Byrd ice
dated between 11-10 ky BP are significantly higher
than CO, measurements on ice of the same age from
Taylor Dome. The Taylor Dome CO, data are scarce
(n = 5) and do not reveal a clear trend during that time
interval (Indermtihle et al. 1999). Thus, more CO, data
from high-resolution polar ice cores are required in
order to verify further our model results. We discuss
potential weaknesses in our interpretation of the Byrd
residual CO, in terms of ocean circulation changes in
the next subsections.

4.1 Deep sea records of benthic foraminiferal §'*C
and Cd/Ca

Our model, as well as more complete coupled ocean-
atmosphere three-dimensional circulation models
which reproduce a YD-like event, exhibit a drastic
reduction of the THC (Manabe and Stouffer 1995,
1997; Schiller et al. 1997; Mikolajewicz et al. 1997). This
is supported by the §!3C decrease and Cd/Ca increase
in the bottom North Atlantic during the YD
documented in several deep sea cores (Boyle and Keig-
win 1987; Keigwin et al. 1991; Keigwin and Lehman
1994). Other 6'3C records from North Atlantic sedi-
ments, however, do not indicate such a reduction
(Jansen and Veum 1990; Veum et al. 1992; Sarnthein
et al. 1994). Conflicting §'*C and Cd/Ca records from
North Atlantic sediments might be due, among other
things, to the fact that these records reflect changes in
the properties of different water masses (Jansen and
Veum 1990). Southern Ocean sediments should be less
influenced by this effect, and it was argued that they
could provide the most comprehensive measure of
NADW flux variability where there is disagreement
between nutrient proxy records from the Atlantic
(Charles and Fairbanks 1992).

A strong 6'3C depletion during the YD is not found
in Southern Ocean sediments (Charles et al. 1996),
which would be interpreted as unaltered NADW flux at
that time. This is illustrated by the benthic 6'*C record
from core RC11-83 raised from the Atlantic sector of
this basin (dots in Fig. 4a). Similarly, although THC is
shut-down, our model does not predict §'*C depletion
and PO, enrichment in the deep Southern Ocean (thick
line in Fig. 4a,b), consistent with this record. Such
anomalies are simulated, on the other hand, in the deep
North Atlantic (dashed line in Fig. 4a,b), which may
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Fig. 4a, b Time series of a 6'*C and b PO, anomalies simulated at
3750 m in the Southern Ocean (51.25°S; thick solid lines) and in the
North Atlantic (50°N; dashed lines). The entire FFA is applied
between 32.5 °N-45°N in the Atlantic. In a the dots correspond to
the benthic foraminiferal 6'*C record of core RC11-83 in the South-
ern Ocean (41.4°S, 94.5°E; 4718 m; data from Charles and Fair-
banks (1992) with measurement reproducibility < 0.19,). The time
scale in RC11-83 is constrained by calendar ages of 11.83 ky BP at
a depth 189 cm and 13.01 ky BP at a depth of 221 cm (Charles et al.
1996) and assuming a constant sedimentation rate between these
two dates. The anomalies of benthic foraminiferal §'3C are cal-
culated from a 6'3C value of 0.06%, at ~ 13 ky BP corresponding to
t =0y in the figure (Charles and Fairbanks 1992; Charles et al.
1996). The thin solid line is the modelled evolution of the NADW
color tracer at 3750 m and 51.25°S in the Southern Ocean (ex-
pressed as a percentage of its “concentration” at the location where
this water mass is ventilated between 55 °N-80 °N). The dashed area
indicates the YD in the GRIP record

safely be interpreted as reduced ventilation by NADW
(Marchal et al. 1998b). The reduced influence of
NADW in the Southern Ocean is illustrated by a drop
of ~20% of the associated color tracer (thin solid line
in Fig. 4a). The lack of a predicted §'*C depletion and
PO, enrichment in the Southern Ocean must therefore
be related to the net effect of biological cycling
(+ air-sea gas exchange for §'*C) which masks this
reduced influence. The fact that the same THC change
imparts very distinct 6'°C and PO, anomalies in
the deep North Atlantic and Southern Ocean could
have profound implications for the conventional inter-
pretation of deep sea 6'*C and Cd/Ca records in loca-
tions distant from North Atlantic. These are beyond
the scope of this study, but we do mention here that this
might explain a part of the controversy about the
intensity of the THC during the YD.
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4.2 Records of atmospheric A'*C

The atmospheric A'*C (A'*C,,) is mainly determined
by '*C production in the upper atmosphere (depending
on cosmic ray flux, solar activity, and geomagnetic field
intensity) and by '*CO, exchange with the ocean (rate
of air-sea **CO, flux and ocean ventilation). Analysis
of fossil corals and varved sediments indicates that the
A'™C,m exhibited at first a rise, synchronous with the
onset of the YD, and then a gradual decrease which
ceased only after this cold event (Edwards et al. 1993;
Goslar et al. 1995; Bjorck et al. 1996; Hughen et al.
1998; Kitagawa and van der Plicht 1998). In order
to interpret the A'*C,y, record, Goslar et al. (1995)
and Hughen et al. (1998) calculated the residual
A'Cpes = A™C — A'*C,ep, where A'™C,, is the
A'™C,m expected from past changes in the geomagnetic
field strength. These authors showed that the long-term
A" C,m decrease can be explained to a large extent by
changes in '*C production caused by variations in the
Earth’s dipole moment. However, they argued that the
relatively fast changes of A'*C,. at the onset and
during the YD cannot be explained by fluctuations in
the geomagnetic field strength alone and were likely
caused by ocean ventilation changes.

We compare the A'*C,,,, anomaly simulated by our
model (where '*C production is constant; Stocker and
Wright 1996) with the residual A'*C,,, based on the
recent A'*C record from the varved sediment core of
the Cariaco Basin (Hughen et al. 1998). Two different
time series of A'*C,,, are considered in an attempt to
account for the large uncertainties in the reconstruction
of geomagnetic field intensities (Tric et al. 1992;
Guyoda and Valet 1996; Laj et al. 1996; Frank et al.

1997). A first time series is obtained assuming a linear
decrease of A'*C,,, of 50%, from 13 ky BP to 11 ky BP
(open circles in Fig. 5). This scenario is an approxima-
tion of the A'*C,, calculated by Goslar et al. (1995),
and used later by Hughen et al. (1998), on the basis of
the reconstruction of the Earth’s dipole moment by
Tric et al. (1992). A second time series of A'*C, is
obtained by assuming that the production of atmo-
spheric *C has not changed between 13-11 ky BP, i.e.
A'*C,, is constant (solid circles in Fig. 5). This is
supported by the absence of a significant trend in the
geomagnetic field strength during this period according
to a recent and high-resolution synthetic record (Laj
et al. 1996). The Cariaco Basin varve chronology, on
the other hand, is slightly modified in order to ensure
comparability with the YD as dated in the GRIP time
scale (taken here as the reference). The onset and termi-
nation of the YD in the varve chronology were dated at
~13000 y BP and 11700y BP, respectively (Hughen
et al. 1998). These dates are similar to those of the YD
in the GISP2 ice core (Alley et al. 1993), but older by
respectively ~300y and 100 y than those of the YD in
the GRIP ice core (Johnsen et al. 1992). Thus, we
subtract from the Cariaco Basin chronology a value
ranging from 300 y for varve age 13000 y BP to 100 y
for varve age 11700y BP (linear squeezing). Outside
the period 13000-11700y BP in the original varve
chronology, a constant value is subtracted from the
varve ages depending on the original age differences.
Taking the varve chronology as the reference time scale
does not alter our main conclusion below.

As in previous simulations with our zonally averaged
model (Stocker and Wright 1996) and 3-D ocean cir-
culation model (Mikolajewicz 1996), the simulated
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Fig. 5 Atmospheric residual A'*C, according to the varved sedi-
ment record from the Cariaco Basin (10.7 °N, 65 °W; A'*C data from
Hughen et al. 1998). A first time series of A'*C, . (open circles) is
calculated assuming a linear decrease ofA”CgeO from 2109, at 13 ky
BP (t = 0y in the figure) to 1609/, at 11 ky BP (t = 2000 y). A second
time series (solid circles) is calculated assuming a constant A'*C,,, of
210%,. Vertical bars denote uncertainties of A'*C measurements
(+ 1o). The varved ages of Hughen et al. (1998) are modified in order
to compare consistently the A'*C,,, record with the YD in the GRIP
record (corresponding to the dashed area). The three lines are atmo-
spheric A'*C anomalies simulated by the model with the entire FFA

applied between 32.5 °N-45°N in the Atlantic. The thick line corres-
ponds to the case where '*C production is kept constant. The thin
dashed and solid lines correspond to cases where '*C production
changes according to Egs. (1) and (2) of Stuiver and Braziunas
(1989), respectively. These equations approximate different sections
of the Holocene record of solar-induced changes in atmospheric
14C production: the first equation is valid for four episodes of triple
oscillations containing at least two of the Maunder- and Sporer
A'*C,,,, maxima (covering ~30% of the entire Holocene A'*C,, .
record) and the second is valid for the remaining sections of the
record
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A'C,m increases when the THC weakens (thick solid
line in Fig. 5). This is consistent with the A'*C, rise
synchronous with the initiation of the YD documented
in the Cariaco Basin record, even if the original varve
chronology is considered given dating uncertainties
(Hughen et al. 1998). The predicted increase of ~40%,
is smaller than that in the Cariaco Basin record, but it
must be noted that the Cariaco Basin A'C in the
initial phase of the YD are significantly higher than in
other A'*C records (Fig. 4 in Hughen et al. 1998). On
the other hand, our model, as well as other simulations
(Stocker and Wright 1996; Mikolajewicz 1996), does
not reproduce the subsequent A'*C,., decrease during
the second half of the cold phase (Fig. 5). Box models
showed that such a decrease can be produced by an
increase in the gas exchange rate and/or gradual recov-
ery of the THC during the cold phase (Bjorck et al.
1996; Hughen et al. 1998). The first effect is consistent
with increasing wind speeds over the Northern Hemi-
sphere oceans predicted in different simulations of YD-
like events (Fanning and Weaver 1997; Mikolajewicz
et al. 1997; Schiller et al. 1997). Hughen et al. (1998), on
the other hand, argued that an enhanced formation of
Glacial North Atlantic Intermediate Water (GNAIW)
during the YD could lead to the observed A'*Cyy
decrease. A resuming GNAIW formation at that time is
consistent with the benthic foraminiferal record of core
0C205-2-103GGC (26.1 °N, 78 °W; 965 m) in the west-
ern North Atlantic documenting declining Cd/Ca
values and hence efficient GNAIW ventilation during
the YD (Marchitto et al. 1998). Broecker (1998), how-
ever, mentioned several deficiencies in the scenario of
Hughen et al. (1998) and argued that increasing ventila-
tion in the Southern Ocean was rather responsible for
the A'*C,., decrease. Another possible cause for
this decrease would be enhanced '*C uptake by
North Pacific Intermediate Water during the YD, con-
sistent with marine sediment records and a 3-D model
simulation (see Mikolajewicz et al. 1997 and references
therein).

The possibility that the A**C,., records in Fig. 5 do
not only reflect ocean ventilation changes cannot, on
the other hand, be definitively excluded. For instance,
subtracting a constant reservoir age from the Cariaco
Basin record (420 y; Hughen et al. 1998) to correct for
air-sea '*C activity difference would not be appropri-
ate if this difference changed significantly during the
YD. Bard et al. (1994) measured A**C on fossil terres-
trial plants and marine planktonic foraminifera mixed
with the same volcanic tephra and estimated that the
14C age difference between the atmosphere and North
Atlantic surface waters at 10300 '*C y BP was
~700-800y (instead of a pre-industrial value of
400-500 y). Using a reservoir age of 750y instead of
420y increases the Cariaco Basin A'*C,., by 47-58%,
between 13-11 ky BP (assuming that the basin geo-
metry maintained a reservoir age near open-ocean
values as today; Hughen et al. 1998). This worsens the

model misfit in the early stage of the YD but improves
it afterwards. There is no paleoclimate data, however,
to test whether the assumption of a constant reservoir
age during the YD is realistic (note that our model
exhibits during the cold phase a peak-to-peak ampli-
tude of ~ 100 y in the reservoir age at the latitude of the
Cariaco Basin). The resolution of geomagnetic paleoin-
tensity records, on the other hand, is typically not
better than ~1 ky (Guyodo and Valet 1996; Frank
et al. 1997) so that possible fast A'*C,,, changes during
the YD event cannot be detected. Solar oscillations
appear as the main contributor to the century scale
variability of A'*C,, during the Holocene (Stuiver et
al. 1991) but are not known for the last deglaciation.
Stuiver and Braziunas (1989) derived a record of solar-
induced changes of '*C production based on A'C
measurements in Holocene trees dated by dendro-
chronology and a box model. We used this record in
order to identify how these changes would have affec-
ted A'*C,, during the YD. We conducted two experi-
ments including an approximation of these changes for
different sections of the Holocene record (thin dashed
and solid lines in Fig. 5). The solar induced changes in
A'™C,m are too small and occur on a too short time
scale to improve the fit between A'*C,. and the pre-
dicted A'*C,, anomaly. Thus, if solar activity changes
during the YD had a similar pattern to that of the
Holocene, they would have had a negligible impact on
the A'*C,., decrease which initiated at that time
(Hughen et al. 1998). Although the amplitude of the
model misfit to A'*C,, is difficult to assess given the
uncertainties in atmospheric **C level and production
rate during the YD, the present interpretation of Byrd
residual CO, may need revision if this decrease really
documents an enhanced '*CO, exchange with the
ocean.

4.3 Rapidity of the circulation response and initial
conditions

Other problems inherent to all simulations of YD-like
events (Wright and Stocker 1993; Manabe and Stouffer
1995, 1997; Fanning and Weaver 1997; Mikolajewicz
et al. 1997; Schiller et al. 1997) are the quasi-instan-
taneous response of the THC to freshwater flux anom-
aly and the choice of adequate initial conditions. In
simulations where the FFA leading to THC disruption
is equivalent to meltwater pulse MWP-1A (as here), the
rapidity of the circulation response is inconsistent with
the ~ 1 ky delay between this pulse and the onset of the
YD observed in the paleoclimate record (Bard et al.
1996). As pointed out by Broecker (1990), MWP-1A
could have preconditioned the North Atlantic region to
YD cooling by decreasing the sea surface salinities in
this region. This would have made the THC much
more sensitive to the reduced glacial meltwater fluxes
which occurred after MWP-1A. Thus, provided that
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the evolution of a low-salinity cap in the North Atlantic
was the factor which ultimately triggered the onset and
termination of the YD (Broecker 1990), the present
interpretation of Byrd residual CO, should be viable. It
is consistent with high-resolution records of planktonic
580 from North Atlantic sediments which document
low SSS during the YD and high SSS afterwards
(Duplessy et al. 1992).

Initial conditions in simulations of YD-like events
correspond to the modern ones, which may be justified
by the mild period (Bglling-Allergd interstadial com-
plex) which preceded the YD (Mangerud et al. 1974;
Johnsen et al. 1992). 6'®0O records from Greenland ice
cores (Johnsen et al. 1992) suggest that at the beginning
of the Bglling (~14.4 ky BP in GRIP record) the
temperature in the North Atlantic atmosphere and thus
NADW production were similar to those of today.
However, the same records document a gradual climate
deterioration from this period which culminated with
the onset of the YD (~12.7 ky BP in GRIP record).
Thus, neither Greenland 6*2O records, nor pollen se-
quences from the North Atlantic region, do support
sensu stricto the adoption of “modern” initial condi-
tions in simulations of YD-like events. This remains
a useful working hypothesis, however, given the poor
observational constraints on climate conditions that
prevailed just before the YD.

4.4 Other possible contributors to CO3™ changes during
the Younger Dryas

Effects other than changes in the deep ocean circulation
could have contributed to the (relatively small) positive
residual CO, during the YD. Coral records from Bar-
bados, New Guinea, and Tahiti all document a rising
sea level between 12.7-11.6 ky BP (see Fig. 2 in Bard
et al. 1996). It is conceivable that possible sudden flood-
ings of continental shelves at that time altered the
atmospheric CO, content. A first effect would be
through the sequestration of PO, in shelf sediments,
thereby decreasing the ocean biological uptake of CO,
and increasing CO3™ (Broecker 1982). A second effect
would be through an enhanced CaCOj; deposition on
tropical reefs and banks (Opdyke and Walker 1992;
Kleypas 1997), which results in a lower alkalinity and
a higher partial pressure of CO, (Frankignoulle et al.
1994). Finally, the inundation of lowland areas would
have had consequences on carbon storage on land and
hence on the net biospheric flux of CO, to the atmo-
sphere (Esser and Lautenschlager 1994). Were the net
effect of abrupt marine transgressions be dominant, we
should observe a significant CO3"™ anomaly during the
first meltwater MWP-1A (at ~ 14 ky BP), which alone
accounted for ~ 1/6 of the total sea level rise during the
last deglaciation. The Byrd ice core documents a small
CO, increase approximately at that time (Fig. 1d), but
the number of data even in this high-resolution record

is small. Changes in the net CO, uptake by terrestrial
ecosystems that are not directly tied to the sea level rise
could conceivably have also affected the concentration
of atmospheric CO, during the YD. This hypothesis
could be constrained e.g. through high-resolution pol-
len profiles or atmospheric §'*C records which are not
available at the present time.

5 Conclusions

The high-resolution CO, record from the Byrd ice
core documents that the glacial-Holocene increase in
the atmospheric CO, concentration has temporarily
speeded up, or remained constant during the Younger
Dryas cold climate event. The present observational
evidence seems sufficiently strong to deserve investiga-
tion. It may have profound implications for the predic-
tion of future CO3™ levels for it suggests a minor
influence of the North Atlantic on CO%™. Here we have
shown that the CO3™ change predicted in a zonally
averaged, circulation-biogeochemistry ocean model
when perturbed by a freshwater flux anomaly is not
inconsistent with the Byrd record. In this model, the
surface cooling triggered by a collapse of the THC is
not dominant on CO%™, because it is confined to the
North Atlantic and compensated by other responses
such as a warming in the Southern Ocean. This latter
response is consistent with Antarctic isotopic records
during the YD. Potential weaknesses in our interpreta-
tion of Byrd residual CO, are the absence of a
A'C,m drop during the cold phase at high northern
latitudes, uncertainties of initial conditions, and the
lack of a time lag between freshwater forcing and cli-
matic response in the model. On the other hand,
a strong nutrient enrichment is simulated at depth in
the North Atlantic, but not in the Southern Ocean.
This could at least partly resolve the controversy about
the intensity of the THC during the YD. The present
model scenario could be further verified by a precise
determination from high-resolution archives of atmo-
spheric CO, concentration, temperature changes in the
Southern Ocean, and atmospheric '*C activity and
production rate during the Younger Dryas cold climate
event.
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