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ABSTRACT

The impact of the observed relationship between sea surface temperature and surface wind stress on
baroclinic instability in the ocean is explored using linear theory and a nonlinear model. A simple param-
eterization of the influence of sea surface temperature on wind stress is used to derive a surface boundary
condition for the vertical velocity at the base of the oceanic Ekman layer. This boundary condition is applied
to the classic linear, quasigeostrophic stability problem for a uniformly sheared flow originally studied by
Eady in the 1940s. The results demonstrate that for a wind directed from warm water toward cold water,
the coupling acts to enhance the growth rate, and increase the wavelength, of the most unstable wave. Winds
in the opposite sense reduce the growth rate and decrease the wavelength of the most unstable wave. For
representative coupling strengths, the change in growth rate can be as large as �O(50%). This effect is
largest for shallow, strongly stratified, low-latitude flows.

1. Introduction

Recent satellite observations have revealed a clear
coupling between the sea surface temperature (SST)
and surface wind (Liu et al. 2000; Chelton et al. 2001,
2004; Xie 2004, and the references therein). The sense
of this coupling is such that the surface winds are en-
hanced over regions of warm water and reduced over
cold water. This correlation is found over spatial scales
of 25–1000 km, at low and midlatitudes, and over time
scales ranging from days to long-term means (Chelton
et al. 2004; Xie 2004). Proposed mechanisms for this
coupling include a downward mixing of momentum
from the top of the boundary layer (Sweet et al. 1981;
Wallace et al. 1989), secondary circulations driven by
cross-front pressure gradients (Lindzen and Nigam
1987; Wai and Stage 1989; Small et al. 2003), and a
large-scale adjustment of the pressure gradient in the
boundary layer (Samelson et al. 2006).

The basic mechanism by which the atmosphere or

ocean can generate variability through baroclinic con-
version of mean potential energy into eddy energy is
well described by the seminal work of Eady (1949).
Blumsack and Gierasch (1972) extended this flat bot-
tom model to consider the effects of a sloping bottom.
They showed that a bottom slope in the opposite direc-
tion as the interior sloping isopycnals stabilizes the
flow; moderate bottom slopes in the same direction as
the isopycnals could enhance the growth rate, but suf-
ficiently strong slopes in this direction would also ulti-
mately stabilize the flow. The wavelength of the most
unstable wave is also altered by consideration of bot-
tom topography. The bottom slope affects the charac-
teristics of the unstable waves because the waves have
a velocity component across the topography, which
forces vertical motion at the lower boundary. This al-
ters the relative vorticity of the flow through conserva-
tion of potential vorticity and, as a result, alters the
growth characteristics of the waves.

The transport in the oceanic Ekman layer is propor-
tional to the wind stress, and the wind stress curl due to
SST gradients can be very large in the vicinity of ocean
fronts (Chelton et al. 2004). This implies a relationship
between surface temperature and vertical motions at
the base of the Ekman layer, and suggests that the

Corresponding author address: Michael A. Spall, Department
of Physical Oceanography, Woods Hole Oceanographic Institu-
tion, Woods Hole, MA 02543.
E-mail: mspall@whoi.edu

1092 J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y VOLUME 37

DOI: 10.1175/JPO3045.1

© 2007 American Meteorological Society

JPO3045



growth of baroclinic waves may be affected by the air–
sea coupling, analogous to the effect found for a sloping
bottom. The purpose of this note is to explore this cou-
pling in its simplest context, and to identify the relevant
parameter that quantifies its influence on the growth of
baroclinic waves in the ocean.

2. The Eady model with air–sea coupling

Although the mechanism by which the sea surface
temperature alters the surface winds is still a subject of
some debate, for the purposes of the present note the
details are unimportant and it will be assumed that such
a coupling exists. Chelton et al. (2004) and O’Neill et al.
(2005) find a nearly linear relationship between the gra-
dient in sea surface temperature and the gradient in
surface wind stress in many regions of strong SST gra-
dients. The strength of this coupling is from 1 � 10�2 to
2 � 10�2 kg m�1 s�2 °C�1 and has been found to be
similar across a wide range of ocean currents.

This relationship may be used to represent the SST/
wind stress coupling in the Eady model of baroclinic
instability through the surface boundary condition.
Consider a quasigeostrophic (QG) ocean with uniform
vertical shear in zonal velocity and uniform stratifica-
tion. The initial SST gradient is then uniform in the
meridional direction and zero in the zonal direction.
Although the present analysis is on an f plane, and
hence does not depend on the orientation of the flow,
for convenience it will be assumed that the mean flow is
zonal. It is assumed that there is a background meridi-
onal wind stress with zero curl directed along the SST
gradient (across the mean ocean flow). Growing per-
turbations that have a wavelike structure in the zonal
direction will displace the SST contours in the meridi-
onal direction such that zonal gradients in sea surface
temperature will develop. The air–sea coupling will re-
sult in regions of enhanced wind stress over warm water
and reduced wind stress over cold water. A schematic
of such a flow situation is shown in Fig. 1 for a back-
ground wind from warm water toward cold water. The
Ekman transport associated with these perturbations to
the wind is zonal, and will drive regions of upwelling
and downwelling, wE, that are directly related to the
zonal gradients in SST as

wE �
�Tx

�0 f
, �1�

where Tx is the zonal SST gradient, �0 is a representa-
tive ocean density, f is the Coriolis parameter, and � �
	
/	T, where 
 � 0 for background wind from warm to
cold SST. If the background wind is from warm water

toward cold water � � 0, and if the wind is in the
opposite direction, � � 0.

The starting point is the quasigeostrophic potential
vorticity equation, with the variables nondimensional-
ized using (x, y) � L(x, y), z � Hz, � � U�, and
t � (L/U)t, where primes denote dimensional vari-
ables. A streamfunction is introduced such that the geo-
strophic velocity � � k � ��, and � � �0U fL�. The
temperature consists of a uniform background stra-
tification and a perturbation due to the motion, T �
T0[z � (�/B)T̃(x, y, z, t)], where � � U/( fL) is the
Rossby number and B � [NH/( fL)]2 is the Burger num-
ber. The density is linearly related to temperature as
� � �0 � �T, and the streamfunction is related to den-
sity through the hydrostatic relation.

The derivation of the nondimensional quasigeo-
strophic equations follows the standard approach as
found, for example, in Blumsack and Gierasch (1972),
with the vertical velocity at the surface given by (1).
Conservation of potential vorticity in the interior of the
fluid is expressed as

� �

�t
� � · ����2 �

1
B

�2

�z2�� � 0. �2�

Surface and bottom boundary conditions are

� �

�t
� � · ���z � ��xz � 0 at z � 1 and �3�

� �

�t
� � · ���z � 0 at z � 0. �4�

FIG. 1. Schematic of a growing wave with background winds
from warm to cold SST. Small perturbations in SST result in wind
anomalies that drive divergent Ekman transport, upwelling, and a
cyclonic ocean circulation anomaly. This circulation advects warm
water northward and cold water southward, which in turn leads to
larger SST anomalies and enhances the growth rate of the wave.
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The boundary conditions arise from the conservation of
density at the boundary. The second term in (3) ex-
presses the change in density due to the vertical advec-
tion of the mean stratification by the Ekman pumping
velocity. This term is similar to that resulting from a
sloping bottom but is proportional to �xz instead of �x,
or temperature gradient instead of meridional velocity,
because the Ekman pumping velocity is driven by the
zonal temperature gradient. The strength of the SST–
wind stress coupling is given by � � �N2/�gfU, where
N2 is the Brunt–Väisälä frequency and g is the gravita-
tional acceleration. The coupling parameter may also
be written as � � �N2/�gHS2, where S2 � Uf/H is a
measure of the horizontal stratification.

The influence of the coupling, represented by �, de-
pends on two things: the SST anomaly and the atmo-
spheric response to that anomaly. The atmospheric re-
sponse is measured by �, taken from the satellite ob-
servations of Chelton et al. (2004) and O’Neill et al.
(2005). The change in SST due to coupling depends on
the vertical velocity and the stratification. Increasing N2

increases the coupling because it results in a larger
change in SST for a given vertical velocity. The cou-
pling depends inversely on f because the vertical Ek-
man pumping velocity, for a given wind stress, depends
inversely on f. The coupling decreases with increasing
horizontal velocity scale U because this term is scaled
relative to the lateral advection term.

The streamfunction for a uniformly sheared zonal
mean flow with a small perturbation � K 1 may be
written as � � �yz � �. The linearized potential vor-
ticity equation for the perturbation is

� �

�t
� z

�

�x���2� �
1
B

�2�

�z2� � 0 �5�

with surface and bottom boundary conditions

� �

�t
� �1 � ��

�

�x��z � �x � 0 at z � 1 and �6�

��z

�t
� �x � 0 at z � 0. �7�

It is assumed that the perturbation is wavelike in x
and is an as yet undetermined function of z:

� � F �z�ei�kx��t�. �8�

This gives rise to an eigenvalue problem for the wave-
number, frequency, and vertical structure of the waves.
The equation to be solved is

��� � zk���k2F � B�1Fzz� � 0 �9�

with boundary conditions

��Fz � kF � 0 at z � 0 and �10�

��� � �1 � ��k�Fz � kF � 0 at z � 1. �11�

The solution to the above set of equations is

� � Aei�kx��t� �sinh�	z� � 
 cosh�	z��, �12�

where � � kB1/2, � � �B1/2, and A is an arbitrary ampli-
tude. The eigenvalue � is given by


 �
	

2
�1 � �� ��	2

4
�1 � ��2 �

	�1 � �� � tanh�	�

tanh�	�
�1�2

.

�13�

If the second term in (13) is imaginary, the flow will
support exponentially growing waves. The growth rate
of the most unstable wave, normalized by the maximum
growth rate for the uncoupled Eady problem, is shown
in Fig. 2 as a function of the coupling parameter � and
the wavenumber k. The standard Eady problem is re-
covered for � � 0. Winds directed from warm water
toward cold water (� � 0) enhance the growth rate for
long waves, while winds from cold to warm decrease the
growth rate of the long waves. The opposite trend is
found for very short waves, where they can be destabi-
lized by winds blowing from cold to warm water. The
wavenumber of the most unstable wave decreases for
� � 0 and increases for � � 0. The coupling most
strongly affects the longest waves, where the growth
rate increases as �1/2. For weak coupling, the growth
rate of the most unstable wave increases approximately
linearly with � as


i � 
0 � 0.5
0
�1�2� 	0

tanh�	0�
� 0.5	0

2��, �14�

FIG. 2. Theoretical growth rate from (13), normalized by the
maximum growth rate for the uncoupled Eady problem, as a func-
tion of wavenumber k and coupling parameter �.
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where �0 and �0 are the values for the most unstable
wave with � � 0. For waves near the deformation ra-
dius, �i/�0 � 1 � 2.35�. The growth rate varies by ap-
proximately 50% relative to the uncoupled case for
� � �0.2.

The mechanism responsible for the coupling influ-
ence on the growth of the waves is fairly straightfor-
ward. Consider a wind blowing toward the north over
an eastward mean flow (� � 0), as depicted in Fig. 1.
The coupling (1) will force upwelling between a wave
trough to the west and crest to the east, which will then
enhance the cyclonic vorticity in order to conserve po-
tential vorticity. The sense of this circulation is to fur-
ther push the crest of the wave poleward and the trough
of the wave equatorward. This has a positive feedback
by increasing the SST anomaly and thus enhances the
growth rate of the wave. The opposite situation results
if the winds are from the cold water toward the warm
water. This drives downwelling in regions of positive
zonal SST gradient and anticyclonic vorticity, tending
to reduce the SST anomaly. The wind component along
the direction of the mean ocean flow does not alter the
growth rate of the waves because the phase relationship
between the Ekman pumping and the growing waves
does not lead to positive feedback. The full situation is
more complicated than this, involving wave propaga-
tion and advection of SST by the mean and perturba-
tion flows, but this simple framework serves to illustrate
the basic process.

The first term in (13) represents the real part of the
frequency and relates to the phase speed of the wave.
The coupling increases the phase speed for � � 0 and
decreases the phase speed for � � 0. The mechanism
behind this influence is clear from the schematic in Fig.
1. The dimensional phase speed of the uncoupled wave
is U/2 and directed toward the east. For � � 0, the
cooling of SST due to Ekman suction leads the trough
of the wave by one-quarter wavelength. This is in phase
with the tendency due to lateral advection by the mean
flow, and effectively increases the propagation of the
temperature signal. For � � 0, the Ekman pumping
warms the surface and acts opposite to the tendency
due to lateral advection by the mean flow, decreasing
the phase speed of the wave.

3. Nonlinear model calculations

The Regional Oceanic Modeling System (ROMS)
primitive equation numerical model (Shchepetkin and
McWilliams 2005) has been run to compare with this
linear theory. The model is configured in a periodic
channel of length and width 1000 km with horizontal
grid spacing of 5 km. The depth of the channel is 500 m,

and the model uses 25 uniformly spaced levels in the
vertical direction. The Coriolis parameter f � 10�4 s�1.
The model incorporates lateral viscosity and diffusivity
with coefficients 20 m2 s�1 and a vertical viscosity and
diffusivity of 10�5 m2 s�1. The internal deformation ra-
dius is 25 km, which, with the above depth and Coriolis
parameter, gives N2 � 2.5 � 10�5 s�2.

The model is forced at the surface with a meridional
wind stress that is proportional to the temperature
anomaly as

��x, y, t� � � �T�x, y, t� � T�y��, �15�

where T(y) is the initial meridional sea surface tem-
perature profile. This approach neglects the back-
ground meridional wind stress that has zero curl. Cal-
culations that include this background wind field give
similar results; however, in these cases, the growth of
the waves is influenced by the interaction of the mean
wind with the channel walls. Since the interest here is
the influence of the SST–wind coupling on instability of
open-ocean currents, and the focus is on the initial
growth rates, this background wind field has been re-
moved. Its neglect may become important for very-
large-amplitude temperature anomalies, because (15)
assumes that there is always sufficient momentum
available in the lower atmosphere to alter the surface
winds. A similar linear parameterization of the influ-
ence of SST anomalies on wind stress was used in the
modeling study of tropical instability waves by Pezzi et
al. (2004). They found that the coupling between SST
and wind stress reduces the instability of the waves, in
qualitative agreement with the influence predicted
here.

The horizontal stratification S2 (or zonal mean veloc-
ity) and the strength of the air–sea coupling � are pre-
scribed by the Rossby number � � U/( fL) and the cou-
pling coefficient S. In each case reported here, � � 0.02
and the Burger number B � 1. The coupling coefficient
� has been varied between �0.2, which, for the above
parameters, corresponds to a range for the dimensional
coupling coefficient of �1.6 � 10�2 kg m�1 s�2 °C�1,
similar to that inferred from satellite data (Chelton et
al. 2004; O’Neill et al. 2005). Note that, for a given
dimensional coupling strength, the nondimensional �
increases with increasing vertical stratification, decreas-
ing horizontal stratification, and decreasing depth (or
equivalently decreasing U and f ). Thus the coupling
mechanism affects the growth rate of the waves most
strongly for shallow, strongly stratified, weak, low-
latitude flows.

The numerical model was initialized with uniform
vertical and horizontal stratification and a geostrophi-
cally balanced, baroclinic zonal flow and small, random
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perturbations in the density field. The growth rate of
the perturbations was diagnosed before the waves grew
to large amplitude (root-mean-square temperature per-
turbation less than 0.1°C). In each case, a clear period
of exponential growth was identified. The model
growth rate is compared with that predicted by (13) in
Fig. 3, once again normalized by the growth rate for the
� � 0 case. The model compares reasonably well to the
theory, especially for � small and less than zero. The
growth rate in the nonlinear model exceeds that pre-
dicted by the theory for �  0.15.

The wavelength k0 of the most unstable wave has
also been diagnosed from the model runs based on the
spectral distribution of temperature variance as

k0 �

�
0

km

T̂k dk

�
0

km

T̂ dk

, �16�

where T̂ is the spectral density of the temperature vari-
ance in the zonal direction at the midlatitude of the
basin and km � 100 is the maximum wavenumber rep-
resented in the model. The most unstable wavelength is
O(100 km) for these calculations. The model repro-
duces the dependence of the wavenumber on the cou-
pling parameter � (Fig. 3). Wind from warm to cold
water, � � 0, favors longer waves, whereas wind from
cold to warm water favors shorter waves.

4. Conclusions

The observed relationship between sea surface tem-
perature and surface wind stress suggests a coupled in-
teraction that might alter the growth rate of baroclini-
cally unstable waves in the ocean. A simple parameter-
ization of that coupling is developed in which the
Ekman pumping rate at the ocean surface is related to
the lateral gradient of sea surface temperature. This
surface boundary condition has been applied to the
classic stability problem of Eady (1949) to explore the
influence of air–sea coupling on the growth of baro-
clinic waves. It is shown that winds blowing from warm
water toward cold water enhance the growth rate and
wavelength of the most unstable wave. Winds blowing
from cold water toward warm water have the opposite
effect. This mechanism is active for winds with a com-
ponent in the direction of the sea surface temperature
gradient, and is most influential for shallow, strongly
stratified flows at low latitudes.

The main intent of this note is to illustrate the basic
mechanism of interaction and to quantify the strength
of the coupling through the nondimensional parameter
�. There are many situations in which these effects may
be important. Air–sea coupling has been observed in
the vicinity of tropical instability waves in the eastern
Pacific Ocean (Wallace et al. 1989; Liu et al. 2000; Chel-
ton et al. 2001), where the winds have a strong meridi-
onal component that, based on the present analysis, will
tend to stabilize baroclinic waves. This is qualitatively
consistent with the modeling results of Pezzi et al.
(2004). Cold outbreaks over the Gulf Stream in winter
may also have a stabilizing influence. Cross-frontal
winds are also likely to arise in near coastal regions
where winds blow off of land over the ocean. Even in
situations for which the large-scale winds are generally
along the direction of an ocean front, such as the Ant-
arctic Circumpolar Current, the lower Ekman layer in
the atmosphere will drive a wind component from the
warm side to the cold side of the front, tending to en-
hance wave growth.

The magnitude of the nondimensional parameter � �
�N2/(g�fU) can be estimated for several of these flow
regions. Taking � � �2 � 10�2 kg m�1 s�2 °C�1

(O’Neill et al. 2005), � � 2 � 10�1 kg m�3 C�1, and
g � 10 m s�2 as constant, the only parameters that need
to be defined are N2, f, and U. For the Gulf Stream
region, the stratification near the surface is N2 � 10�4

s�2, f � 10�4 s�1, and U � 1 m s�1, giving � � 0.01. The
shelfbreak front along the U.S. East Coast has U � 0.2
m s�1, f � 10�4 s�1, and N2 � 10�4 s�2 in winter and
N2 � 4 � 10�4 s�2 in summer (Linder and Gawar-
kiewicz 1998), giving � � 0.07 in winter and � � 0.27 in

FIG. 3. Growth rate (circles) and wavenumber (squares) of
growing wave from the numerical model as a function of the
coupling parameter �. Predictions from the linear theory are given
by the dashed and dotted lines. All quantities are normalized by
their value for the uncoupled Eady problem.
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summer. The tropical instability waves in the equatorial
Pacific have N2 � 10�4 s�2, f � 4 � 10�6 s�1, and U �
0.5 m s�1, giving � � 0.5. Based on this scaling, the
proposed coupling mechanism will be only marginally
important for midlatitude separated western boundary
currents such as the Gulf Stream or Kuroshio, mainly
because their horizontal advection speeds are very
large. It is more likely to be important for weaker, shal-
low midlatitude currents such as shelfbreak jets. It is
also may become important for the zonal flows found
near the equator, where tropical instability waves are
present, keeping in mind that QG theory and the Ek-
man layer balance become questionable at very low
latitudes.
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