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Abstract

Without deep mixing, the ocean would turn, within a few thousand years, into a stagnant
pool of cold salty water with equilibrium maintained locally by near-surface mixing and with
very weak convectively driven surface-intensified circulation. (This result follows from Sand-
strom’s theorem for a fluid heated and cooled at the surface.) In this context we revisit the 1966
“Abyssal Recipes”, which called for a diapycnal diffusivity of 10~* m?/s (1 cgs) to maintain the
abyssal stratification against global upwelling associated with 25 Sverdrups of deep water
formation. Subsequent microstructure measurements gave a pelagic diffusivity (away from
topography) of 107 °*m?/s — a low value confirmed by dye release experiments.

A new solution (without restriction to constant coefficients) leads to approximately the same
values of global upwelling and diffusivity, but we reinterpret the computed diffusivity as
a surrogate for a small number of concentrated sources of buoyancy flux (regions of intense
mixing) from which the water masses (but not the turbulence) are exported into the ocean
interior. Using the Levitus climatology we find that 2.1 TW (terawatts) are required to maintain
the global abyssal density distribution against 30 Sverdrups of deep water formation.

The winds and tides are the only possible source of mechanical energy to drive the interior
mixing. Tidal dissipation is known from astronomy to equal 3.7 TW (2.50 4 0.05 TW from
M alone), but nearly all of this has traditionally been allocated to dissipation in the turbulent
bottom boundary layers of marginal seas. However, two recent TOPEX/POSEIDON altime-
tric estimates combined with dynamical models suggest that 0.6-0.9 TW may be available for
abyssal mixing. A recent estimate of wind-driving suggests 1 TW of additional mixing power.
All values are very uncertain.

A surprising conclusion is that the equator-to-pole heat flux of 2000 TW associated with the
meridional overturning circulation would not exist without the comparatively minute mechani-
cal mixing sources. Coupled with the findings that mixing occurs at a few dominant sites, there
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is a host of questions concerning the maintenance of the present climate state, but also that of
paleoclimates and their relation to detailed continental configurations, the history of the
Earth-Moon system, and a possible great sensitivity to details of the wind system. © 1998
Elsevier Science Ltd. All rights reserved.

1. Introduction

The strength of the integrated meridional overturning' circulation (MOC), parti-
cularly its heat transport, is intimately bound up with the distribution and intensity of
ocean mixing. Although this linkage has been known for many years, discussions of
the MOC and ocean mixing processes have been conducted with little or no acknow-
ledgement of their connection. One can trace the beginnings of the discussion to
Sandstrom’s (1908) paper and a rejoinder by Jeffreys (1925). Sandstrém concluded
that an ocean heated and cooled at the same geopotential, or heated at a higher
geopotential than it is cooled (the actual case), has in a steady state a very weak
convectively driven circulation, one which is significant only in a thin upper layer. The
abyss of such an ocean would be of essentially uniform density at the value set by the
properties of the downward part of the convective cell. Jeffreys (1925) pointed out that
“Sandstrom’s theorem,” as it is sometimes known, would fail if there is turbulent
mixing capable of carrying the warm fluid to a lower geopotential than in the region of
initial convection.

Neither Sandstrom nor Jeffreys knew of the existence of the vigorous convective
motions in the ocean, and so their discussion was abstract. In particular, Jeffreys had
no reason to pursue the question of the energy source for the mechanical mixing.
More recent discussions by Faller (1968), Colin de Verdiere (1993), and Huang (1998a)
have made the connection between large-scale convective motions and mechanical
mixing.

We need a rough estimate of global deep water formation rate. The very definition
of bottom water formation rates is vague owing to the importance of entrainment in
forming water mass properties. Killworth (1983) did not give a total value in his
review of deep convection. The Munk (1966) model was consistent with about 25 Sy
(1 Sv = 10° m>/s). Stommel and Arons (1960) estimated values ranging from 15 to
90 Sv, expressing a weak preference for values of around 30-35Sv. For present
purposes, the value needed is the upwelling across a fixed abyssal depth within our
region of integration. Macdonald and Wunsch (1996) estimated about 29 Sv net
upwelling across the 3.5° isotherm. We will thus use a nominal value of 30 Sv, well
within the very broad limits that have been recently estimated (e.g., Whitworth et al.
1998).

! We prefer “meridional overturning” to the more traditional “thermohaline” or “convective overturn-
ing” designations, as these imply a buoyancy flux for the primary power source.
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If this fluid is not mixed back to surface properties, the abyssal ocean would simply
fill up with fluid at the temperature and density of the deepest convecting element
(Baines and Turner, 1969). Samelson and Vallis (1997) discuss a model with very small
vertical mixing, which does precisely that. A 30 Sv source would take about 3000 yr to
fill the ocean.

The meridional oceanic heat flux is crucial in determining the climate state.
Macdonald and Wunsch (1996) estimate this flux to be of the order of 2 x 10'° W
(2 PW), a thousand times the tidal dissipation. The enormous heat exchange between
ocean and atmosphere would suggest that the buoyancy forces drive the MOC. But,
as Sandstrém pointed out, the ocean is not a heat engine in the same sense as the
atmosphere (e.g. Peixoto and Oort, 1992). Energy available from buoyancy forcing
(including fresh water exchange) appears to be much too small to drive the MOC
(Faller, 1968; Oort et al., 1994). Viewed as a heat engine, the ocean circulation is
extraordinarily inefficient. Viewed as a mechanically driven system, it is a remarkably
effective transporter of heat energy.

This raises some fundamental questions. What is the dependence of the MOC on
the sources of mechanical energy available for mixing the abyssal ocean? What
determines the associated heat flux? What are the climate implications? We note that
fluctuations in the strength of the MOC have, in recent discussions, become a kind of
deus ex machina® for many postulated climate changes. Any serious attempt to
forecast future climate states requires an understanding of the present state. In this
paper, we set out some of what appear to be the salient questions, but raise many more
questions than we are able to answer.

How and where fluid returns to the surface has remained obscure to this day. Munk
(1966) explored the consequences of a uniform upwelling over the entire abyssal ocean.
He assumed a one-dimensional advection/diffusion balance of the form

dp *p

Yo TN (L)
with constant w and «. This balance was assumed to apply point-wise, and when fit to
density and radiocarbon data from the central Pacific Ocean led to values of the order
w = 0.7x 107" m/s, x & 10”* m?/s (=1 cm?/s). The value of w is, neatly enough, that
required to balance global bottom water formation at a rate of roughly 25 Sv. In the
intervening 30 yr, model (1.1) became much used, particularly by the geochemical
community, which was attracted by its simplicity. Eq. (1.1) also appears as the vertical
balance in one class of solutions to the so-called thermocline equations (see Stommel
and Webster, 1962).

Supposing that balances such as Eq. (1.1) (with the vertical coordinate z re-
interpreted as normal to the isopycnals) describe at least in part the way in which both
bottom and intermediate waters return toward the surface. This implies that work
must be done to carry the fluid across the stable stratification, whether or not the
upwelling w is confined to restricted areas. One immediate inference is that the strength

?Referring to Greek drama where a god pops out of a box to resolve all plot problems.
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of the MOC and associated heat flux may well be primarily determined not by the
high-latitude buoyancy forcing, but by the power available to return the fluid to the
surface layers.

The remainder of this paper is devoted primarily to two tasks: first, we make a new
estimate of the rate at which the abyssal ocean mixes and of the power required to
support the mixing. Then we explore possible power sources: (a) winds, (b} surface
buoyancy forcing, (c) tides, and (d) geothermal heating through the seafloor. We find
(b) and (d) to be relatively unimportant. Power available from winds and tides®
appears (surprisingly) to be comparable and of the magnitude (order 2 TW) required
to sustain abyssal mixing (a conclusion subject to major revision). Much of the
remainder of this paper explores the possibility of tides as an important, even
dominant, element in mixing the abyssal ocean. Recent progress in tidal modeling has
made such estimates possible (but just barely). To many readers, the proposal that the
Moon plays a major role in the general circulation will border on the lunatic. In all of
this, there remains the question whether any one-dimensional treatment can capture
elements of a three-dimensional ocean circulation. The answer must depend upon
whether the analysis contributes to the understanding of ocean processes.

2. Dichotomy of diffusivities

A number of developments have undermined the simple picture of the gross oceanic
mixing described in Munk (1966). These range from recognition that the value k =
10™* m?/s (1 cgs unit) is an accident of an ill-conditioned set of equations (see Olbers
and Wenzel, 1989), to the more fundamental result that direct measurements produc-
ed values an order of magnitude lower than 10™* m?/s. In the discussion below, we
will show that a global average value near 10~ * m?/s (if properly interpreted) is still
required to explain the gross oceanic stratification.

The discrepancy between the diffusivity x s inferred from the abyssal stratification
and the value xpg obtained from direct pelagic measurements (away from topography)
has been known since the 1970s. Mixing takes place at scales of 1 mm to 1 m, where
turbulence generates property gradients that are irreversibly removed by molecular
diffusion. The small scale of the mixing processes makes quantitative assessment very
difficult. Measurements pioneered by C. Cox and his collaborators (Osborn and Cox,
1972; Gregg, 1989) have led over time to a “pelagic diffusivity” of k = wpg &~ 10~ > m?/s,
1e. about 1/10 the ks value (but still two orders of magnitude above the molecular
value for thermal diffusivity).

The determination of x from microstructure measurements is based on some
plausible but unproven assumptions (see Davis, 1994a, b). Stigebrandt (1979) re-
ported a tracer release experiment in Oslofjord in the summer of 1977 that yielded

3 Stigebrandt (1979) long ago demonstrated that the circulation in fiords is driven by the breaking of
internal tides generated at the sills (Stigebrandt and Aure, 1989). Sjéberg and Stigebrandt (1992) have
extended these concepts to the global mixing problem. There are many similarities (and differences) in their
treatment and the discussion given here.
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a coefficient of vertical diffusion of about 10% of that determined from the density
structure. But it was only with the general confirmation by direct dye release in the
open ocean (e.g. Ledwell et al,, 1993) that a wider community has come to accept the
low interior value of the mixing coefficient. Furthermore, microstructure measuring
technology has developed to the point that one could directly determine dissipation
rates (Kunze and Sanford, 1996; Lueck and Mudge, 1997).

Greatly enhanced values of k, up to 10™! m?/s, have been found in some boundary
regions (e.g., Polzin et al., 1995, 1997), and it is a reasonable hypothesis that the actual
extremes (possibly in canyons, see for example, Hotchkiss and Wunsch (1982) and
Hickey (1997)) have not yet been discovered. Observations generally showed that the
elevated mixing rates settle back to the pelagic xpg = 107 ° m?/s values a few hundred
meters above and a few km away from topographic features.

Given the dichotomy of diffusivities, two points of view have been adopted. The
“conventional” view ignores the dichotomy, and assumes quasi-uniform mixing every-
where in the ocean at a rate roughly proportional to x §p/8z%, with either constant x,
or one varying only in the vertical direction. This mechanism is used in aimost all
oceanic general circulation models (GCM).

The second view is that the ocean mixes primarily at its boundaries—a possibility
already suggested by Munk (1966). This proposal has been followed by a small
exploratory literature of both theory and observation (e.g. Schiff, 1966; Wunsch, 1970,
1972; Armi, 1978; Garrett, 1979; Garrett and Gilbert, 1988; Eriksen, 1985; Kunze and
Sanford, 1996). Armi (1978) has found benthic boundary layers of order 100 m
thickness with remarkably uniform (to within 2 millidegrees) potential temperature.
In his model of ocean mixing these benthic boundary layers are intermittently swept
into the interior and then re-form. In Armi’s words, the two processes, vertical mixing
forming these layers and their subsequent lateral advection, have, in various ocean
circulation models, been “ ... parametrically disguised as a vertical eddy diffusivity.”

Mixing across isopycnals requires power; our hypothesis is that the power required
for a buoyancy flux associated with x5 = 10™* m?/s and distributed over the entire
ocean area is the same as if concentrated mixing associated with (say) 10”2 m?/s
occurred over only 1% of the oceans.

In this sense it is not fruitful to think in terms of a dichotomy between a kpg of
1073 m?/s and a kg of 10™* m?/s. The former is properly interpreted as a measure
of turbulent diffusion distributed over nearly all of the ocean area. The latter is
interpreted as a surrogate for a small number of concentrated source regions of
buoyancy flux from which the water masses (but not the turbulence) are exported
into the ocean exterior. Comparing kpg and x,g is like comparing applesauce and
oranges.

3. The one-dimensional flux balance
We now revisit Munk’s (1966) paper, but with the point of view that the balance of

Eq. (1.1) refers to spatially averaged properties of an oceanic interior in which the
vertical mixing is weak (but not zero) and of boundary regions with much enhanced
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mixing. We are concerned with the abyssal density distribution in temperate latitudes
Fig. 1. Isopycnals that outcrop between 40°S and 50°N, say, penetrate at mid-
latitudes to about 1 km depth, so somewhat arbitrarily we take the upper boundary of
validity to Eq. (1.1) at 1 km. That is, we focus on the circulation in the abyssal ocean
where the isopycnals generally outcrop only in the convective regions themselves. The
lower limit is taken at 4 km, above the depth of densest water.

We begin with a general steady advective/diffusive balance, for potential temper-
ature 6, and salinity S:
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Fig. 1. Contours of buoyancy frequency as function of latitude. TOP: global average of 10° squares (based
on Levitus et al., 1994; Levitus and Boyer, 1994). BOTTOM: Central Pacific (1700 W) (Munk et al., 1995).
Contours are relatively uniform within the “abyssal ocean”, defined as extending from 40°S to 48°N
between 1 and 4 km depth, as shown.
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and mass conservation

du v ow

Ox + ady + oz
The same eddy diffusivity, k, applies to temperature and salt. If the diffusion were
associated with molecular processes, the distributions of temperature and salinity
would be sharply different, which is not the case (Munk, 1966); furthermore, the
diffusive flux would be associated with the in situ temperature gradient (the final
diffusive state is isothermal, not adiabatic).

The equations are integrated® in x, y over an ocean volume between 1 and 4 km that
includes both the low mixing interior and regions assumed to exhibit greatly enhanced
mixing, such as near western and eastern boundaries, mid-ocean ridges, seamounts
and islands. Regions poleward of 48°N and 40°S, which show enhanced mixing, are
excluded; these are also the source regions of convective injection of fluid into the
interior.

We assume w is not correlated with 6, S (the turbulent fluxes {wf’> and (wS") are
parameterized as a diffusivity), and so in the basin average

Wiy =wH <), (wSH=(w)<(S).

The result of the x, y-integration is then

d do
5 (WH — K E) = A" q(2)0(2), (3.3)
d ds
5 (WS —K E) = A7 'q(z) S(z). (3.4)

Here df/dz is the potential (in situ minus adiabatic) temperature gradient, and g(z)
represents the injection of water volume, with corresponding temperature and salinity
properties, at the edges of the region of integration (the regions of strong mixing,
convection, and entrainment are visualized as setting these properties prior to entry).
A is the area of integration. All parameters are now basin averages { f(x, y, 2y =f(2),
and the averaging bracket is dropped to simplify the notation.

For a linear equation of state, p = — af + bS, multiplying the first equation by —a
and the second by b, and adding, gives

d d
- (wp —x -af) = A7 '4(2)p(2). (3.5)

*We recognize that the analysis should be carried out in isopycnal or neutral surface coordinates. But we
wish to retain the immediate connection to the original Abyssal Recipes paper and note that the results are
nearly the same (Szoeke and Bennett, 1993), given the small isopycnal slopes in the abyssal ocean interior.
The poor data coverage and weak stratification in much of the abyssal ocean often renders highly unstable
calculations of isopycnal depths.
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Substitution of ¢ = A dw/dz leads to a first-order differential equation in the potential
density gradient p’ = dp/dz:

dp’ w—K

e ap' =0, afz)= (3.6)

where k' = dx/dz. This same equation was discussed by Armi (1979).

Theory (e.g. Pedlosky, 1996) predicts an Ekman-driven equatorial upwelling of
isopycnals and vertical velocities (downward in the subtropical gyre, upward in the
subpolar gyre) of order 107 ®m/s, as compared to w = 107" m/s from Abyssal
Recipes. Such latitude-dependent features are largely confined to the upper 1 km, and
it appears that the vertical density gradients in the abyssal domain are insensitive to
latitude (Fig. 1).

Eq. (3.6) has a simple, exact solution:

z

pl(z) = poe’?, I(z) = J a({)d( (3.7)

0

p(z) = po + p’o[ e’ dn (3.8)
0
where pg = p(0) and py = p’(0) are integration constants. For the case of a depth-
independent o = w/k (as in Munk, 1966) the solution is p’ = pye**, which, as we shall
see, gives an abysmal fit to the abyssal density gradients. There is no point to such
further approximation.
The “stratification function”

I(z) = In[p'(2)/po] = 2In[N(2)/No] (3.9)

is a convenient starting point in estimating the depth-dependent upwelling and
diffusivity from the measured density distribution (Fig. 2). The procedure followed
here is to estimate I(z) from the Levitus climatology, make some guess as to w(z), and
then solve

a(z) = dl/dz = (w — K')/x (3.10)
for k. We have a differential equation
dr/dz + a(z)k = w(z) (3.11)

with the general solution

k(z) =e 1 |:rc0 + J‘h w(() e”"d{} (3.12)

Zo

where ko = Kk(z0) is an undetermined constant. Eq. (3.11) specifies that x will change
with depth so as to approach its “equilibrium” value w/a at a rate proportional to
(w/o) — x. Within a layer of constant « and w, the solution can be written

K(z) = (W/ar) + (ko — w/a)exp(—oz) (3.13)
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Fig. 2. Procedure for estimating diffusivity x,s(z) and energy dissipation e45(z) required for the mainten-
ance of abyssal stratification. The left two panels show globally averaged profiles of temperature, salinity,
density (in o, units), and buoyancy frequency N based on the Levitus Atlas, with error limits as indicated.
A lot of scatter occurs in the climatology at depth, and a substantial number of the Levitus profiles are
statically unstable (see Jackett and McDougall, 1995). These stations were omitted from the average. The
“stratification function” I(z) = 2log(N/N,) shown in the third panel (with N, taken at 1 km depth) permits
the evaluation of « = dI/dz. (Abyssal Recipes took a constant «, as shown). The diffusivity x,s(z) and
dissipation ¢(z) are derived from x(z) for the two cases x = 0 and x’ = 0 at the lower boundary, under the
assumption of a constant w = 0.7x 10”" m/s corresponding to 25 Sv of bottom water formation. The
global dissipations of 1.3 and 1.9 TW, respectively, are computed from Eq. (3.15) for a mixing ratio y = 0.2.

where ko = x(0) at the lower layer boundary. The case ko, = w/a and hence (z) =
(w/x) = constant is a special case. If a(z) = dI/dz ~ 0, the implied x(z) becomes very
large—this is a problem in the South Pacific (Section 6).

What determines the overall vertical density distribution in the oceans? Why is the
buoyancy frequency N(—1km) near 1 cycle per hour (cph) and not 10 cph? We take
the view that the density distribution is controlled jointly by the injection of water
masses at a few selected sites (determining the global water formation rate g(z)) and
intensive turbulent mixing in some areas along the ocean boundaries (determining the
global k4s(z)). The hypothesis can be tested for a known ¢(z) and x(z) by solving for
the stratification p'(z) (or equivalently N(z)) by simple integration and for p(z) (if
required) by a second integration. But this is not a feasible procedure.’ We
know something about p(z), a little about ¢(z), and almost nothing about x(z). An
operational procedure is to start with the measured density distribution and infer
K(z).6

*Even if x(z) were known and «(z) determined from the density distribution, the source function
gq(z) ~ W' ~ &' ~ I" ~ p"'(z) is proportional to the third derivative of the density distribution. It is disturbing
that with all the hydrographic measurements it is still impossible to estimate higher derivatives in the global
density profile.

®Sjoberg and Stigebrandt (1992) do in fact estimate the global tidal dissipation over a steppy ocean
bottom and infer x(x,y,z) from an empirical law based on their extrapolation from Oslofjord. The
procedure yields estimates of global upwelling and dissipation of the same order as those found here.
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3.1. Inference from the global density distribution

We apply the foregoing formulae to the climatology compiled by Levitus and Boyer
(1994) and Levitus et al. (1994). The distribution of deep stations remains surprisingly
sparse (Levitus et al. Fig. A20), even after all the years of global exploration, and so
our estimates are uncertain. The estimation follows the procedure T,S — p(z) -
N(z) = I(z) - k(z) —» ¢ as illustrated in Fig. 2 and Appendix A (expressions for the
dissipation ¢ are derived below). We have taken a constant slope o« = 1/dz within each
of six 500 m thick abyssal layers, — 4-—3.5km, ..., — 1.5 km——1 km. The dashed
curve in panel 3 of Fig. 2 shows the overall constant « adopted by Munk (1966).

Panel 4 is drawn for a constant w = 0.8 x 10” " m/s corresponding to 30 Sv injected
beneath 4 km and no further injection aloft. The dots show values of w/a in each of the
six layers. x is subject to an undetermined constant of integration k,. We have taken
two extreme cases. The first case assumes x, = 0 at the lower boundary of the abyssal
ocean; the second case assumes kg = 0, and so x, = w/a in the lowest layer. (Sub-
sequent calculations are limited to the second case.) The average value of kg is of the
order 10”* m?/s — which is the value used in Abyssal Recipes to maintain the abyssal
stratification. Overall values of this magnitude were found by Hogg et al. (1982) and
Hogg (personal communication, 1998) by consideration of the temperature balance
for Antarctic Bottom Water in the Brazil Basin.

3.2. Dissipation of energy

We now estimate the power required to achieve the postulated diffusion. In the
open ocean, away from topography, the internal wave field is the only serious
candidate for vertical mixing. Observations indicate that in the deep sea the internal
wave intensities are near values indicative of shear instability (Alford and Pinkel,
1998). Shear instability leads to a conversion of a portion of the turbulent kinetic
energy into potential energy through vertical buoyancy flux. Only a fraction, the
“mixing efficiency” y, of the dissipation of turbulent energy goes into the production of
potential energy, ¢, = ye; the remaining fraction (1 — y)e goes into heat.”

The mixing efficiency is related to the flux Richardson number Ri; according to
7 = Rig/(1 — Rir). We adopt Osborn’s (1980) upper bound y = 0.2. (The widely used
value Ri; = 1/5 corresponds to y = 1/4.) The rate of work done against gravity in
a stable stratified fluid is written

&, = ye = k(g/p)(—dp/dz) = kN> W/kg(or m?/s%). (3.14)

Eq. (3.14) serves as a definition of the “diapycnal diffusivity” x. Further development
now takes two quite separate directions.

7 The density change dp/dt associated with the 80% of energy going into heat is of the order of 1077 of
the term w dp/dz associated with upwelling, and thus utterly negligible. Stirring a cup of coffee will change
its stratification without appreciably heating the coffee.
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3.3. Pelagic dissipation

We define “pelagic dissipation” to occur in the open sea, away from topography,
consistent with wxpg. (“Abyssal dissipation” includes both boundary and pelagic
processes.) Open sea measurements show that the dissipation rate, &(z), is propor-
tional to N2(z) over a wide range of conditions (Gregg, 1989; Polzin et al., 1995; Kunze
and Sanford, 1996). Assuming the rule to apply universally, this proportionality
makes xpz a useful measure of pelagic turbulent dissipation. Integrating pe(z) =
py~'ey(z) with depth and multiplying by A gives the global dissipation

DPE=Ajpsdz==Apy'IKPEJ.NZdZ=gy_1KpEAApW (3.15)

which equals 0.2 TW for the pelagic ocean using y = 0.2, kpg = 10" m?/s, A =
36%x 10 m? Ap = 107 %p = L kg/m>.

3.4. Abyssal stratification

Maintenance of abyssal stratification against an upwelling velocity w(z) determines
the profiles for p'(z) and x(z) according to Egs. (3.7) and (3.12) and yields

e5(2) = Kas(z) N*(z) = N§ (Ko + J w(C)e’“’dC) Wikg. (3.16)
Integrating p &(z) = py ' &,(2) with depth and multiplying by the ocean area A4 gives
the global dissipation.® The last panel in Fig. 2 gives the result for the global ocean.
The inferred abyssal dissipation is Dyg = 2.1 TW.

For illustration, we temporarily revert to the case of constant w and . The global
total dissipation is again given by Eq. (3.15), but with xpg A replaced by kg4 =
[fxdA, with the integration performed over the turbulent mixing regions. Set h =
a ! = k,5/w as the density scale height (the buoyancy frequency scale height is 2h).
We can write ka5 = wh = (Q/A4)h, so that

Das=gy "Ap QhW (3.17)

relates D4, the energy required for maintaining abyssal stratification, to Q, the global
rate of formation of bottom water. We presume that the density contrast Ap is
determined by the equations of state of sea water, the physics of ice formation, and the
surface radiation balance, so that the ocean stratification scale (a single parameter
h for this special case) is determined by Eq. (3.17), given the global dissipation D,g and
bottom water formation Q. Taking D, =2TW, y =02, @ =30Sv, and Ap =
1 kg/m? yields h = 1300 m (a high value but of the right order of magnitude). More
generally, with a given global dissipation density d(z) W/m and volume influx

8 We continue to use the condition '(0) = 0; the lowest dissipation corresponds to «, = 0.
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g(z) m?%/s, both per unit depth, the density gradient profile p'(z) is determined by

dp’ _ vd(2) :
—_—= , Q3= q(z)dz (3.18)
dz  g0(2)
We adopt the view that the density field will adjust to the overall global (or ocean
basin scale) buoyancy flux and resulting water mass formation, depending only
weakly on the geographic distribution of concentrated centers of mixing and water
mass formation.

4. A model for lateral homogenization

We now explore in a primitive way® the interior consequences of the proposal that
the ocean mixes primarily at its boundaries. To account for the observed distribution
requires that temperature and salinity characteristics so acquired (but not turbulence)
are readily exported along isopycnal (more correctly along neutral) surfaces into the
deep oceanic interior, where k = kpg < k5. T0 quantify somewhat this concept of
lateral homogenization, the balance in Eq. (1.1) between vertical diffusion and vertical
advection is extended to include horizontal advection:

52
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At the lateral boundary x = 0, the density distribution is taken as p(x,z) = p(0, z)
characteristic of kx5 = 10™* m?/s, whereas within the model domain x > 0 the diffu-
sivity is kpg (the intense mixing zone having been conveniently exiled to x < 0). For
large positive x the density approaches p( «c, z) associated with the lower diffusivity
xpe = 107> m?/s. In the absence of any turbulent mixing the cold deep water would
extend to within 1 m of the surface, consistent with the molecular thermal conducti-
vity of 1077 m?/s.

The solution is cumbersome, and the detailed discussion has been placed into
Appendix B. For u = 0 we have the previous solution of a profile with 0.1 km scale
depth associated with the pelagic diffusivity xpg = 1073 m?/s (Fig. 3); this is the
solution to Eq. (4.1) as x — 0o0. On the other hand, when u — oo the entire ocean basin
has a profile with a 1 km scale depth associated with x5 = 10™* m?/s imposed at
x =0. For a characteristic basin width of 10,000km, we find that the solution
approaches the former state for u < 0.1 mmy/s, and the latter state for u > 1 mm/s.
Because mesoscale velocities are typically well above 1 mmy/s, the inference is that
lateral advection and diffusion are adequate for horizontal homogenization of

 Marotzke (1997) explores the large-scale circulation consequences of boundary mixing in a GCM.
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Fig. 3. For a horizontal velocity u = oc, the entire ocean basin has the density profile imposed at the
boundary x = 0, with a scale depth of 1 km (corresponding to kx5 = 10™*m?/s). For u = 0, the entire ocean
basin has a density profile with 0.1 km depth scale associated with the pelagic diffusivity xpg = 105 m?/s.
For u = 1 mm/s, the profile averaged over 10,000 km range (representing the scale of ocean basins) is close
to the 1 km scale depth (as observed), for u = 0.1 mmy/s it is close to the 0.1 km scale depth. We interpret this
result as suggesting that water masses from high mixing regions at the ocean boundaries are readily
advected into the interior.

ocean basins within the time constant of the vertical mixing and diffusion balance. The
model of a constant penetration velocity u is, of course, totally unrealistic.
(McDougall (1989) considers flows into and out of multiple ocean boundary layers.)
The solution is dramatically different for negative w (Fig. 7). Downward advection
and downward diffusion can no longer provide a balance, and the ocean fills laterally
with light surface water. The asymmetry between upwelling and downwelling has
been remarked upon by Pedlosky (1979, pp. 420-422). The problem of downwelling
has some interesting geophysical implications (Appendix C).

For later reference, we remark that estimates of vertical velocity from isopycnal
inclinations depend upon the assumed values of diffusivity. Isopycnals z(x) have
typical inclinations (Eq. (B. 16)).

dz w KpE
—=—(1-—1]. .
dx u ( KAS) 42

For the purely advected case, kpg = 0 and dz/dx = w/u. For the case kpg = ks, there
is no x-dependence, and the isopycnals are horizontal, dz/dx = 0. A vertical velocity
w* inferred from the isopycnals under the assumption py = 0 differs from the “true”
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value according to

w* = w(l — Kkpg/Kas)- (4.3)

5. Tidal dissipation

With a crude estimate of 2 TW for the power required to mix the abyssal ocean, we
now examine the possibility that some of it is of tidal origin. Fig. 4 gives a schematic
presentation of the proposed flux of tidal energy. The fraction, 2.5 TW, associated
with M, dissipation is very well determined from astronomical measurements;'° the
total (semidiurnal plus diurnal) lunar contribution is estimated at 3.2 TW, and the
total power available from Moon and Sun at 3.7 TW.'! After allowing for a relatively
small dissipation in the atmosphere and the solid Earth, 3.5 TW remain to be
dissipated in the ocean. This would be adequate for carrying the entire load of ocean
abyssal mixing. The amount is tiny compared to the solar radiation of 175,000 TW
received by the earth, the equator-to-pole ocean heat-flow of 2000 TW, and even small
compared to heat flow of 30 TW from the earth’s interior.’? Yet the tides appear to be
a significant factor in the ocean circulation.

5.1. Bottom boundary layer (BBL)

Since Taylor’s (1919) estimate of tidal dissipation, d, in the Irish Sea using
d=Cpp (Ulgay W/m?, Cp =~ 00025 5.1

and Jefirey’s (1920) first global budget, it has been widely assumed that the turbulent
bottom boundary layers (BBL) in the shallow seas completely dominate the dissi-
pative budget. Typical tidal currents are of the order of 1 cm/s in the deep sea,"* and of
1 knot ~50 cm/s in shallow marginal seas. The cubic dependence of dissipation on
tidal current velocity leads to the conclusion that 99% of the ocean accounts for less
than 1% of the dissipation.

' Independent estimates come from ancient eclipses, from modern measurements of the length of day
and month, and the tidal perturbation of artificial satellite orbits. The most precise information now comes
from lunar laser ranging using the retroreflectors placed on the Moon in 1969 during the Apollo mission
(Dickey et al., 1994). The semimajor axis of the Moon’s orbit is increasing at a rate 3.82 + 0.07 cm/yr. The
secular acceleration of the orbit is deduced as — 22.2 + 0.6 and — 4.0 + 0.4 arcsec/century? associated
with semidiurnal and diurnal tides, respectively.

! The totals are not independent because of the nonlinear interaction associated with quadratic bottom
friction (e.g. Le Provost and Lyard, 1997).

'2 Tidal dissipation is comparable to the 3.5 TW of global electric generating capacity projected for 2004,

13 Velocities associated with mesoscale circulation (which had not been discovered in Jeffreys's day)
generally exceed tidal currents by a considerable margin.
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Fig. 4. An impressionistic budget of tidal energy flux. The traditional sink is in the bottom boundary layer
(BBL) of marginal seas. Preliminary results from Egbert (1997) based on TOPEX/-POSEIDON altimetry
suggest that 0.9 TW (including 0.6 TW of M, energy) are scattered at open ocean ridges and seamounts.
Light lines represent speculation with no observational support. “14 Hawaiis” refers to an attempted global
extrapolation of surface to internal tide scattering measured at Hawaii, resulting in 0.2 TW available
for internal wave generation. The wind energy input is estimated from Wunsch (1998), to which we have
added 0.2 TW to balance the energy budget. This extra energy is identified as wind-generated internal
waves — radiating into the abyss and contributing to mixing processes.

The conclusion that BBL dissipation accounts for nearly all of tidal dissipation has
been the accepted view since Taylor’s early work. But there are many uncertainties; we
note that when the astronomical estimates for the total dissipation fluctuated over the
years by a factor of two before settling down to the present value, the estimated BBL
dissipation kept up with the fluctuation (see Munk (1997) for a brief history). The drag
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coefficient (usually set to 0.0025) is not a universal constant; direct measurements
within a one cm thick viscous sublayer on the sea floor (Chriss and Caldwell, 1982)
found values smaller than 0.0025. On the other hand, measurements of the Reynolds
stresses in the deep boundary layer by Gross et al. (1986) generally yielded values
between 0.002 and 0.003 (but with occasional large departures).

Following the launch of TOPEX/POSEIDON, altimetry data were combined with
global solutions of the Laplace tide equations, and the BBL dissipation was derived
for the tidal constituents by summing 0.0025 p (ul4.> over the globe. The final
dissipation sum depends almost entirely on contributions from shallow seas. The
overall accuracy is tested by comparing the astronomical total to the independently
computed global work by the Moon on the ocean, which depends almost entirely on
the open sea contributions. Kantha et al. (1995) compute 2.6 TW of global M, work as
compared to the astronomically derived 2.50 + 0.05 TW.

Newer estimates have led to somewhat reduced values for the BBL dissipation.
Egbert (1997) has applied inverse methods to compute a preliminary tidal flux
divergence, and he estimates 1.8 TW of BBL dissipation (M, only), leaving 0.6 TW for
other M, barotropic energy losses. This value is extrapolated to 0.9 TW of total
barotropic tidal losses, as compared to 0.6 TW estimated by Kantha and Tierney
(1997). Some of this energy is converted into baroclinic tides, and some is available for
direct and immediate turbulent dissipation. All these estimates remain very uncertain.

5.2. Internal tides

Internal tides with interior amplitudes of tens of meters are commonly observed.
They are much too large to be generated directly by the tide producing forces. Oceano-
graphers have long searched for scattering processes over topography for a conver-
sion from surface to internal tidal modes (Munk, 1968; Wunsch, 1975; Hendershott,
1981).

The search was discouraged by the results of detailed calculations by Baines
(1974, 1982), which gave 0.016 TW +50% for 155,000 km of the global coastline. His
calculations assumed a two-dimensional shelf edge. Mode conversion is proportional
to Q% where Q is the volume flux across the continental shelf edge. But the Q-
component normal to the shelf edge is generally much smaller than the flux parallel to
the shelf edge. This has two important consequences: (i) transverse canyons, rills,
gullies and other irregularities in the shelf edge, which had been neglected in the
two-dimensional step representation, may be important scatterers (Hotchkiss and
Wunsch, 1982; Thorpe, 1996; Petrunncio, 1996; Cummins and Oey, 1997), and (ii) off-
shore ridges, which do not constrain the flux of barotropic tidal energy, are more
favorably situated with regard to energy conversion, A glance at global co-tidal charts
indicates that this is the usual configuration.

Morozov (1995) produced a very large estimate for the conversion rate of baro-
tropic to baroclinic tides; his value appears to be a considerable overestimate owing to
the use of the full water depth to compute the tidal mass flux (see Munk, 1997).
Sjoberg and Stigebrandt (1992) calculated the conversion from barotropic to baroc-
linic energy using a layered model over a stepped bottom, thus discarding the
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hyperbolic character of the continuously stratified equations and the resulting critical
slope interactions. Estimates of conversion rate remain conflicting and uncertain.

5.3. Hawaii mode conversion

Interest in the subject of internal tides was recently revived by some unexpected
observational results. Dushaw et al. (1995) found internal tide components in acoustic
travel times recorded in a 1000 km tomographic triangle deployed 2000 km north—
northwest of the Hawaiian Islands. The acoustic array, which has high angular
resolution, detected internal tide radiation coming from the Hawaiian Ridge. The
energy flux density was 180 W/m at a range of 2000 km. Soon thereafter, Ray and
Mitchum (1996) convincingly confirmed the conversion from barotropic to baroclinic
tide energy by the Hawaiian Ridge. Using TOPEX/POSEIDON satellite altimetry,
the internal tide was easily detected along satellite ground tracks.'* The total energy
flux was estimated at 15 GW with a decay scale of 5001000 km, consistent with the
acoustic measurements to the northwest. Kantha and Tierney (1997) have used both
a global model estimate of M, conversion and values obtained from TOPEX/
POSEIDON to calculate an M, conversion rate of 360 GW into baroclinic waves.
They extrapolate a combined semi-diurnal and diurnal conversion value of 600 GW
but suggest that the result is uncertain by about a factor of two.

The rough consistency between the magnitude of energy flux into internal tides and
the dissipation associated with kpg = 107> m?/s (Eq. (3.15)) tempts the proposal that
pelagic turbulence is maintained in this manner. A possible mechanism is the conver-
sion of surface to internal tides along bathymetric features, a subsequent nonlinear
conversion of the discrete line spectrum of the internal tides into the internal wave
continuum, which in turn feeds the pelagic turbulence. Munk (1997) argues that the
remarkable universality (within a factor of two) of both the fields of internal waves and
pelagic diffusivity calls for a more reliable source than wind energy only. The
observational situation is murky (Hendry, 1977, Wunsch and Webb, 1979). There is
a large, but incomplete, literature on the nonlinear interaction of the internal tides
with the ambient internal wave field (e.g., D’Asaro, 1991).

5.4. Tidal flux budget

We now return to Fig. 4. Accepting Egbert’s M, estimate, a total (lunar plus solar)
of 0.9 TW barotropic tidal energy is lost over deep sea ridges. Of this, 0.2 to 0.6 TW
are radiated as internal tides and may be a major source of pelagic turbulence. The
remaining power could either be in the form of trapped baroclinic tidal energy, which
is dissipated locally, or be associated with a direct conversion to turbulent dissipation.

'% The detection of internal tides from satellite altimetry came as a surprise to some of the oceanographic
community who had been accustomed to impose a “rigid lid” surface boundary condition on internal
waves. But the known internal amplitudes of tens of meters multiplied by a density contrast Vp/p of order
102 give the measured surface manifestation of several centimeters.
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Sjoberg and Stigebrandt (1992) assume that all of the converted energy is dissipated
within 1° of its region of generation. Although consistent with some inferences of
Thorpe (1992, 1996), there is a conflict with the theoretical discussion of D’Asaro
(1991) and the observations already alluded to of strong internal tidal motions far
from the inferred generation region.

The tentative conclusion is that the available 0.9 TW is too small to account for the
2.1 TW required for maintaining the abyssal stratification. Tidal power is adequate to
mix the oceans at the measured pelagic rate (associated with xpr = 10~ m?/s) but
fails by about a factor of two to account for maintenance of the abyssal stratification
(associated with k45 = 10™* m?/s). All the numbers are subject to radical revision.

6. Inference from ocean basins

Existing tidal models suggest that tidal dissipation varies strongly between different
ocean basins. Here we test the hypothesis that differences in tidal mixing can account
for the differences in the basin stratifications.

Fig. 5is an attempt to interpret the astronomical and space observations on a basin
scale. The procedure is to adjust a solution to the Laplace tide equations to TOPEX/
POSEIDON altimetry (we are greatly indebted to Lakshmi Kantha for providing the
numbers). The six ocean basins are bounded by latitudes 48°N, 0°, 40°S to correspond
to the ocean compilations. The traditional BBL dissipation for each basin was
computed according to 0.0025 p {uggar>.

We have attempted an estimate less dependent on the a priori assumptions of the
dissipation physics. The upper number in (Fig. 5a) in each basin box gives the work
done by the Moon, computed by integrating {F dy/dt iy, over the basin, where F is
the vertical component of the M, tidal gravitational force (known from the lunar
ephemerides, e.g. Cartwright and Edden 1973), and n is the corresponding surface
elevation, which is well determined from TOPEX/POSEIDON altimetry and only
weakly model dependent. As previously noted, the global sum of 2570 GW (2400 GW
oceans only) is in excellent agreement with the 2500 + 50 GW independently deter-
mined from astronomical measurements,

If the basins were enclosed, then the dissipation in each basin would equal the lunar
work so determined. But we must allow for fluxes across the basin boundaries, as

>

Fig. 5. (a) M, tidal dissipation derived from tidal theory and TOPEX/-POSEIDON altimetry according to
Kantha and Tierney (1997). Basin boundaries are shown and correspond to the boundaries in Fig. 6. For
example, the working of the Moon on the North Atlantic (south of 48°N produces 71 GW. Allowing for the
energy inflow and outflow across boundaries produces 71 + 644 — 501 = 214 GW available for dissipa-
tion. This value issmaller than Kantha's independent estimate of 362 GW of dissipation in the bottom
boundary layers (BBL) of the North Atlantic. (The BBL dissipation north of 48°N totals 305 GW, including
118 GW in the North Sea and 88 GW in Hudson Bay.) The combined North and South Atlantic plus
adjoining Southern Ocean sector dissipates 1050 GW, of which 902 GW is ascribed to BBL. The Atlantic
sector of the Southern Ocean gains 104 GW from the Indian Ocean and 98 GW from the Pacific Ocean.
(b} Dissipation for combined lunar and solar tides from Kantha (1998).
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shown, and these depend on the assumed dissipation model.'® For the Indian Ocean,
the southward flux of 48 GW across 40°S reduces the available dissipation moderately
from 805 to 757 GW, and the latter number can be used with relative confidence. For
the North Atlantic, on the other hand, the flux divergence of +762-591 GW domi-
nates the lunar input of 91 GW, and so the final dissipation estimate of 262 GW, being
a comparatively small difference of large numbers, is poorly determined.

We have made a parallel attempt to estimate dissipation in the various ocean basins
by inference from the ocean stratification. This first attempt to relate the observational
efforts over several generations by two quite separate communities is unconvincing
but suggests a pattern for future work. Fig. 6 is based on the climatological density
distributions and Eq. (3.16). The values of w and their uncertainties employed here are
taken from the basin estimates w* of Macdonald (1995) and Macdonald and Wunsch
(1996), where w* was defined as the net cross-isopycnal mass flux.!® In the inversion
the constraint equations were unable to separately resolve the vertical mixing and
vertical velocity. Eq. (3.8) would permit an iterative solution for the mixing, but we
have not thought this worthwhile. The present result is only a crude first attempt at
a qualitative picture of the basin-scale dissipation.

The basin I(z) curves differ considerably from the mean global relation (dashed), but
the error bars (from spatial variances) are disappointingly large. The basin dissipa-
tions have been computed for the expected w (dots) and their standard deviations (not
shown), setting the dissipation to zero for negative w. The density-derived dissipation
in both hemispheres in the Atlantic, Pacific and Indian basins between 48° N and 40°S
is 852 + 690 + 122 = 1664 GW.

At the lower error limit we have 394 + 380 + 0 = 774 GW. For the equivalent
basins, the altimeter-derived values are 386 + 950 + 757 = 2093 GW and —150 +
106 + 453 = 409 GW, before and after subtracting the BBL dissipations. Kantha’s
combined northern and southern dissipations (including the Southern Ocean) are
1297 + 1358 + 841 = 3496 GW and 397 — 364 + 522 = 558 GW, before and after
BBL subtractions.

13 The energy flux bears a striking (and coincidental?) resemblance to present estimates of the oceanic
heat flux (e.g., Macdonald and Wunsch, 1996), with a strong northward flux in the South Atlantic, North
Atlantic and North Pacific, and with a net southward flux in the combined South Pacific/Indian Ocean
sectors.

'®In the calculations shown, three types of changes were made in the w* values: (1) All negative values
were set to zero as none of them was statistically significant at one standard deviation. As seen from the
previous discussion negative w are difficult to interpret in the present context. (2) Values in the Indian
Ocean were reduced by one standard deviation. The initial condition for the inversion in the Indian Ocean
was based upon the conventional hydrographic analysis of Toole and Warren (1993) and is now believed
(Lee and Marotzke, 1997; Robbins and Toole, 1997) to produce an unrealistically strong upwelling. (3) The
South Pacific Ocean values were also reduced uniformly by one standard deviation, rendering them all zero
except for the deepest one (below our depth cutoff). Here the justification is only that the extremely small
apparent values of « = dI/dz otherwise produce unreasonable dissipation values. Note that the deep South
Pacific hydrographic coverage is extremely poor in the Levitus climatology. Because of the large number of
unstable stations in the Levitus et al. (1994) compilations in the Southern Ocean, we have not attempted the
calculation in that area.
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Fig. 6. Dissipation in ocean basins inferred from density distribution and vertical velocities. Solid curve
with shaded band gives stability function /(z) and its uncertainty; the dashed line is global mean I(z) (Fig. 2).
Insets give vertical velocity (dots) and diffusivity in the abyssal ocean. For comparison, the global means are
w = 0.9 x 10”7 m/s (corresponding to 30 Sv of bottom water formation) and x,s = 10™* m?/s (for main-
taining abyssal stratification against upwelling). The abyssal dissipation in each basin is given, together with
lower and upper limits corresponding to the standard deviations in w(z). South Pacific w do not differ
significantly from zero. Values for the Southern Ocean were not computed.

There is not much support here for the contention that tidal power maintains
the abyssal stratification, other than that the density-derived and altimeter-
derived dissipations are of comparable magnitude. The only positive correlation
is that the dissipation densities are high in the Atlantic and low in the Pacific for
both the density-derived values: 11.8 versus 4.6 mW/m? and the tidally-derived
values: 14.4 versus 7.8 mW/m’. This first attempt of comparing two very
independent sets of observational material suffers from the large uncertainties in both
datasets.
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7. The wind and other energy sources

Tides and winds are the major contenders as sources of power to mix the abyss. We
will not explore wind power in detail, as it would make this paper even longer, but
there are some surprises worth noting.

The wind can mix the interior oceans both directly and indirectly. The direct route
is associated with the outcrop of some (but not all) of the abyssal isopycnal surfaces in
the Southern Oceans (see, for example, Fig. 2.1 of Munk et al., 1995). For the purposes
of the present study we have regarded these outcrops as regions of convective injection
of water masses. But to the extent that they are the site of wind-forced cross-isopycnal
exchange, the interior abyssal flow can be governed by dynamical theories mentioned
in the introduction, and no truly abyssal mixing is required. The interior circulation
would then be that of a nearly perfect-fluid, as in the thermocline theory of Welander
(1971) and its successors (e.g. Huang, 1989).

Indirect wind mixing involves the interaction of the wind-driven large-scale geos-
trophic motions (basin and mesoscale) with bottom topography. Another indirect
mixing route involves wind-generated internal waves radiating from near the surface
into the interior. Whether generated by winds or tides, the breaking of internal waves
is believed to be a principal contributor to pelagic turbulence associated with
xpe = 107> m?/s. The quantitative complexities of near-surface internal wave genera-
tion are seen in several of the papers in Miiller and Henderson (1991).

Published estimates of the wind energy input into the oceanic general circulation
(Faller, 1968; Fofonoff, 1981; Oort et al., 1994) are based upon the formula

w =” (vou)>dA (7.1)

where 7 is the windstress, u, is the surface geostrophic velocity, and the bracket
denotes the time average. Wunsch (1998) has made two recent recalculations, one
based on a general circulation model, the other on geostrophic flow from altimetry
and daily winds from the National Centers for Environmental Prediction. Both gave
W ~ 1 TW, somewhat smaller than prior estimates and remarkably close to the tidal
estimates. To close the budget in Fig. 4, we have arbitrarily assigned 1.2 TW as the
wind contribution to abyssal mixing—including the generation of internal waves in
the surface layer.

The buoyancy work on the general circulation was estimated by Oort et al. (1994)
as 1.2 + 0.7 TW; the error bar is very optimistic. This supports the inference that the
MOC is not driven by the high latitude convective process. The MOC should not be
regarded as a large-scale buoyancy driven instability; it has the appearance instead, of
a partially buoyancy-forced, but stable — on the global-scale — flow. The conclusion
is supported by other evidence. Bryan (1987) found that the rate of convective
overturning in a GCM appeared to be proportional to k', where « is a depth-
independent thermal diffusivity. The power law is dependent upon the boundary
conditions and numerics employed and also on the lateral distribution of k; Marotzke
(1997) and Huang (1998b) further explore these ideas. More recently (Marotzke,
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private communication, 1998) found that the intensity of the MOC in a boundary-
mixed GCM was independent — over very wide limits — of the strength of the
convective forcing,

8. Discussion

This paper results in many more questions than answers. Here we offer comments
on (not solutions to) some of these questions.

Question 1. Can enhanced boundary mixing, including that in canyons and along
interior boundaries such as ridges and seamounts, balance the global formation of deep
water in maintaining a steady abyssal stratification?

e It seems unlikely that the regions of maximum boundary mixing have yet been
found. Few abyssal measurements exist, and it is premature to estimate a global
numerical average of a process dominated by a few extreme regions.

o We have shown that currents of 1 mm/s (far smaller than those associated with
typical rms mesoscale circulation) are adequate to bring about a lateral homogeni-
zation spreading from mixing centers.

Question 2. What are the candidates for the mechanical energy sources required for

maintaining the abyssal stratification?

e On the basis of the density-derived and tidally-derived numerical estimates, tidal
mixing plays a significant but not dominant role in maintaining the abyssal stratifi-
cation (but there is enough energy that it could dominate in pelagic mixing processes
associated with xpg = 107> m?/s). Presumably winds and tides both contribute of
order 1 TW to the global buoyancy flux. Both mixing processes are concentrated
along special topographic features from which buoyancy (but not turbulence) is
exported into the interior ocean.

e Our estimate of 2.1 TW required for maintenance of abyssal stratification could be
too high by a factor of two, in which case tides alone, or winds alone, could
maintain the abyssal stratification.

e Internal waves radiate into the ocean interior and are available for mixing the
abyss. Some of the internal wave energy (particularly at the inertial frequency)
derives from wind waves, Langmuir cells and other wind-generated surface pro-
cesses (see the collection of papers in Miiller and Henderson, 1991). This energy is
not included in the work done against geostrophic flow.

e Wind mixing of the abyss could also occur directly through the interaction of the
large-scale circulation or wind-driven mesoscale eddies with bottom topography.
Indirect wind mixing could occur through the generation of mesoscale eddies from
baroclinic instability of the wind-sustained available potential energy. These pro-
cesses need to be quantified.

e Regions where abyssal isopycnal surfaces outcrop—particularly in the Southern
Ocean—are the sites of convective injection of mass, but can also be directly
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wind-mixed, thus permitting parts of the abyssal interior to be nearly adiabatic. The
partitioning between surface outcrop mixing and abyssal mixing needs particular
attention. High resolution measurements are required.

e Thermodynamic forcing at the sea surface is a third candidate energy source. It is
the essence of Sandstrom’s theorem that buoyancy exchange at the sea surface is an
extremely inefficient generator of motion. Should the circulation be driven by the
2 PW of heat energy exchanged between ocean and atmosphere, the thermodyn-
amic efficiency of the oceanic heat engine is extraordinarily small. Alternatively, if
the circulation is primarily powered by the mechanical energy of tides and wind, the
result is a heat transport engine of very great efficiency.

Question 3. What is the pathway of baroclinic tidal energy generated over ridges?

e We have referred to 0.9 TW of barotropic tidal losses over ocean ridges
(Fig. 5). TOPEX/POSEIDON altimetry suggests that something like 0.2 TW
are scattered into internal tides and radiated into the far field, where they
could maintain the internal wave climate and ultimately the field of pelagic
turbulence. In Fig. 5, we propose two pathways for the residual 0.7 TW. Thorpe
(1992, 1996) finds that most of the energy converted from surface to internal
tide modes over topography remains trapped in the near-field, and is locally
dissipated. A second pathway involves the direct conversion of barotropic tidal
energy into turbulent energy. Further progress will require a significant experi-
mental effort.

Question 4. Are seamounts and islands the stirring rods of the oceans?

e It haslong been known that the Bermuda slope region is one of apparent enhanced
mixing (Wunsch, 1972; Gregg and Sanford, 1980). The measurements are primarily
of the upper ocean on the island flanks, and no global island survey exists. The
importance of island mixing in the abyss is unknown. On the other hand, Parsmar
and Stigebrandt (1997) have demonstrated that sills are the stirring rods of the fjord
basin water.

e Cobb Seamount (Lueck and Mudge, 1997) is a shallow seamount rising from
a 3km deep sea floor 500 km west of Washington. Local x values as high as
10~ m?%/s are reported; these diminish within ten kilometers to far field values of
order 10 m*/s. Current meters on the rim show energetic semidiurnal oscillations
at 3 and 10 m (but not 50 m) above the rim floor. Internal tides generated at the rim
propagate seaward along a refracted path extending from the rim well above the
BBL and characterized by a high degree of turbulence. With measurements limited
to the upper 300 m, a lower limit of dissipation is estimated at 107 W (R. Lueck,
personal communication, 1997).

Fieberling Guyot (Kunze and Toole, 1997) rises to a 500 m summit plane from
a 4000 m abyssal plane 900 km west of San Diego. The authors interpret the
dynamics as near-inertial trapped diurnal internal waves. The summit buoyancy
frequency is 4.3 x 107* ™! (2.5 cph). Fieberling has 100 km? of summit area. These
are very similar parameters to those on Cobb Seamount, but the total dissipation is
estimated as only a quarter of that at Cobb Seamount.
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There are an estimated 600,000 seamounts in the Pacific, and if each would equal
the Cobb dissipation of 10’ W the total of 6 TW would exceed the upper limit
imposed by the astronomical measurements. But there are many more small
seamounts (with summits at small N?) than those reaching to near the surface
(Smith and Sandwell, 1997); allowing for the height distribution the dissipation is
reduced dramatically from 6 to 10”2 TW (Susan Lyons, personal communication,
1997), even after making allowance that the number of large seamounts may have
previously been drastically underestimated (Wessel and Lyons, 1997).

Question 5. What is the connection between the strength of the convectively driven

elements of the ocean circulation and the rate at which it mixes?

o The energetics of the oceanic transport of heat (and of all the other properties
important in climate such as fresh water and carbon) are seen to be intricately and
remarkably bound up with the details of small scale mixing and the availability of
mechanical mixing sources. The present ocean carries a meridional heat flux of
about 2 PW at mid-latitudes, roughly comparable to that of the atmosphere. Is this
value in some sense a saturation (a maximum) dictated by the magnitude of the
tidal dissipation? Or is it controlled through direct air-sea interaction?

Question 6. Would the general circulation of the ocean be qualitatively different if Earth
had no Moon?

Question 7. W hat are the implications for the ocean stratification and heat budget in the

geologic past?

e An important role by topography in mixing, whether tidal or wind-driven, has
severe implications for the ocean density distribution and circulation tens of
millions of years ago when continents and mid-ocean ridges were in significantly
different configurations. An important lunar role has severe implications 1 billion
years ago and earlier, when the Moon was much closer to the earth.

Question 8. How reliable is the estimate y = 0.2, which governs the efficiency of mixing

by turbulence?

e Stigebrandt and Aure (1989) derive much lower mixing ratios (y = 0.05) in a salt-
stabilized fjord, suggesting perhaps a dependence of y on the Prandtl number or the
ambient flow.
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Appendix A: Solution for layered ocean

We take the case of a layered ocean with constant w and « (but not k) within each of
the layers. (We set k = 0 in layers of negative w.) Take h = 500 m layers between
zy = —4000m,z, = —3500m, ...,z; = —1000 m. From the measured density distri-
bution p(z), we estimate I; = In[p’(z;)/po] at each of the seven layer boundaries z; (in
Fig. 3, py is arbitrarily referred to the upper layer z; = —1 km, so that I, = 0). All
subsequent integrations (upwards from z,) depend solely upon these seven I; values,
plus the assumed six layer values of w;. Then with «; = (I;;, — I;)/h denoting the
(constant) value of « between z; and z;, 4,

Ioy=1,+a(z—z), z; <z<2zi+q. (A.1)
Then with N2(z) = N3 e!®@ and N? = N2el,

N3(z) = N e*™%) 72, <2< 24,4 (A.2)
with N, again referring to z; = — 1 km. For constant w and «

K(z) = (wifo) + (ki — wifa)e ™75 7, <2< 24 (A3)

satisfies Eq. (3.11) in layer i. The net change in diffusivity across layer i is given by
Kivq — K = [(wi/o)) — i, ] [1 —e™*"],

The diffusivities are computed starting with k; at the lower boundary (designated x, in
the text). The dissipation density within layer i is

K(z)N*(2) = NP [k — (wi/a) (1 — €7 %)] Wrkg
and the total layer dissipation is given by
D;=py 'Nio '[i;0h — (wifa)(oh — 7] W/m?. (A4)

Fig. 2 shows «x(z) for two cases: k; = 0 and x; = w,/a; at z,(—4 km). For the first
case the condition (3.10) that o = (w — ')/ is satisfied by w — k' = ¢ € 1 and k ~ ¢/o,
for the second case k' = egw and k ~ w/a. For the global ocean we have the “measured”
values

z;= —1km, N =255x10"3s"! (146 cph)
zy= —4km, N =115x10"3s""' (0.66 cph).

Appendix B: Solution for lateral boundary'’

We require the solution of

yzz—ayz—ﬁyx=0(x>0,z<0) (Bl)

!7We are indebted to John Miles for this solution.
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for

P P02y (B.2)

y=yxz) =
Y P-x = Po

subject to the conditions

y(0,2) = e™* (o > 0), y(x,0) =1 (B.3)
and a null condition at z = — co. Here
a=— p=— (B4)
Kpg Kpg

Invoking the Laplace transformation

¥(p,z) = J e P y(x,z)dx, (B.5)
0

we obtain

Vo — @Y, — Bpy = — Be™%, g = |w|/ko (B.6)
and

y(@,0) = 1/p, (B.7)
the solution of which yields

e-aom 1 1

i(p,z) = +<~———~——) exp{ —/Blz|[d + (p + 6})**]}, B.8)

yp)pﬂ P p{ —V/BlzIl } (
where

Aol — ap) o

1l

y , 0= . (B.9)
B 2./B
The inversion of the first term in Eq. (6) is elementary; that of the remaining terms

may be expressed in closed form with the aid of entry 819 in Campbell and Foster’s
(1942) tables. The end result is

y =TT o " g () + g(— o) — e [g(la — 2a0))
+ g(—lo — 2a0))]}, (B.10)
where
g(laf) = Fexp(3 laflz]) erfe[3 |z)/B/x + 3 |ol /x/B], (B.11)

and

o

erfc(y) = 2n =12 f e " dr (B.12)

X
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is the complementary error function. We remark that Eq. (B.10) reduces to Eq. (B.3a)
for all x if o = oty (y = 0).
Fig. 7 is drawn for w = 10" " m/s (36 Sv), and u = 1 mm/s. The field is sharply
divided along
x = (u/w)(ko/Kpe)(—2) = (1073/1077)(107%/107%) (—2) = 10°(—2) (B.13)

which equals 100,000 km at z = — 1000 m (dashed line).

Depth (km)

Depth (km)

L 1 4 n 1 ! 1 L 1 1 "
0 50,000 100,000 150,000 O 1
r(0,2) Range (km) r (o0,7)
g

Fig. 7. The distribution of density in a convective/diffusive slice corresponding to 35 Sv globally. Contours
go from r = 0 at the surface to r = | for bottom water. A uniform horizontal velocity of 1 mm/s in the
positive x-direction is prescribed. The vertical diapycnal diffusivity is taken at 10~ ° m?/s. The density
profile at x = 0 has a scale depth of 1000 m, corresponding to a diffusivity of 10~ % m?/s. For the case of
upwelling the vertical profile approaches the 100 m scale depth appropriate to 10™° m?/s, but only after
arange of order 100,000 km. Ultimately the ocean is filled with heavy cold water (upwelling) and light warm
water (downwelling).
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For small x (which includes almost all the world’s oceans) the solution is given
simply by the first two terms in Eq. (B.10):

r=1—e 7" 7 <0, y=a(e— a)/p (B.14)
and this satisfies the differential equation (B.1) exactly:

o*r or or
Kg—wgg—uégzxmaé—wa—uy=0. (B.15)
It satisfies the surface boundary r(x,0) =0 approximately for “short” ranges,
x <y~ ' =10*km.

We note that the isopycnals are along lines of

— X + apz = constant. (B.16)

Appendix C: Downwelling

The non-convective downwelling example is not as geophysically absurd as one
might think at first glance. Extreme volcanic activity could produce warm water
bubbles that rise to the sea surface entraining water on the way (the opposite of the
convective cooling at high latitudes). The global seafloor heat flux is 30 TW; about
34% or 11 TW is hydrothermal; 3 TW are associated with very young crust (< 10° yr)
on the axis of mid-ocean ridges and 8 TW come from the ridge flanks (<50 x 10° yr)
(Stein and Stein, 1994). The volume flux of interstitial water is small:

On axis: 0.003 Sv at 250°C yields 3 TW,
On flanks: 0.08 Sv at 25°C yields 8 TW.

Each liter of 350°C hydrothermal fluid entrains about 10,0001 of ambient water
into a buoyant hydrothermal plume 100-300 m high and 0.025° above ambient.
Allowing for entrainment, 12 Sv of vertical pumping occur along the global ocean
ridge system (J. Lupton and R. Von Herzen, 1997, personal communications). R.X.
Huang (1997, personal communication) has suggested that these numbers are under-
estimates.

Geothermal heat is a small (but not negligible) factor in the diffusive balance. One
watt will heat 1 kg of sea water by ¢, = 0.24 x 107*°Cs. W W will heat Q Sv of water
formation by We,/(p 10°Q)°C. Hence 30 TW will heat 25 Sverdrups by 0.25°C. This is
a small amount as compared to the cooling of order 10°C associated with bottom
water formation. But during periods of extreme volcanic activity the geothermal
effects may be significant. Speer and Marshall (1995) show that the vertical penetra-
tion depth of even intense plumes tends to be severely limited by the effects of rotation
and instabilities of the plume. Such results would confine the resulting circulation to
a limited region near the seafloor. A discussion of a particular geometry is given by
Thompson and Johnson (1996).
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